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Abstract The measurement and simulation of water vapor isotopic composition has matured rapidly
over the last decade, with long-term data sets and comprehensive modeling capabilities now available.
Theories for water vapor isotopic composition have been developed by extending the theories that have
been used for the isotopic composition of precipitation to include a more nuanced understanding of
evaporation, large-scale mixing, deep convection, and kinetic fractionation. The technologies for in situ
and remote sensing measurements of water vapor isotopic composition have developed especially rapidly
over the last decade, with discrete water vapor sampling methods, based on mass spectroscopy, giving
way to laser spectroscopic methods and satellite- and ground-based infrared absorption techniques.
The simulation of water vapor isotopic composition has evolved from General Circulation Model (GCM)
methods for simulating precipitation isotopic composition to sophisticated isotope-enabled microphysics
schemes using higher-order moments for water and ice size distributions. The incorporation of isotopes
into GCMs has enabled more detailed diagnostics of the water cycle and has led to improvements in its
simulation. The combination of improved measurement and modeling of water vapor isotopic composition
opens the door to new advances in our understanding of the atmospheric water cycle, in processes ranging
from the marine boundary layer, through deep convection and tropospheric mixing, and into the water
cycle of the stratosphere. Finally, studies of the processes governing modern water vapor isotopic
composition provide an improved framework for the interpretation of paleoclimate proxy records of the
hydrological cycle.

1. Introduction
Stable isotopes have been used in hydrology since the late 1950s and early 1960s, beginning with the pioneering studies of Dansgaard [1954, 1964] and others. Until recently, such studies were restricted primarily
to investigations of the isotopic composition of precipitation, which integrate the history of the atmospheric
hydrologic cycle from evaporation to surface precipitation. Studies of the isotopic composition of atmospheric water vapor can provide unique constraints on how water is transported, mixed, and changes phase
in the atmosphere and are thus a useful tool in the study of the Earth’s hydrologic cycle, and for improved
understanding of paleoclimate proxies (Figure 1).
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In the last several years, there has been a tremendous expansion in the number of data sets of water vapor
isotopic composition and a substantially improved set of theories and models for interpreting them. Studies
of atmospheric water vapor isotopic composition can provide ﬁrst-order constraints on the modern atmospheric hydrological cycle by constraining the relative roles of phase changes, transport, and mixing in ways
that are diﬃcult with measurements of water vapor mixing ratio alone. These studies can also inform paleoclimate interpretations from proxy records by improving our understanding of the whole suite of atmospheric
processes that govern the isotopic composition of precipitation that is recorded in such proxies. Comparisons
between observations and numerical models of water vapor isotopic composition can lead to improved
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Figure 1. Cartoon illustrating key processes governing the isotopic composition of atmospheric water vapor. Blue
arrows indicate processes that tend to isotopically deplete water vapor, and red arrows indicate processes that tend to
isotopically enrich water vapor. The paleoclimate archives in glacial ice and in speleothems are also inﬂuenced by these
processes, which are discussed in detail in section 6.

interpretations of the governing hydrological processes and can also help diagnose deﬁciencies within the
models themselves.
The earliest studies of water vapor isotopic composition relied on cryogenic and mass spectrometric
techniques, which dominated the ﬁeld until the mid-1990s, when the ﬁrst space-based measurements were
obtained with the Atmospheric Trace Molecule Spectroscopy (ATMOS) instrument which ﬂew aboard the
space shuttle in 1994 [Gunson et al., 1996]. This was followed by the advent of laser absorption spectroscopic techniques [e.g., Scherer et al., 1997] in the 1990s. General circulation models with isotope-enabled
microphysics schemes ﬁrst became available in the 1980s, with more widespread use beginning in the 1990s
[e.g., Joussaume et al., 1984; Hoﬀmann et al., 1998].
Many of the major advances in the ﬁeld have occurred within the last decade, which is part of the motivation for the present review. In the mid-2000s, relatively low-cost commercial laser absorption spectrometers
became available [e.g., Baer et al., 2002; Crosson et al., 2002], along with nearly global satellite measurements
of water vapor isotopic composition [e.g., Worden et al., 2006; Frankenberg et al., 2009] and ground-based
remote sensing data using spectra measured within global networks [Schneider et al., 2012; Rokotyan et al.,
2014]. The increased capacity to measure water vapor isotopic composition has spawned dozens of observational studies, many of which are discussed below, [e.g., Worden et al., 2007; Noone et al., 2011; Steen-Larsen
et al., 2013; Galewsky et al., 2011; González et al., 2016]. Concurrently, there have been signiﬁcant advances in
the numerical modeling of stable water isotopologues through increased use of isotope-enabled general circulation [e.g., Schmidt et al., 2005; Risi et al., 2012a; Sturm et al., 2010] and limited-area [Sturm et al., 2005; Smith
et al., 2006; Blossey et al., 2010] models.
To date, review papers of stable isotopes in hydrology have focused primarily on precipitation and were
written before the recent expansion of studies in water vapor isotopic composition [e.g., Gat, 1996];
furthermore, studies of stable isotopes in atmospheric water vapor have remained mostly separate from work
on, for example, the distribution [Pierrehumbert et al., 2006] or role [Held and Soden, 2000; Schneider et al.,
2010] of water vapor itself in the climate system. The goal of this review paper is thus to collect and synthesize the state-of-the-art in our understanding of atmospheric water vapor isotopic composition, including
measurement methods, modeling techniques, interpretive frameworks, and applications to the atmospheric
hydrologic cycle.
The paper is organized as follows: Section 2 provides background material on stable isotopologues of water,
including isotopic fractionation, Rayleigh distillation, mixing, and techniques for visualizing water vapor
GALEWSKY ET AL.
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isotopic composition. Section 3 describes techniques for measuring water vapor isotopic composition, including mass spectrometric, cavity-enhanced, and remote sensing approaches. Section 4 provides an overview of
water vapor isotopic composition in the troposphere, focusing on in situ and remote sensing data sets and
on the so-called amount and temperature eﬀects. Section 5 presents an overview of techniques for modeling water vapor isotopic composition, including global, regional and idealized models as well as Lagrangian
approaches. Section 6 discusses the applications of water vapor isotopic measurements and simulations to
understanding atmospheric processes in the modern and past climate system. In section 7, we present some
perspectives and opportunities in the ﬁeld and some potential future research directions.

2. Theory and Interpretive Frameworks
2.1. Abundance of Natural Isotopologues of Water and 𝜹 Notation
There are two naturally occurring stable isotopes of hydrogen (1 H and 2 H, or D) and three naturally occurring
stable isotopes of oxygen (16 O,17 O,18 O), with the lightest isotope of each element being the most abundant.
Molecules composed of diﬀerent combinations of isotopes are called isotopologues. Of the nine possible
isotopologues of water, H16
O is the most common (99.73098%), with H18
O, H17
O, and HD16 O, and exist2
2
2
ing in much smaller but still measurable quantities (0.199978%, 0.037888%, and 0.031460%, respectively)
[Sharp, 2006].
Isotopic quantities are expressed as a ratio (R) of concentrations of the heavy, rare isotope to the abundant,
light isotope. The stable isotopic composition of water is further expressed relative to the International Atomic
Energy Agency (IAEA) Vienna Standard Mean Ocean Water (VSMOW) standard, which for the two main rare
isotopes are D/H = 155.95 × 10−6 and 18 O/16 O = 2005.2 × 10−6 , respectively [Araguás-Araguás et al., 2000;
Sharp, 2006]. The oxygen isotope composition of a sample Rsamp , for example, is expressed using 𝛿 notation
in units of per mil (‰), as
𝛿 18 O =

Rsamp − RVSMOW
RVSMOW

× 1000

(1)

Samples with lower, more negative 𝛿 18 O or 𝛿 D values have fewer of the heavy isotopes and are sometimes
referred to as being “more depleted” in the heavy isotope. Samples with higher, less negative 𝛿 values are
sometimes referred to as being “more enriched” in the heavy isotope, although the term “less depleted” is
also used. One may also refer to 𝛿 values as being higher or lower rather than “enriched” or “depleted” in
heavy isotopes.
The 𝛿 D and 𝛿 18 O in meteoric waters vary nearly linearly and can be ﬁt to the equation 𝛿D = 8 × 𝛿 18 O +
d-excess [Craig, 1961] where d-excess is the deuterium excess parameter [Dansgaard, 1964]. In precipitation,
d-excess results from diﬀerent evaporation rates for the diﬀerent isotopologues of water [Dansgaard, 1964].
Globally, the average d-excess in meteoric water is 10‰ [Craig, 1961]. Deviations from the slope of 8 and
d-excess of 10‰ provide important information about nonequilibrium processes involved in evapotranspiration, moisture transport and precipitation. The interpretation of d-excess in water vapor will be discussed in
detail below.
Recently, measurements of the triple isotope composition of oxygen (17 O/16 O and 18 O/16 O) have been
obtained in meteoric waters [e.g., Landais et al., 2006] and, even more recently, in marine boundary layer water
vapor [Uemura et al., 2010]. Barkan and Luz [2007] deﬁned the 17 O excess (also referred to as the Δ17 O anomaly)
to be
′

′

Δ17 O = 𝛿 17 O − 0.528 ⋅ 𝛿 18 O

(2)

where 𝛿 ′ is a modiﬁed delta notation, where, for example, 𝛿 18 O = ln(𝛿 18 O + 1) and is deﬁned analogously for
17
O. Because the magnitude of the Δ17 O is very small, it is typically multiplied by 106 and is reported in per
meg rather than per mil with respect to VSMOW.
2.2. Isotopic Fractionation
Evaporation and condensation are mass-dependent processes, which inﬂuence how diﬀerent isotopologues
of a substance change phase. In a liquid, water molecules with heavy oxygen or hydrogen isotopes will have
greater binding energies and lower diﬀusive velocities, which causes them to evaporate less readily than the
light isotopologue. As a result, when evaporation takes place, the resulting vapor has fewer, by proportion,
of the heavy isotopes than the reservoir and a lower isotopic ratio, Rv . Conversely, the isotopic ratio RL of
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the (liquid) reservoir will increase due to the preferential evaporation of the light isotopologues. When net
condensation occurs from a vapor reservoir, there is a preferential transfer of the heavy isotopologue to the
condensate, resulting in fewer of the heavy isotopologue in the vapor and more of the heavy isotopologues in
the condensate. This separation of diﬀerent isotopologues during phase changes is called fractionation. The
isotopic composition of water in the atmosphere is determined by the fractionation that occurs at all stages
of the hydrological cycle.
Under equilibrium conditions, the condensate is enriched in heavy isotopes to an extent governed by the
fractionation factor 𝛼vl :
𝛼vl =

Rl
Rv

(3)

where Rl is the isotopic ratio of the liquid and Rv the isotopic ratio of the vapor in equilibrium with the liquid.
The distinction must be made between time-independent equilibrium fractionation in a closed system and
time-dependent kinetic fractionation in an open system, especially for evaporation into an unsaturated, ventilated environment, ice deposition under supersaturated conditions, and for reevaporation of condensate
into unsaturated air. The theory of kinetic fractionation is an active research area [Casado et al., 2016], but here
we summarize some of the most important kinetic eﬀects.
The isotopic composition of water evaporated from oceans or lakes is an essential part of our understanding
of water vapor isotopic composition and is governed by kinetic eﬀects. Craig and Gordon [1965] developed
the ﬁrst comprehensive model of the isotopic composition of evaporation, and Horita et al. [2008] provided a
recent summary. The isotopic composition Re of vapor evaporated from open water depends on the isotopic
composition of the liquid water reservoir, the isotopic composition of water vapor in the free atmosphere,
the relative humidity, the equilibrium fractionation factor, and a kinetic fraction factor reﬂecting the ratio
of diﬀusivities of the heavy and light isotopes. Knowledge of these processes can also be used to interpret
d-excess measurements and make inferences about source conditions.
Condensate falling through unsaturated air in a convective downdraft or below cloud base can partially
or fully evaporate. Fractionation will occur, with the evaporate containing less of the heavy isotope, similar
to what occurs during evaporation from the ocean. The eﬀective fractionation factor includes equilibrium
and kinetic eﬀects that depend on the relative humidity and the diﬀerent diﬀusivities of the heavy and
light isotope.
When water vapor is deposited onto ice crystals, there is a kinetic eﬀect due to the lower diﬀusivity of the
heavy isotopes. This eﬀect is present only during supersaturation (i.e., when the relative humidity exceeds
100%) [Jouzel and Merlivat, 1984], which is negligible above 0∘ C [Jouzel et al., 1987].
Representative descriptions of how equilibrium and kinetic processes are approximated in atmospheric applications are given by Gedzelman and Arnold [1994] and Hoﬀmann et al. [1998]. An example of a more detailed,
modern treatment for more explicit cloud microphysics is presented in Blossey et al. [2010].
2.3. Rayleigh Distillation
The progressive eﬀects of fractionation on the isotopic composition of water in the atmosphere is best understood in an idealized sense using the Rayleigh model of isotopic depletion of Dansgaard [1964]. Along the
path of an idealized, precipitating air parcel in which condensate is removed as soon as it forms, the ratio Rr
of heavy to light isotope in the vapor reservoir is described by:
d ln Rr = (𝛼vl (T) − 1)d ln q

(4)

where Rr is the isotopic ratio of the vapor, 𝛼vl (T) is the temperature-dependent fractionation factor between
phases, and q is the water vapor mixing ratio. This equation can be integrated from initial conditions for Rr
and q [Gat, 1996] to obtain
Rr = Ro f 𝛼v (T)−1
l

(5)

where Ro is the initial isotopic ratio of the vapor and f is the fraction of the original vapor remaining.
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Figure 2. Isotopic composition of a precipitating air mass with vapor depleting according to the Rayleigh model with an
initial vapor composition of −10‰ at T = 25∘ C, following Clark and Fritz [1997]. The dashed lines indicate the transition
from rain to snow.

Rayleigh distillation is arguably the most important framework for interpreting isotopes in the atmospheric
water cycle. Figure 2 shows the idealized Rayleigh depletion of a cooling, precipitating moisture mass with
an initial vapor composition of 𝛿 18 O = −10‰, typical of fresh evaporate from the ocean. When condensate
forms as liquid from the vapor reservoir, there is about a 10‰ enrichment that occurs as a result of the heavy
isotope condensing preferentially, indicated by the diﬀerence between the black (vapor) and grey (condensate) curves. As rainout occurs with decreasing f , this preferential removal leads to a progressive depletion of
heavy isotopes in the vapor and also the condensate forming from it. When the precipitation changes from
rainfall to snow at T = 0∘ C, the fractionation factor increases, resulting in a further oﬀset between vapor and
condensate. Over the remaining moisture loss from snowfall, the increase in fractionation factor results in
more rapid depletion of the vapor reservoir and of subsequent condensate. In its simplest form, the Rayleigh
distillation model is based on the assumption that condensate is irreversibly removed from the cloud as soon
as it is formed. Jouzel [1986] and Noone [2012] describe how the basic concept can be extended to other cases,
such as the retention of some condensate in the cloud (corresponding to small cloud droplets), below cloud
base isotopic exchange and recycling, and mixing between air masses.
2.4. Mixing
If two air parcels mix, the resulting parcel will be less depleted in heavy isotopes than would be expected from
a parcel at the same mixing ratio subject to Rayleigh distillation alone [Galewsky and Hurley, 2010]. The mixing
ratio, q, of the mixed parcel is the weighted average of the mixing ratio of the two parcels:
qmix = f [H2 O]1 + (1 − f )[H2 O]2

(6)

where f is the mixing fraction. The 𝛿 value of the mixed parcel is not a simple weighted fraction of the two
parcels though, because the resulting ratio of heavy to light isotopic abundance Rmix is given by
Rmix =

f [HDO]1 + (1 − f )[HDO]2
f [H2 O]1 + (1 − f )[H2 O]2

(7)

2.5. The q − 𝜹 Diagrams
The relationships between water vapor mixing ratio and its isotopic composition can be visualized on a q − 𝛿
diagram. Such diagrams serve as the foundation of many studies of measurements of water vapor isotopic
composition [e.g., Worden et al., 2007; Noone, 2012; Samuels-Crow et al., 2014a]. Figure 3 shows the relationships between Rayleigh distillation, mixing, and condensation under ice supersaturation for water vapor 𝛿 D
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Figure 3. Example of a q − 𝛿 plot for interpreting water vapor isotopic data. Idealized relationships between Rayleigh
distillation (heavy solid line), condensation under ice supersaturation (light solid lines; RHi indicated in percent),
and mixing (dashed lines) for (a) water vapor 𝛿 D and (b) water vapor d-excess, as a function of water vapor mixing
ratio (ppmv).

and d-excess, plotted as a function of the water vapor mixing ratio in ppmv. The mixing ratio can be expressed
in diﬀerent units, such as g/kg or mmol/mol, but the basic relationships remain the same.
Within this framework, the Rayleigh curve can be considered a reference process. Mixing yields water vapor 𝛿
values that are higher than expected for Rayleigh distillation [Galewsky and Hurley, 2010] and d-excess values
that are lower than expected for Rayleigh distillation. Vapor deposition under ice supersaturation can also
yield 𝛿 values that are higher than expected for Rayleigh distillation, leading to an important nonuniqueness in
the interpretation of water vapor isotopic composition [e.g., Galewsky et al., 2011; Samuels-Crow et al., 2014a].
Subcloud remoistening associated with partial evaporation of condensate and the so-called isotope amount
eﬀect (see below) can yield 𝛿 values that are lower than expected for Rayleigh distillation and thus lie below
the Rayleigh curve on a q − 𝛿 diagram [e.g., Noone, 2012]. This relationship has been used to diagnose the role
of convective processes in setting the humidity upstream in remote sensing [Samuels-Crow et al., 2014b] and
in situ [Galewsky and Samuels-Crow, 2015] data sets.

3. Techniques of Measurement
3.1. Discrete Water Vapor Sampling Techniques
Dansgaard [1954] presented one of the ﬁrst atmospheric water vapor isotopic records, which was compared
to climate parameters. He collected water vapor by pumping atmospheric air through a glass trap submerged
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in a mixture of dry ice and alcohol, thereby freezing out the majority of the water vapor without fractionation. This technique has since been used extensively to sample marine boundary layer water vapor [Craig and
Gordon, 1965] and also in very dry regions like the Tibetan plateau [Yu et al., 2015] and on top of the Greenland
Ice Sheet [Grootes and Stuiver, 1997; Steen-Larsen et al., 2011]. Diﬀerent types of cryogenic sampling devices
and protocols have been developed [Uemura et al., 2008; Helliker et al., 2002; Ehhalt, 1971]. Franz and
Röckmann [2005] developed a speciﬁc sampler and protocol to collect stratospheric water vapor, which exists
in only very small mixing ratios (<10 ppm).
Water vapor isotopic composition has also been measured directly from air samples collected in ﬂasks evacuated prior to sampling [Strong et al., 2007]. Since the sampling time is normally less than 1 s, this method
allows one to make an instantaneous water vapor isotope measurement, which is useful for aircraft or gradient measurements. Han et al. [2006] presented a water vapor trap, which used a molecular sieve instead of
cryogenically collecting the vapor in the ﬁeld. However, in order to measure the sample using isotope-ratio
mass spectrometry (IRMS), the collected water vapor had to be released and then cryogenically collected in
the laboratory.
Combined precision and accuracy (1 standard deviation) for cryogenically sampled water vapor is in general
0.2‰ for 𝛿 18 O and 1.5 ‰ for 𝛿 D [Helliker et al., 2002], while for ﬂask samples it is 0.2-0.3‰ for 𝛿 18 O and
2‰ for 𝛿 D [Strong et al., 2007]. Tests comparing samples using a cryogenic trap and a molecular sieve trap
showed mean diﬀerences of 0.3 ± 0.2‰ for 𝛿 18 O and 2.6 ± 1.5‰ for 𝛿 18 O [Han et al., 2006]. The uncertainty
of water vapor samples collected in the stratosphere was determined to be 2–3‰ on 𝛿 18 O, but owing to the
correlation between noise on the 𝛿 18 O and 𝛿 17 O, the 17 O excess precision was determined to be between 30
and 200 per meg [Franz and Röckmann, 2005].
3.2. Cavity-Enhanced Spectroscopy
Some of the ﬁrst water vapor isotope measurements using commercially available cavity-enhanced spectroscopic techniques were carried out using a Cambell Scientiﬁc TDL trace gas analyzer [Lee et al., 2005]. In recent
years, two commercial water vapor isotope analyzers have dominated the literature: Picarro CRDS (cavity
ring down spectroscopy) analyzers and Los Gatos Research Inc. ICOS (integrated cavity output spectroscopy)
analyzers. Common to both of these two types of analyzers is the use of cavity-enhanced, near-infrared
laser absorption spectroscopy techniques. The analyzer produced by Picarro Inc. is based on cavity ringdown
spectroscopy [Crosson et al., 2002] which uses time-based measurements of the exponential decay of light
resonating in the optical cavity to quantify the optical loss at diﬀerent optical wavelengths across a molecular
absorption feature. The Los Gatos Inc. analyzer uses oﬀ-axis integrated cavity output spectroscopy [Baer et al.,
2002], which is based on measurement of the transmitted intensity through the cavity and typically averages
several hundred continuous sweeps per second through a molecular absorption feature. After each sweep,
a ringdown measurement is made to verify the baseline absorption. Both techniques use the Beer-Lambert
law to calculate the concentrations of each species, with key diﬀerences being that CRDS allows smaller cavity
volumes due to its on-axis beam geometry while ICOS oﬀers much faster scan speeds and wider dynamical
ranges. Measurement uncertainties of ﬁeld-based measurements have been estimated by comparing discrete
ﬂask-based measurements with simultaneous measurements from the water vapor isotope analyzer [Johnson
et al., 2011] and more recently by directly comparing observations carried out by two independently calibrated water vapor isotope analyzers. The latter approach has shown that using 10 min average data, the
uncertainty of 0.23‰ in 𝛿 18 O, 2.4‰ in 𝛿 D, and 3‰ in d-excess was achieved for humidity ranges between
1500 and 4000 ppmv [Steen-Larsen et al., 2013], while much improved uncertainty was achieved for measurements in the subtropical North Atlantic of 0.14‰ in 𝛿 18 O, 0.85‰ in 𝛿 D, and 1.1‰ in d-excess for humidity
ranges between 20,000 and 30,000 ppmv [Steen-Larsen et al., 2014a]. An approach has been outlined for estimating the combined uncertainties from each of the steps of the calibration routine and by the measurements
themselves by Bailey et al. [2015a].
Custom-made water vapor isotope spectral analyzers have been deployed on aircraft to measure the upper
troposphere and lower stratosphere [e.g., Sayres et al., 2009; St Clair et al., 2008; Kerstel et al., 2006; Hanisco et al.,
2007; Dyroﬀ et al., 2010]. The uncertainty of these instruments at the low water vapor concentrations found in
the lower stratosphere down to 5 ppmv have been determined for 4 s averages to be 30‰ for 𝛿 18 O and 50‰
for 𝛿 D [Sayres et al., 2009] and at 200 ppmv for 30 s averages to be 1‰ for 𝛿 18 O and 9‰ for 𝛿 D [Kerstel et al.,
2006]. A custom-made water vapor isotope analyzer was recently developed with the aim of being able to
study fractionation processes at low temperatures [Landsberg et al., 2014]. To meet this goal, the analyzer was
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developed to optimize precision and stability at low humidity concentration. Precision levels for 𝛿 18 O and 𝛿 D
between 20 and 600 ppmv were found to be between 4.4 and 0.18‰ for 𝛿 18 O and between 54 and 1.7‰ for
𝛿 D for 4 s averages but between 0.5 and 0.02‰ for 𝛿 18 O and between 5 and 0.5‰ for 𝛿 D for 30–70 minute
averaging time, depending on the optimal integration time of a given humidity level.
3.2.1. Instrumental Setup
In general, an atmospheric water vapor isotope monitoring system consists of four parts: An inlet, which
prevents rain and insects from being drawn into the system; a tube connecting the inlet with the analyzer consisting of a material that does not create fractionation by interacting with the water vapor molecules (materials
such as copper, stainless steel, perﬂuoroalkoxy (PFA), and polytetraﬂuoroethylene (PTFE) have been used in
previous studies) and which is heated well above the dew point temperature of that atmospheric air in order
to prevent condensation in the line; a calibration unit, which is able to generate a constant stream of water
vapor with a known isotopic composition at diﬀerent humidity levels; and a commercial or custom-made
water vapor isotope analyzer. An extra pump connected to the inlet tubing is often installed to ensure a quick
transport from inlet to analyzer. Steen-Larsen et al. [2014a] characterized the damping of the atmospheric
water vapor isotope signal in the complete system from inlet to analyzer caused by mixing and interaction
with the inside of the tube walls. For this speciﬁc setup it was shown that 95% of a normalized response
would be achieved after 10 min for 𝛿 18 O and 20 min for 𝛿 D and a signal with a periodicity of 100 s would be
dampened by 98.5% for 𝛿 18 O and 99.7% for 𝛿 D, eﬀectively removing all high-frequency signal. It is therefore
important to notice that without placing special attention on the attenuation of the signal, it is not possible
to report data resolution on the order of minutes. Furthermore, due to the attenuation diﬀerence between
𝛿 18 O and 𝛿 D, an artiﬁcial measured d-excess signal is likely to occur during fast changes in the atmospheric
water vapor isotopic composition, for example, occurring immediately before and during rain events or when
carrying out aircraft measurements in isotopically varying conditions. To improve data resolution two aspects
have to be improved: The analyzer itself and the part of the inlet system bringing the ambient air to the analyzer. To change the data resolution of a commercial analyzer, the simplest approach is to change the ﬂow
rate through the cavity. This approach has been used when limited air samples are available [Stowasser et al.,
2012]. To minimize the damping of the ambient signal by the inlet tubing, the ratio between the inside surface area and the airﬂow volume should be minimized. Special attention should be placed on minimizing the
length of tubing between the main inlet line and the analyzer itself.
3.2.2. Calibration Systems
The commercial water vapor isotope analyzers from respectively Picarro Inc. and Los Gatos Research Inc. both
have their own calibration unit: the Standards Delivery Modules (SDM) and the Water Vapor Isotope Standard
Source (WVISS). The SDM uses a syringe system to push a constant amount of liquid water into a vaporizer,
which produces a stream of water vapor with constant isotopic composition. The syringe system is connected
to two collapsible aluminum bags, which allow one to perform calibrations with two distinct isotope standards without the risk of evaporation and fractionation. Dry air from either a tank of compressed dry air or air
pushed through a container of a desiccant transports the vapor into the analyzer cavity. The WVISS system
uses a nebulizer to push water into a hot chamber where the small droplets evaporate completely without
fractionation. A built-in compressor and regenerating drying system generates dry air, which transports the
water vapor into the analyzer. The isotopic composition of the vapor can be changed manually by simply
changing the standard bottle. Both of these systems suﬀer from the lack of ability to run autonomously for
periods of several months. Changes have therefore been made to the SDM system [e.g., Bastrikov et al., 2014]
and custom calibration systems have been developed [e.g., Steen-Larsen et al., 2014a; Bailey et al., 2015a].
3.2.3. Calibration Protocols
The reader is referred to Bailey et al. [2015a] for a comprehensive review of calibration protocols and techniques. We brieﬂy summarize the necessary steps needed in order to calibrate the water vapor isotope
measurements against the international VSMOW-SLAP scale. The protocol is identical irrespective of the
instrument used and is based on the approach used to calibrate IRMS measurements. Four steps are needed:
1. Humidity-induced bias. All measurements must be corrected for instrumental humidity-induced bias in
the measured isotopes. The humidity-isotope response or concentration dependence must be determined before and at frequent intervals throughout a measurement campaign. The humidity-isotope
response/concentration dependence is instrument dependent and might not be stable in time [Bailey et al.,
2015a; Steen-Larsen et al., 2014a]. The humidity-isotope response/concentration dependence is estimated
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by generating a stream of water vapor with constant isotopic composition, which is then diluted by different amounts of dry air [Lee et al., 2005; Rambo et al., 2011; Schmidt et al., 2010]. Bastrikov et al. [2014]
illustrated the inﬂuence of using air dried with Drierite as a desiccant, which does not result in completely
dry air (down to about 150 ppmv), compared to dry air from a compressed air bottle. Johnson et al. [2011]
used a bubbler apparatus with an open-split conﬁguration and dry nitrogen gas as a carrier and were able
to obtain reliable gas streams down to about 100 ppmv. Caution should be taken when the humidity from
the dry air source constitute more than 10–20% of the measured humidity.
2. VSMOW-SLAP Calibration. After correcting all the measurements for the humidity-induced bias, the measurements must be calibrated against the international VSMOW-SLAP scale. Measuring multiple standards
of known isotopic composition with isotopic values that span the range of the measurements allows one to
establish the instrumental VSMOW-SLAP scale. The correction is instrument dependent and some degree
of long-term variation has been observed [Bastrikov et al., 2014; Steen-Larsen et al., 2014a]. Linear drift in the
VSMOW-SLAP slope has been assumed in previous work. It is essential that multiple standards be used in
order to generate the necessary calibrations [Sharp et al., 2001].
3. Drift Correction. The measurements are drift corrected by comparing the measured values of the standards
through time with the true value of the standards. Depending on the magnitude of the drift, the measurements can either be corrected by assuming a linear drift between standard measurements, or by accounting
for uncertainty in the measurements of the drift by ﬁtting the measured drift to a polynomial or using a
running mean value.
4. Humidity Calibration. The measured water vapor mixing ratio should be calibrated either against atmospheric humidity measurements from a local meteorological station or by using a calibrated dew point
generator. No drift in the measured water vapor mixing ratio calibration has been reported. Some early
models of the Picarro L-2130i reported a 23% moist bias in mixing ratio measurements [Samuels-Crow
et al., 2014a] that has been corrected in later versions of that model but should still be veriﬁed for
each instrument.
3.3. Aircraft-Based In Situ Measurements
In situ airborne measurements have been performed with diﬀerent techniques and on various platforms
[Taylor, 1972; Ehhalt, 1973; Ehhalt et al., 2005; Webster and Heymsﬁeld, 2003; Sayres et al., 2009; Iannone et al.,
2009]. Even FTIR (Fourier transfrom infrared) spectrometers have been deployed on high-altitude research
balloons [Notholt et al., 2010] and on aircraft [Coﬀey et al., 2006; Hanisco et al., 2007] for studies of water vapor
in the stratosphere. Recently, Herman et al. [2014] and Dyroﬀ et al. [2015] made the ﬁrst lower and middle
tropospheric observations at high vertical resolution and with in-ﬂight instrument performance analyses by
measuring a calibration gas standard.
While Herman et al. [2014] worked with a commercially available Picarro L1115-i isotopic water analyzer,
the observations of Dyroﬀ et al. [2015] were made with the ISOWAT-II instrument [Dyroﬀ et al., 2010], which
has been developed for aircraft-based observations. Figure 7 (left) shows vertical 𝛿 D proﬁles measured by
ISOWAT-II in the Northern Atlantic subtropics during two consecutive days in August 2013 (they represent two
examples of the seven proﬁles measured during the summer 2013 MUSICA campaign) [Dyroﬀ et al., 2015]. The
high vertical and temporal variability of 𝛿 D in the lower and middle troposphere becomes clearly evident. In
order to detect this high variability, aircraft instruments should be able to provide high-quality data at high
temporal resolution and for very diﬀerent humidity conditions and air temperatures.
Since 2010, the predecessor instrument, ISOWAT-I, has been employed aboard the CARIBIC passenger aircraft,
an Airbus A340-600 by Lufthansa [Brenninkmeijer et al., 2007]. 𝛿 D has been measured in the upper troposphere
during 60 long-distance CARIBIC ﬂights. A modiﬁed ISOWAT-II instrument will be deployed as of 2017 for
four consecutive ﬂights per month to also accurately sample the tropospheric proﬁles of vapor isotopologues
(A. Zahn, personal communication, 2016).
3.4. Remote Sensing
3.4.1. Overview
Continuous and/or global observations can be best achieved by remote sensing techniques; however, it is
important for users to understand the nature of this kind of data. Remotely sensed measurements of water
vapor and its isotopologues (or other atmospheric trace gases are inferred by how these molecules spectrally aﬀect light as it is transferred from a source (e.g., the Sun or the Earth), through the atmosphere,
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to a detector. The remote sensing retrieval calculates the atmospheric water vapor isotopologue state from
the measured radiances, which is generally an ill-posed problem because many diﬀerent atmospheric water
vapor isotopologue states can explain a given measurement. In this sense the remote sensing data product
should be understood as a statistical interpretation of the measured radiances, and it is generally dependent
on the assumptions needed for performing the interpretation.
Consequently, the use of satellite or ground-based remotely sensed measurements of water vapor isotopic
composition to investigate diﬀerent components of the global water cycle depends on the viewing geometry,
photon source, and instrument characteristics as well as on the retrieval setup (i.e., the assumptions made for
interpreting the measured radiances).
Space-based measurements of water vapor isotopic composition were ﬁrst demonstrated with the
Atmospheric Trace Molecule Spectroscopy (ATMOS) instrument which ﬂew aboard the space shuttle in 1994
[Gunson et al., 1996]. The ATMOS instruments views the Sun through diﬀerent levels of the upper troposphere
and stratosphere to build a proﬁle of trace gases. Measurements of HDO/H2 O in the upper troposphere and
lower stratosphere were used to reject the hypothesis that gradual dehydration is primarily responsible for
the distribution of water vapor in the tropical lowermost stratosphere [Kuang et al., 2003] and support the
hypothesis that convective uplift brings water into the stratosphere. The isotopic composition of the upper
troposphere, stratosphere, and mesosphere has also been retrieved from other space-based limb sounders,
like measurements from the SciSat Atmospheric Chemistry Experiment (ACE) [e.g., Nassar et al., 2007] and
the Envisat Michelson Interferometer for Passive Atmospheric Sounding (MIPAS) [e.g., Payne et al., 2007;
Steinwagner et al., 2007].
Zakharov et al. [2004] ﬁrst demonstrated the potential for quantifying the global distribution of tropospheric
water vapor isotopic composition using thermal infrared measurements; however, the use of remotely sensed
measurements for investigating the global tropospheric water cycle greatly accelerated with downward
looking (nadir) global satellite measurements based on thermal IR radiances [Worden et al., 2006, 2007] from
the Aura Tropospheric Emission Spectrometer (TES) and reﬂected sunlight measurements from the Envisat
Scanning Imaging Absorption Spectrometer for Atmospheric Chartography (SCIAMACHY) instrument in the
near-IR [Frankenberg et al., 2009]. For example, Worden et al. [2007] provided estimates on the eﬀects of mixing and rainfall evaporation on the tropical water cycle while Frankenberg et al. [2009] looked at the role of
large-scale dynamical eﬀects on the subtropical water vapor distribution. Herbin et al. [2009] presented independent retrievals for the two water vapor isotopologues H16
O and HDO using the Infrared Atmospheric
2
Sounding Interferometer (IASI) aboard the operational meteorological satellite MetOp. Optimal water vapor
O and HDO/H16
O ) using MetOp/IASI were reported by Schneider and
and isotopologue ratio retrievals (H16
2
2
Hase [2011] and Lacour et al. [2012].
In addition, solar absorption spectra measured by ground-based high-resolution Fourier transform spectrometers allow retrievals of the tropospheric water vapor isotopologue composition [e.g., Schneider et al.,
2006a, 2012].
3.4.2. Retrieval Techniques
Estimates of the distribution of HDO and H2 O are typically derived from radiances using a nonlinear estimation approach that minimizes the diﬀerences between an observed radiance and that from a radiation
transfer model. Here we focus on techniques that allow detecting the lower and middle tropospheric water
vapor isotopologues and we do not discuss retrievals for upper troposphere, the stratosphere, and the mesosphere, which is possible by using limb sounders like MIPAS, ACE, or ATMOS. For a detailed description of the
limb sounding retrievals we refer to the literature [Kuang et al., 2003; Nassar et al., 2007; Payne et al., 2007;
Steinwagner et al., 2007; Lossow et al., 2011].
Remote sensing of HDO and H2 O in the troposphere is typically an ill-posed problem, meaning that there are
more parameters estimated than information in the radiances. For example, a retrieval might estimate more
than 10 vertical levels for HDO and H2 O because we know a priori that we need at least that many parameters
to ﬁt their logarithmic variation with altitude. However, the radiances may only have enough information to
resolve either the total atmospheric column or two large layers. For these reasons some form of regularization
is needed for each estimate.
If the nonlinear estimation approach used to minimize the diﬀerence between the observed radiance
and a forward model of that radiance converges to a global minimum, then the estimated quantity
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(typically a proﬁle of a trace gas) may be related to the true distribution of that quantity and corresponding
uncertainties associated with the measurement in the following manner [Rodgers, 2000]:
x̂ = xa + A(x − xa ) + Gn + G

∑

Ki 𝛿i

(8)

i

where x̂ , xa , and x are the retrieved (or estimated), a priori, and the “true” state vectors, respectively, and represent the altitude distribution of HDO, H2 O and any coretrieved parameters such as albedo, temperature, or
interfering gases.
is the gain matrix, which
The vector n describes the measurement noise on the spectral radiances. The G = 𝜕x
𝜕L
̂
describes the sensitivity of each element of x to each element of the radiance L. The averaging kernel A = 𝜕𝜕xx
𝜕L
describes the sensitivity of the retrieved state to the true state. The matrix K = 𝜕x describes the sensitivity of
the radiance to the true state. The last component of equation (8) describes the set of other possible errors
(given as 𝛿i and the sensitivity of the radiance to these errors Ki ) that can aﬀect the retrieval such as temperature, clouds, surface emissivity, etc. [Worden et al., 2006]. The parameters xa , A, and G explicitly contain the
regularization used to constrain the ill-posed nature of the remote sensing retrieval problem [e.g., Rodgers,
2000; Bowman et al., 2006] if an optimal estimation approach is used to guide the retrieval. For practical applications, the averaging kernel is central to making appropriate inferences from the data, described further in
section 3.4.5.
3.4.3. Observations From Space
Frankenberg et al. [2009, 2013] and Boesch et al. [2013] used sunlight reﬂected in the shortwave infrared (SWIR)
spectral region to independently estimate x = qHDO and x = qH2 O , where qHDO and qH2 O are vectors containing
the altitude-(or pressure-) dependent concentrations of HDO and H2 O, respectively. Their retrieval processes
use reanalysis data for qH2 O and a ﬁxed qHDO /qH2 O proﬁle as background input. The retrieval products are
the total column amounts (or C ) for both HDO and H2 O, which can then be used for an a posteriori calculation of the ratio R = C HDO ∕C H2 O (calculation after the retrieval process). This a posteriori calculation relies
on the fact that for SWIR observation the sensitivity with respect to atmospheric H2 O and HDO are similar.
Nevertheless, it is important to remark that the sensitivities are similar but not identical, and one has to be
careful when interpreting such a posteriori calculated ratios R [Boesch et al., 2013]. Scheepmaker et al. [2015]
discusses the potential and limitations of such SWIR ratio product (R = C HDO ∕C H2 O ) as complement to the
SWIR C H2 O product.
In the thermal infrared (TIR) the sensitivities with respect to HDO and H2 O are signiﬁcantly diﬀerent and
furthermore depend on their vertical distribution, atmospheric temperature, and surface temperature. Interferences from other trace gases can also increase uncertainty in these estimates. Consequently, the ratio
R = HDO∕H2 O if calculated from independent estimations of H2 O and HDO will mainly reﬂect the diﬀerent
uncertainties and sensitivities with respect to H2 O and HDO and not real atmospheric variation of R. To overcome this problem the solution space for the ratio has to be constrained. For this purpose, Worden et al.
[2006] and Schneider et al. [2006a] suggested a retrieval on the logarithmic scale together with a constraint
for ln(qH2 O ) and ln(qHDO ) as well as a cross constraint for ln(qHDO ) − ln(qH2 O ) ≈ ln(R). It can be shown that such
constraints are actually constraints for ln(qH2 O ) + ln(qHDO ) and ln(qHDO ) − ln(qH2 O ) [Schneider et al., 2012].
In this review we focus on discussing the version 5 of the NASA Aura TES retrievals and the MUSICA MetOp/IASI
retrievals (MUSICA: MUlti-platform remote Sensing of Isotopologues for investigating the Cycle of Atmospheric water). Both use a similar retrieval strategy, like a simultaneous ﬁt of all interfering gases and a broad
spectral window [Schneider and Hase, 2011; Worden et al., 2012]. This is diﬀerent from the MetOp/IASI retrieval
strategy applied by a group of the University of Brussels [Lacour et al., 2012], which is similar to the TES version
4 retrieval [Worden et al., 2006], uses small microwindows and is less computationally intensive.
The reason for focusing on TES is because the TES data set is currently the most abundant tropospheric water
vapor isotopologue data set. It has been already used in a variety of diﬀerent studies; therefore, it must play
an important role in this review. IASI is very interesting because the two instruments currently in space measure about 1.3 million nadir spectra each 24 h. A third sensor will be launched during the next few years,
and follow-up missions are already approved. IASI oﬀers a huge potential for tropospheric water vapor isotopologue studies; however, global water vapor isotopologue IASI retrievals have been performed only for a
limited number of days to date.
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Table 1. List of Current MUSICA NDACC/FTIR Sites (Ordered From North to South) and Available A Posteriori Processed
{q, 𝛿D} Data Recorda
Site

Location
80.1∘ N, 86.4∘ W
78.9∘ N, 11.9∘ E

Eureka, Canada
Ny Alesund, Norway
Kiruna, Sweden
Bremen, Germany
Karlsruhe, Germany

Altitude

Data Record

DOFS

610 m asl

2006–2014

1.7

21 m asl

2005–2014

1.6

67.8∘ N, 20.4∘ E
53.1∘ N, 8.9∘ E

419 m asl

1996–2014

1.6

27 m asl

2004–2014

1.6

49.1∘ N, 8.4∘ E
46.6∘ N, 8.0∘ E

110 m asl

2010–2014

1.6

3580 m asl

1996–2014

1.6

28.3∘ N, 16.5∘ W
19.1∘ N, 98.7∘ W

2367 m asl

1999–2014

1.7

3985 m asl

2012–2014

1.7

2443 m asl

2009–2013

1.6

Wollongong, Australia

9.0∘ N, 38.8∘ E
34.5∘ S, 150.9∘ E

30 m asl

2007–2014

1.6

Lauder, New Zealand

45.1∘ S, 169.7∘ E

370 m asl

1997–2014

1.6

Arrival Heights, Antarctica

77.8∘ S, 166.7∘ E

250 m asl

2002–2014

1.4

Jungfraujoch, Switzerland
Izaña/Tenerife, Spain
Altzomoni, Mexico
Addis Ababa, Ethiopia

a DOFS

(Degree Of Freedom for Signal) is a parameter of the information content in the retrieved data, whereby
DOFS > 1.0 means weak proﬁling capability. This table is adopted from Barthlott et al. [2016].

3.4.4. Observations From Ground
Ground-based, solar-viewing, high-resolution, Fourier transform infrared (FTIR) spectrometers can provide
daily total column and proﬁles of water vapor, its isotopologues, and about 30 other atmospheric species
[Hannigan et al., 2009]. There are currently about 19 FTIR installations as part of the Network for the Detection of Atmospheric Composition Change (NDACC) that have been measuring solar absorption spectra in the
midinfrared (750–4200 cm−1 ), with some sites beginning measurements in the 1990s. As part of the MUSICA
project, a dedicated water vapor isotopologue retrieval has been applied to a subset of 12 sites (Table 1)
[Schneider et al., 2012; Barthlott et al., 2016] using the simultaneous optimal estimation of H2 O and HDO as
well as 𝛿 D. This retrieval is very similar to that described above for the TIR satellite sensors.
The Total Carbon Column Observing Network (TCCON) is a network of ground-based FTIR sites that measure
solar absorption spectra in the near-infrared region (3800–9000 cm−1 ). In this spectral region, the absorption
signatures of HDO are much weaker than in the midinfrared, but H2 O and HDO column abundances can be
obtained. Then after the retrieval process the column-integrated 𝛿 D values are calculated [Risi et al., 2012a]. To
ﬁrst order, these retrievals are similar to that described above for the space-based SWIR sensors. Rokotyan et al.
[2014] discusses problems that can occur when using 𝛿 D that has been calculated after the retrieval process
from the retrieved HDO and H2 O amounts.
An advantage of FTIR over satellite-based remote sensing is the opportunity to develop relatively
high-precision, long (decadal) data sets at key sites. In contrast to the cavity-enhanced methods described
above, FTIR provides measurements of total column abundances and proﬁles of water vapor and
its isotopologues.
3.4.5. Characterizing and Comparing Remote Sensing Retrievals
Equation (8) is the basis for theoretical uncertainty calculations. The uncertainty in the estimated atmospheric
state x̂ is given by the expectation of the estimate relative to the true state:
(
T

T

E|| ln(̂x ) − ln(x)|| = (A − I)Sa (A − I) + GSn G + G

∑

)
Ki S𝛿,i KiT

GT

(9)

i

where I is the identity matrix, S stands for covariance matrices that describe the statistics of the corresponding
parameters (a for a priori knowledge, n for measurement noise, i for parameter i) and usually is determined
from a model or an uncertainty calculation.
When comparing remote sensing data with in situ data or with model data, the retrieval’s regularization
should be taken into account [Rodgers, 2000]. The eﬀect of the regularization is described by the averaging
kernels. By convolving the in situ data or the model data with the averaging kernels we can estimate the
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Figure 4. Rows of the averaging kernel for an observation taken over South America in the fall of 2006.

remote sensing observation that corresponds to the in situ/model data. For this purpose the in situ or modeled proﬁle is mapped to the same altitude grid used by the retrieval and then convolved by the averaging
kernel:
)
(
ln(̂xair ) = ln(xa ) + A ln xair − ln xa
(10)
where xair is the in situ/model proﬁle mapped to the retrieval altitude (or pressure) grid.
Figure 4 shows the rows of the HDO component of the averaging kernel as produced by the TES retrieval for an
observation over the tropical ocean. The HDO component of the kernel is generally the limiting component
for the estimate of R. As can be seen in Figure 4, the sensitivity of TES’s estimate of HDO (or R) peaks in approximately two altitude ranges with the ﬁrst altitude range between 500 and 2500 m and the second altitude
range between 2000 and 9000 m. The averaging kernel therefore shows that this TES estimate can resolve
the isotopic composition of the atmosphere in these two altitude regions. As can be deduced by equation (8),
if the diagonal of the averaging kernel has a value of unity, then the estimate can resolve that level of the
atmosphere perfectly but with the uncertainties described by noise and interferences. If a diagonal term of the
averaging kernel has a value of 0.5, for example, then the estimate can only resolve about half the variability
of the HDO/H2 O ratio at the corresponding level. Another feature of each row of the averaging kernel is that it
need not have a peak value at its corresponding diagonal element. For example, the ﬁrst row of the averaging
kernel, which describes the sensitivity of the surface level to the rest of the HDO proﬁle, peaks at 1000 m indicating that most of the information comes from HDO at 1000 m. As can be seen in Figure 4, the averaging
kernel rows typically peak at 0.3 for the higher pressures and about 0.1 at the lower pressures. The trace of
the averaging kernel gives the degrees of freedom (DOFS) for signal of the retrieval and is approximately
1.5 for this retrieval with approximately 0.9 DOFS in the lower layer with an altitude range between the
surface and 2500 m and 0.6 DOFS for the layer with an altitude range between 2000 and 9000 m. That means
we can almost perfectly resolve the lower layer (to within its errors) and resolve about 60% of the variability
of R in the upper layer (plus the uncertainties).
When working with the state vector x = {ln(qH2 O ), ln(qHDO )}, the error estimations and convolution operations
for the ratio R = qHDO ∕qH2 O are obtained by rewriting the equations (9) and (10) as a function of R:
̂ − ln(R)|| = (ADD − AHD )Sln(R) (ADD − AHD )T + (ADD − AHD − AHH − ADH )Sq ((ADD − AHD − AHH − ADH )T
E|| ln(R)
a
(
)
∑
+ GR Sn GTR + GR
Ki S𝛿,i KiT GTR
(11)
i

where AHH and ADD are the averaging kernels for ln(qH2 O ) and ln(qHDO ), respectively. ADH and ADH are the
cross kernels (response of atmospheric ln(qH2 O ) on ln(qHDO ) and vice versa). GR is the gain matrix for R. Rair is
the in situ/modeled qHDO ∕qH2 O proﬁle mapped to the retrieval altitude (or pressure) grid and Ra the a priori
qHDO ∕qH2 O proﬁle. More details on this error calculations and convolution operations can be found in a variety
of TES papers [e.g., Worden et al., 2006; Risi et al., 2013; Sutanto et al., 2015].
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Figure 5. Example of row entries of the Karlsruhe MUSICA NDACC/FTIR averaging kernels in the {q, 𝛿D} proxy basis
system and after a posteriori correction. Please note that the (top left) q proxy kernels and the (bottom right) 𝛿 D proxy
kernels are almost identical. The diﬀerent scales on the x axis consider the diﬀerent magnitudes of ln[q] and 𝛿 D
variations. For more details please refer to Schneider et al. [2012] and Barthlott et al. [2016].

An alternative approach is to perform a basis transformation from the {ln(qH2 O ), ln(qHDO )} basis system to
the { 12 ln(qH2 O ) + 12 ln(qHDO ), ln(qHDO ) − ln(qH2 O )} basis system. These new bases are good proxies for the
q and 𝛿 D (or R) states. In the new basis system we can directly use equations (9) and (10) for performing error estimations and convolution operations for q and 𝛿 D [Schneider et al., 2012; Wiegele et al., 2014;
Barthlott et al., 2016].
In addition, ’the transformation to the proxy basis system makes transparent how the remote sensing system
interprets the real atmospheric {q, 𝛿D} pair distribution, because the transformed averaging kernels are the
averaging kernels for the q and 𝛿 D proxies. The proxy kernels clearly reveal that, generally, the sensitivities
of the q and 𝛿 D products are signiﬁcantly diﬀerent. In order to get a q and 𝛿 D product that represents the
same atmospheric structures an a posteriori processing is required. It is motivated and explained in detail in
Schneider et al. [2012], Wiegele et al. [2014], and Barthlott et al. [2016]. The processing assures that the averaging
kernels of the q and 𝛿 D proxy states are almost identical. Without the a posteriori processing, the remote
sensing {q, 𝛿D} pair diagrams can be rather misleading [Schneider et al., 2016].
An example of a kernel in the {q, 𝛿D} proxy basis system is given in Figure 5. It shows the situation for a typical
MUSICA NDACC/FTIR retrieval for the Izana FTIR instrument, situated at 2370 m above sea level (asl) and after
performing the a posteriori processing, which is the reason that the kernels for the q and 𝛿 D proxies are almost
identical. The kernels reveal that with the NDACC/FTIR systems we can observe a ﬁrst layer expanding up to
2000 m and a layer between 1500 and 8500 m above the instrument. The DOFS for these {q, 𝛿D} pair products
is typically 1.7 [Barthlott et al., 2016]); i.e., we can almost observe the two layers independently.
The MUSICA MetOp/IASI retrievals provide also q and 𝛿 D proxy kernels that are almost identical (after the
a posteriori processing) [Wiegele et al., 2014]. The DOFS for the respective {q, 𝛿D} pair products is between
0.5 and 1.2 (data with less sensitivity are ﬁltered out), whereby the DOFS is typically higher in the tropics than
at high latitudes.
3.4.6. Validating Remote Sensing Data
A typical purpose for comparing remotely sensed measurements (or retrievals) to aircraft data is to evaluate
biases in the retrieval and to validate the retrieval’s calculated uncertainties.
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Figure 6. Comparison of a TES retrieval to aircraft measurements. The dashed line is the a priori used for the TES
retrieval. The red diamonds are the raw aircraft measurements, mapped to the TES retrieval grid. The solid red line is the
aircraft measurement after passing through the TES instrument operator. The black diamonds show the TES HDO/H2 O
proﬁle (in units of per mil relative to SMOW).

Figure 6 shows the comparison between an aircraft proﬁle of the HDO/H2 O ratio over Alaska in the summer of
2011 and a TES measurement that was taken to coincide with the aircraft. The a priori proﬁle for R is given by
the dashed line, the red diamonds are the aircraft measurements mapped to the TES retrieval grid, the black
diamonds are the TES estimate for R, and the solid red line is the aircraft proﬁle after being passed through
the instrument operator shown in equation (11).
As shown in equation (11), the estimate at any given level is a combination of the diﬀerence between a priori
and true state (modulated by the averaging kernel), and the uncertainties. For this reason, the bottommost
level for the TES estimate is a weighted sum of the true value of −240‰, as measured by the aircraft and the
tropical a priori used in the retrieval of approximately −77‰. The retrieval and true are much closer for the

Figure 7. Example of vertical distribution of tropospheric 𝛿 D measured on two consecutive days in coincidence by three
diﬀerent techniques. Day 24 August can be identiﬁed by red and day 25 August by green color. Dashed black line with
yellow stars is the a priori used by the remote sensing retrievals. (left) In situ measurements by ISOWAT from aircraft;
(middle) Circles and error bars represent MUSICA NDACC/FTIR remote sensing observations and their uncertainty,
colored dashed line and shaded area represent the in situ references and their conﬁdence range after considering the
vertical resolution and sensitivity of the FTIR retrievals; (right) same as Figure 7 (middle) but for the MUSICA MetOp/IASI
remote sensing observations. For more details please refer to Dyroﬀ et al. [2015] and Schneider et al. [2016].
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Figure 8. Example of {q, 𝛿D} pair distributions observed in the North Atlantic subtropical free troposphere during several years and by three diﬀerent techniques,
(left) in situ, (middle) ground-based remote sensing (MUSICA NDACC/FTIR), and (right) space-based remote sensing (MUSICA MetOp/IASI). Grey dots represent all
observations, red dots observations during Saharan Air Layer (SAL) events, and the yellow star is the a priori {q, 𝛿D} pair used for all remote sensing retrievals.
In addition, the plots show two simulated curves: (1) A Rayleigh curve (blue line) for initialization with T = 25∘ C, RH = 80%, and 𝛿D = −80‰. (2) A mixing curve
(black dashed line) for mixing between {25, 000 ppmv, −80‰} and {500 ppmv, −500‰}. For more details please refer to González et al. [2016].

altitude region where the diagonal of the averaging kernel is large. The smoothness of aircraft proﬁle,
adjusted with the TES averaging kernel, reﬂects the convolution of the aircraft proﬁle with the averaging
kernel matrix.
Figure 7 shows comparisons of the MUSICA NDACC/FTIR (Figure 7, middle) and MUSICA MetOp/IASI 𝛿 D
products (Figure 7, right) with two exemplary aircraft in situ proﬁles measured between sea level and almost
7000 m above sea level during the MUSICA validation campaign in summer 2013. The colored dashed lines
and shaded areas depict the smoothed aircraft reference proﬁles (smoothing according to equation (10))
and their respective conﬁdence range. The conﬁdence range of the reference data is largely determined by
the fact that there are no reference observations above 7000 m. The corresponding large uncertainty above
7000 m propagates to lower altitudes due to the smoothing with the averaging kernel. The circles and error
bars represent the remote sensing data and their respective uncertainties.
The plot in Figure 7 (middle) reveals the good agreement between the reference data and the MUSICA
NDACC/FTIR retrievals and conﬁrms the weak proﬁling capability of the ground-based NDACC/FTIR systems.
On 25 August and below 3500 m 𝛿 D is lower than that on 24 August. Above 3500 m it is the other way around.
There 𝛿 D is higher on the 25th than on the 24th. The diﬀerent vertical structures in 𝛿 D for the two exemplary
days are similarly observed in the aircraft reference proﬁles.
Figure 7 (right) shows that MUSICA MetOp/IASI 𝛿 D retrievals are in good agreement with the aircraft reference data. This plot also reveals that the MetOp/IASI data represent averages over a rather deep layer
between 2000 and 8000 m (typical MUSICA MetOp/IASI kernels for this comparison study are shown in
Schneider et al. [2016]).
For the scientiﬁc interpretation of lower and middle tropospheric water isotopologue data, q-𝛿 distribution
plots are particularly useful (see discussion in the context of Figure 3). This means that a validation of the q-𝛿
distribution as obtained from the remote sensing data is important. Figure 8 gives an example of such validation exercise. It shows {q, 𝛿D} pair distributions as observed in in situ as well as in MUSICA NDACC/FTIR and
MUSICA MetOp/IASI remote sensing data (a posteriori processed data). The diﬀerent data sets have a very
similar {q, 𝛿D} pair distributions: most {q, 𝛿D} pairs lie between the plotted examples of Rayleigh and mixing
curves (solid blue and dashed black lines), a few data points are above the mixing curve (mainly for dry conditions), and a few data points are below the Rayleigh curve (mainly for humid conditions). The good agreement
becomes even more evident if we identify observations made during Saharan Air Layer (SAL, respective data
points are marked by red color) conditions. SAL means that we detect a dust-laden air mass that has experienced dry convection over the Sahara. Such air masses have a {q, 𝛿D} pair distributions that approximate a
mixing curve (mixing between boundary layer and middle/upper tropospheric air) [González et al., 2016]. This
distinct {q, 𝛿D} pair distribution is clearly identiﬁed in the three diﬀerent data sets. The smaller variability in
the MetOp/IASI data for q < 2000 ppmv is due to the retrieval’s reduced sensitivity for dry conditions.
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3.4.7. Using Remote Sensing Data for Validating Models
Provided that the uncertainties and biases in the remotely sensed measurement have been evaluated and
validated, we can also use equations (8)–(10) to evaluate modeled proﬁles of water vapor and HDO in global
hydrological models. First, a model HDO/H2 O proﬁle is mapped to the retrieval grid and passed through the
instrument operator (equation (10)). If the model meteorology is expected to agree reasonably well with
that seen by the retrieval, the averaging kernels from the retrievals can be applied directly to model proﬁles
[e.g., Risi et al., 2012a].
However, if we do not know whether the modeled and observed atmospheric situation reasonably agree, a
simple application of the averaging kernels (corresponding to the observed situation) to the model proﬁles
(corresponding to the model situation) can be misleading. It could happen that the model measurement
diﬀerences are strongly camouﬂaged by the averaging kernel calculations. The eﬀect of the averaging kernels
to the model {q, 𝛿D} pair distribution is particularly strong. Particularly, if the considered retrieval product is
not a posteriori processed, then the sensitivities for q and 𝛿 D are signiﬁcantly diﬀerent and the kernels are
rather complex.
The problem of averaging kernels that are not representative for the model situation can be overcome by
using a statistical approach for estimating the instrument operator (the averaging kernels) from the model’s
temperature and humidity ﬁelds [e.g., Field et al., 2012, 2014]. This means that the averaging kernel will correspond to the atmospheric situation of the model. Testing hypotheses with the remote sensing data becomes
a matter of relating the modeled HDO/H2 O proﬁles to the physics that must be tested and passing that proﬁle
through the instrument operator [e.g., Jiang et al., 2013; Jones et al., 2003, and references therein].
The eﬀect of the averaging kernels on model data validation studies is especially strong if {q, 𝛿D} pair distributions are of interest. The situation can be signiﬁcantly improved by working with the a posteriori processed
data [Schneider et al., 2012]. The a posteriori processing reduces the complexity of the averaging kernels. Then
atmospheric {q, 𝛿D} pair variations that take place over deep layers are weakly aﬀected by the averaging
kernels, making the application of the averaging kernel to the model data less critical and a ﬁrst-order comparison between modeled and measured {q, 𝛿D} pair distributions is even possible without applying the
averaging kernels to the model (see discussions in Schneider et al. [2016]). This possibility becomes evident
from Figure 8: there the in situ data as depicted in Figure 8 (left) correspond to point measurements made
at 3550 m, whereas the NDACC/FTIR and MetOp/IASI data reﬂect the atmosphere according to their averaging kernels. The a posteriori processed NDACC/FTIR and MetOp/IASI {q, 𝛿D} pair data well compare to the in
situ data that are not aﬀected by averaging kernels, so they can be used as a direct reference for a ﬁrst-order
validation of model outputs.

4. Water Vapor Isotopic Composition in the Troposphere
In this section we review the spatial distribution of global water vapor isotopic composition, related aspects
of which have been observed in precipitation isotopes, but have only recently been observed in vapor with
the availability of remote sensing and in situ data described in the previous section.
4.1. Temperature and Continental Eﬀects
The decrease of 𝛿 values in precipitation as latitude or altitude increase has long been observed [Dansgaard,
1964; Rozanski et al., 1993]. More generally, 𝛿 values decrease as temperature decreases, a pattern called
the “temperature eﬀect.” The same pattern can now be observed for 𝛿 values in water vapor with the new
measurement techniques described in section 3 [Worden et al., 2007; Frankenberg et al., 2009]. This can be
interpreted, to ﬁrst order, in terms of Rayleigh distillation: as temperature decreases, the speciﬁc humidity
at saturation decreases, leading to the decrease in 𝛿 values in both the vapor and the subsequent precipitation. Mixing processes along trajectories and isotopic exchange with the underlying surface can modulate
the temperature eﬀect. For example, if the contribution of turbulent eddies to the equator-to-pole transport
increases, the 𝛿 values are expected to decrease less steeply with latitude [Hendricks et al., 2000].
The 𝛿 value minimum that is observed in the water vapor over desert regions [Frankenberg et al., 2009] can also
be interpreted in terms of the temperature eﬀect: air masses subsiding over desert regions have undergone
condensation at high altitude where the temperature is low. In this case, the control on the 𝛿 values is not
the local temperature, but rather the temperature at the point of last saturation [Galewsky and Hurley, 2010;
Risi et al., 2010a; Hurley et al., 2012; Galewsky, 2015].
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A decrease of 𝛿 values in precipitation as air masses move inland has also long been observed and named
“continental eﬀect” [Dansgaard, 1964]. The same pattern can also be observed for 𝛿 in the water vapor
[Frankenberg et al., 2009]. This can also be interpreted in terms of Rayleigh distillation along air mass trajectories. The magnitude of the continental eﬀect varies greatly in space, with a smoother decrease of vapor
and precipitation 𝛿 values over tropical land forests (e.g., the Amazon) than over midlatitude continentals,
particularly during winter (e.g., Eurasia) [Salati et al., 1979; Rozanski et al., 1993]. This is because over tropical land forests, and during extratropical summer, evapotranspiration eﬃciently recharges air masses in
water vapor as they move inland, a process called continental recycling [Budyko, 1974; Burde et al., 1996;
Trenberth, 1999]. This recycling partially compensates for the 𝛿 value decrease by Rayleigh distillation [Winnick et al., 2014]. As for the temperature eﬀect, the magnitude of the continental eﬀect may vary depending
on the relative importance of eddy diﬀusion and large-scale advection for the transport of water vapor
[Winnick et al., 2014].
4.2. Amount Eﬀect
In the tropics, precipitation 𝛿 values are observed to be anticorrelated with the amount of precipitation. This
is called the “amount eﬀect” [Dansgaard, 1964; Rozanski et al., 1993]. This eﬀect is especially pronounced over
the ocean and can be well observed on tropical islands. The traditional Rayleigh distillation framework is
not suﬃcient to interpret isotopic variations in the tropics, where most of the precipitation arises from deep
convection and vertical motions dominate over horizontal transport. Dansgaard [1964] cited several potential explanations for the amount eﬀect. First, when convection is more intense, rain drops are larger and the
fraction of these drops that reevaporate is smaller. Therefore, the rain drops become less enriched by reevaporation as they fall [Stewart, 1975]. Second, when convection is more intense, the air is usually moister, which
limits rain reevaporation and favors diﬀusive isotopic exchanges between rain drops and vapor. This limits the
reenrichment of rain drops as they fall. These eﬀects were conﬁrmed by several modeling studies [Risi et al.,
2008a; Lee and Fung, 2008; Yoshimura et al., 2010].
The amount eﬀect can also be observed in water vapor 𝛿 values [Worden et al., 2007; Lawrence et al., 2004;
Tremoy et al., 2012]. Deep convection acts to isotopically deplete the low-level water vapor through several
possible mechanisms. First, deep convection is associated with intense vertical mixing, bringing isotopically
depleted water vapor from the midtroposphere downward. This mixing is undertaken by unsaturated or
mesoscale downdrafts [Risi et al., 2008a, 2010b; Kurita et al., 2011]. Second, partial reevaporation of raindrops
isotopically deplete the water vapor [Worden et al., 2007; Field et al., 2010], as long as the reevaporation fraction is small enough [Risi et al., 2010b]. Third, when the air is saturated, diﬀusive exchanges between raindrops
and vapor deplete the vapor [Lawrence et al., 2004]. Fourth, deep convection is associated with convergence
of air masses. According to a vertically integrated water vapor budget, as convergence increases, more of the
vapor originates from the surrounding atmospheric columns and less originates from fresh surface evaporation. The former being more isotopically depleted, as convergence increases the water vapor is more depleted
[J.-E. Lee et al., 2007; Moore et al., 2014]. The amount eﬀect can be modulated by convective or large-scale
properties: deep convection depletes the low-level water vapor all the more as the degree of organization
of convection is high [Lawrence and Gedzelman, 2003; Lawrence et al., 2004; Risi et al., 2008b], as the relative
proportion of stratiform to convective precipitation is high [Kurita et al., 2011; Kurita, 2013] or as the vertical
proﬁle of air convergence is more top-heavy [Moore et al., 2014].
Deep convection has a cumulative eﬀect on the water vapor composition [Risi et al., 2008a]. Observed 𝛿 values
in precipitation and water vapor integrate convective activity over both time and space. Therefore, the amount
eﬀect is not a purely local phenomenon. In monsoon regions, for example, deep convection is associated with
more isotopically depleted water vapor and precipitation in downstream air mass trajectories [Vuille et al.,
2003; Vuille and Werner, 2005; Vimeux et al., 2005; Risi et al., 2008b; Vimeux et al., 2011; Gao et al., 2011; Tremoy
et al., 2012; Samuels-Crow et al., 2014b; Galewsky and Samuels-Crow, 2015; He et al., 2015] and also with the
degree of organization of the precipitation [Lekshmy et al., 2014; Pausata et al., 2011].
4.3. Evaporation and Reevaporation in the Marine Boundary Layer
Evaporation from the oceans constitutes one of the key components in the global hydrological cycle and
being able to constrain the processes involved is critical for simulating accurately the climate. Understanding
the isotopic ﬁngerprint of evaporation was therefore among the ﬁrst goals of water vapor isotopic studies.
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Table 2. The Molecular Diﬀusivities in Air of the Heavy Isotopologues
Compared to the Light Isotopologues
D[HDO]/D[H2 O]

0.9755 [Merlivat, 1978]

O]/D[H2 O]
D[H17
2

0.9856 [Barkan and Luz, 2007]

D[H18
O]/D[H2 O]
2

0.9723 [Merlivat, 1978]

0.9839 [Cappa et al., 2003]

0.9691 [Cappa et al., 2003]
0.9725 [Barkan and Luz, 2007]

Craig and Gordon [1965] carried out the ﬁrst comprehensive study of water vapor isotopic composition in the
marine boundary layer and their relation with evaporation and exchange between the lower atmosphere and
sea surface. They were able to conclude, contrary to earlier suggestions from Epstein and Mayeda [1953], that
the water vapor was more isotopically depleted than vapor in isotopic equilibrium with the sea surface. Their
data from several diﬀerent oceanic regions showed the isotopic composition to have a higher correlation with
respect to the relative humidity calculated relative to saturated vapor pressure at the sea surface temperature
(RHsst ) instead of the relative humidity calculated relative to the saturated vapor pressure at the air temperature (RHair ). The isotopic composition of the ﬂux from an evaporating water body is governed by the isotopic
transfer rates during molecular diﬀusion and eddy diﬀusion/turbulent transport. To simplify the description of
the transfer rates Craig and Gordon developed a two-layer model based on the work of Rideal and Langmuir
on liquid-vapor exchange [Rideal, 1925; Langmuir and Langmuir, 1927]. They deﬁned a laminar layer above
the air-water interface in which the molecular transfer is dominated by molecular diﬀusion and a turbulent
layer above the laminar layer in which molecular transfer is dominated by eddy/turbulent diﬀusion. In their
model, the water vapor ﬂux for the diﬀerent isotopes through the laminar layer is proportional to the vapor
pressure diﬀerence of the given isotopes between the interface of the laminar and turbulent layer and the
interface of the ocean skin layer (the air-ocean interface) and the laminar layer. The eddy/turbulent diﬀusion
in the turbulent layer is normally assumed to be the same for all isotopes. Humidity and isotopic equilibrium
is assumed at the ocean skin layer (the air-ocean interface). Under these assumptions and the assumption that no divergence or convergence in the air column above the ocean occur the isotopic ﬂux can be
described as
𝛿e =

𝛼 ∗ 𝛿L − RHsst 𝛿a − 𝜖 ∗ − Δ𝜖
𝛿 − RHsst 𝛿a − 𝜖 ∗ − Δ𝜖
≈ L
3
(1 − RHsst )
(1 − RHsst ) + Δ𝜖∕10

(12)

𝜖 ∗ = (1 − 𝛼 ∗ ) ⋅ 103

(13)

Δ𝜖 = (1 − RHsst ) ⋅ 𝜃 ⋅ n ⋅ CD ⋅ 103

(14)

where 𝛿L is the isotopic composition of the ocean surface; 𝛿a is the isotopic composition of the free atmosphere; 𝛼 ∗ is the fractionation coeﬃcient deﬁned as RV = 𝛼 ∗ RL , where RV and RL are the isotopic ratios of the
vapor and the liquid; RHsst is the relative humidity compared to saturation at sea surface temperature, 𝜃 is a
weighting term determined by the inﬂuence of the evaporation ﬂux on the free atmosphere. According to
Gat [1996], the value of 𝜃 is equal to 1 for a small body of water with little inﬂuence on the free troposphere but
close to 0.5 for regions such as the eastern Mediterranean, where the measurements were obtained, which
may be representative for conditions over the open ocean. The parameter n is the exponent on the molecular diﬀusivities of the diﬀerent isotopes governing the vapor transfer rate in the air. In a fully laminar domain,
the value of n becomes 1, while going from smooth conditions to conditions where strong turbulent mixing occurs, the value of n will decrease from 0.75 to 0.5 [Brutsaert, 1975, 1965; Merlivat and Coantic, 1975].
The molecular diﬀusivities in air of the heavy isotopes (1 H2 17 O, 1 H18
O,1 H2 H16 O) compared to the light iso2
1 16
tope ( H2 O) are shown in Table 2. For placing the development of the Craig-Gordon model into a historical
perspective the reader is referred to Gat [2008].
Merlivat and Jouzel [1979], based on the work of Merlivat and Coantic [1975], simpliﬁed the expression for the
isotopic value of the evaporation ﬂux by prescribing the kinetic eﬀects through a parameter k deﬁned for a
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Figure 9. The initial water vapor (top) d-excess and (bottom) 17 O excess above the ocean calculated as function of RHsst
and SST for a smooth and rough ocean surface assuming the closure assumption deﬁned by Merlivat and Jouzel [1979].

smooth regime and a rough regime with a separation of the two regimes for wind speeds around 6–7 m/s. The
value of k varies between 6.2‰ and 3.5‰ for 𝛿 18 O, with k𝛿18 O at 3 m/s is 6.4 and at 8 m/s is 3.5, k𝛿D = 0.88k𝛿18 O ,
k𝛿17 O = 0.514k𝛿18 O [Brutsaert, 1975; Merlivat, 1978], and the expression becomes
𝛿E = (1 − k𝛿 )

𝛼 ∗ (𝛿ocean + 1) − RHSST (𝛿v0 + 1)
1 − RHSST

−1

(15)

where 𝛿E0 , 𝛿ocean , and 𝛿v0 is the isotopic value of the evaporation ﬂux, the ocean, and the water vapor in the
ambient air.
4.4. Deuterium Excess
With the deﬁnition of the Global Meteoric Water line [Craig, 1961; Dansgaard, 1964], the d-excess of both
present-day and archived water samples (ice core and ground water) can be calculated. Merlivat and Jouzel
[1979] approached this problem by simplifying the assumptions of the Craig-Gordon model. They took a
global point of view and considered an isolated air parcel that is ﬁlled by evaporation and then precipitates
completely along its trajectory. The water budget is closed so that the weighted mean isotopic composition
of the evaporation ﬂux is equal to that of the precipitation. In addition, if all the water vapor from the boundary layer at the evaporative source precipitates, then the isotopic composition of the precipitation is equal to
that of the boundary layer vapor. Therefore, the isotopic composition of the evaporation ﬂux is equal to that
of the boundary layer vapor. This is also called the closure assumption, referring to the assumption of a closed
water budget. A similar relationship can also be achieved by taking a local point of view, assuming that all the
water vapor in the boundary layer originates from the evaporation ﬂux.
Using the closure assumption, equation (15) can be simpliﬁed to:
𝛿v0 =

𝛼 ∗ (𝛿ocean + 1)(1 − k𝛿 )
−1
1 − k𝛿 ∗ RHsst

(16)

Under the closure assumption it was shown by Merlivat and Jouzel [1979] that the d-excess in the boundary
layer water vapor should theoretically depend strongly on the SST, RHsst , and the wind speed (sea surface
condition; Figure 9). This allowed Merlivat and Jouzel [1979] to speculate that it would be possible to deduce
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glacial source region conditions from ice cores obtained in Polar Regions. Johnsen et al. [1989] deduced source
region conditions for glacial and interglacial conditions for snow accumulating in Greenland using this framework. The added value of using the d-excess of air masses to deduce moisture source conditions lies in the
assumption that the d-excess is conserved during transport and distillation as long as no kinetic fractionation
or too much distillation occurs. This assumption was empirically veriﬁed by Bonne et al. [2014], who combined simultaneous water vapor isotope measurements from three measuring stations along an atmospheric
river bringing moisture from the subtropics up on the Greenland Ice Sheet. Using the d-excess ﬁngerprint in
water vapor Kurita [2011] and Steen-Larsen et al. [2013] showed that Arctic moisture carried a distinctly higher
d-excess than moisture in the midlatitudes. Measurements from South France showed distinct d-excess levels
in air masses from the Mediterranean compared to air masses from the North Atlantic [Delattre et al., 2015].
While marine boundary layer d-excess has received much attention, especially as a tool for identifying marine
source regions for ice core records, there have been far fewer studies of water vapor d-excess in free tropospheric water vapor. Rayleigh distillation predicts that air in the upper troposphere should have high d-excess
(150 − 200‰) [Bony et al., 2008] and may serve as a tracer of subsiding upper tropospheric water vapor
[Blossey et al., 2010]. Samuels-Crow et al. [2014a] presented measurements of d-excess from the high-altitude
(5 km or 550 hPa) subtropical Chajnantor Plateau in the Chilean Andes that were as high as 234‰, consistent
with expectations from Rayleigh distillation. Their back-trajectory analysis showed that there was no link
between marine source area and d-excess, suggesting that free tropospheric d-excess is controlled by a
diﬀerent set of processes than boundary layer d-excess.
A pure Rayleigh distillation process should always yield high d-excess at low mixing ratios, but Samuels-Crow
et al. [2014a] showed that the average d-excess on the Chajnantor was 46‰ when the mixing ratio was below
500 ppm, much lower than would be expected for Rayleigh distillation. Their analysis showed that observations of low d-excess under dry conditions required vapor deposition under ice supersaturation, followed
by a small degree of moistening during transport to Chajnantor. During a cold-air outbreak on Chajnantor
[Galewsky, 2015], the d-excess reached the relatively low value of 35 ± 6‰ at a mixing ratio of only 195 ppmv,
a result signiﬁcantly at odds with pure Rayleigh distillation, which would predict a d-excess of 150‰ at that
mixing ratio. Galewsky [2015] showed that those measurements required vapor deposition under supersaturation with RHice of between 112% and 118%, consistent with Samuels-Crow et al. [2014a]. These studies
suggest that the d-excess in the free troposphere is strongly tied to in-cloud microphysical processes.
4.5. 17 O Excess
Due to the deﬁnition of the 17 O excess and the laboratory ﬁnding relating the fractionation coeﬃcient of
17
18
1 17
H2 O compared to 1 H18
O as ln(𝛼 𝛿 O ) = 0.528 ∗ ln(𝛼 𝛿 O ), no eﬀect of SST is expected to exist on the 17 O excess
2
of the marine boundary layer. However, due to the diﬀerent molecular diﬀusivity of 1 H17
O and 1 H18
O, RHsst
2
2
will continue to have strong inﬂuence as illustrated in Figure 9. The combined measurements of 17 O excess
O and 1 H2 H16 O
and d-excess will make it possible to use the diﬀerence in molecular diﬀusion between 1 H17
2
to constrain kinetic eﬀects caused by forced molecular diﬀusion along a vapor pressure gradient during, for
example, evaporation or deposition, a problem that is otherwise underconstrained. The large d-excess variability at the synoptic scale of up to 30‰ and at the interseasonal scale of up to 8‰ observed in the North
Atlantic Steen-Larsen et al. [2014a, 2015] implies that a 17 O excess variability on synoptic to seasonal scale will
be up to 65 per meg and up to 20 per meg. This is several times larger than the current reported analytical
precision using IRMS, CRDS, or OA-ICOS [Barkan and Luz, 2005; Schoenemann et al., 2013; Steig et al., 2014;
Berman et al., 2013] and should therefore be possible to measure. The lack of SST eﬀect on 17 O excess means
that concomitant measurements of 𝛿 18 O, 𝛿 17 O and 𝛿D will allow one to separate the inﬂuence of RHsst and
SST [Landais et al., 2008]
4.6. Observations of Water Vapor Isotopic Composition in the Troposphere
Having outlined some of the ﬁrst-order processes that govern the spatial distribution of water vapor isotopologues in the troposphere, we now present remote sensing data from TES and in situ data that illustrate some
of these processes.
Figure 10 shows the distribution of in situ stations with at least one full year of measurement of suﬃcient data
and calibration quality to allow for calculating the mean annual water vapor isotopic value 𝛿 18 O and d-excess.
The reader is referred to the individual publications for details about the speciﬁc data sets. A noticeable overrepresentation of stations in the Northern Hemisphere exists. Among stations in the planetary boundary layer,
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Figure 10. Mean annual in situ water vapor 𝛿 18 O and d-excess (where data are available) from stations with at least one full year of measurements together
with elevation of measurement station. The 𝛿 18 O value is given by the color scale of the ﬁlled circle (spanning −11‰ to −50‰), the d-excess is given by the
color scale of the ﬁlled triangle (spanning 8‰to 22‰), and the elevation is given by the color scale of the ﬁlled square (spanning sea level to 5200 m).

there is a clear meridional gradient between the subtropics and Arctic regions. The map documents a surprising homogeneity in the mean annual d-excess in the North American, North Atlantic, and European stations
within the planetary boundary layer. Both stations in Japan show an elevated level in the d-excess likely as a
result of evaporation from the Sea of Japan. It is interesting to note that for the stations in the Paciﬁc region, the
Andes, and the North Atlantic region, which are above the planetary boundary layer there is a clear uniformity
in 𝛿 18 O values, which is signiﬁcantly diﬀerent from the stations in the planetary boundary layer.
Figures 11 and 12 show seasonal averages of TES measurements from the year 2006. In the lower troposphere
(Figure 11), measured 𝛿 D values range from −250‰ in extratropical regions to nearly 0‰ over Africa, likely
due to signiﬁcant transpiration over the Congo basin. Over the northern hemispheric continents, isotopic
variations can primarily be explained in terms of the temperature and continent eﬀects. For example, water
vapor becomes gradually more depleted with lower temperature (higher latitudes) or as air parcels travel from
Europe to Siberia [Gryazin et al., 2014]. Important diﬀerences in isotopic variations are apparent in tropical
regions. For example, isotopic values over India during the summer monsoon are similar to the nearby ocean,
but over Asia isotopic values are lower than the ocean, reﬂecting key diﬀerences in the moisture sources and
processes aﬀecting summertime rains in these regions [J.-E. Lee et al., 2012]. In contrast, water vapor over South
America is most enriched in boreal fall in the lower and middle troposphere, likely indicating that transpiration
and shallow convection are aﬀecting the observed air parcels. While the isotopic distribution of the boreal
winter rainy season over the Amazon is similar to that in boreal summer, comparison of 𝛿 D versus mixing
ratio show that much of the vapor during the Amazonian rainy season is aﬀected by convection [Brown et al.,
2008]. In the middle troposphere (Figure 12), the TES water vapor 𝛿 D ranges from −350‰ in the extratropics
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Figure 11. Seasonal average 𝛿 D for the lower troposphere from TES measurements, averaged over the lowermost 175 hPa, for the year 2006.

to −150‰ in the tropics and in monsoon areas. The Intertropical Convergence Zone (ITCZ) appears as a band
of higher 𝛿 values (about 50‰ higher than surrounding regions) near the equator. Monsoonal regions (South
Asia and South America) show a nearly 100‰ increase in 𝛿 D values during the peak monsoon months.
So far there are few studies that use MetOp/IASI water vapor isotopologue data. However, it is important to
note the huge potential of this sensor, since it can provide global maps (twice daily: morning and evening)
and its operation and follow-up missions are guaranteed for more than two decades. Figure 13 (left) shows
a middle tropospheric 𝛿 D map with the global coverage that can be produced from daily morning overpasses; plotted are only retrievals with reasonable sensitivity: it is required that at least 50% of real middle
tropospheric {q, 𝛿D} pair variations are detectable by the remote sensor, which is the case for typically
120,000 pixels during one morning overpass (IASI-A and -B together). This snapshot observation for the
morning of 16 August 2014 agrees with the most important patterns as observed in the TES climatology for
September-October-November (SON) (Figure 12, bottom right).
Figure 13 (right) shows some details of the daily MetOp/IASI {q, 𝛿D} pair observations with high spatial and
temporal resolution. It depicts the {q, 𝛿D} pairs as observed during the morning of 16 August 2014 at the
four diﬀerent geophysical locations marked by reddish color in the map on the left. The plot is made for q
on the logarithmic scale since then a Rayleigh curve describes almost a straight line (the blue solid line is the
example Rayleigh curve as speciﬁed in the caption of Figure 8). At the four regions the middle tropospheric
{q, 𝛿D} pair distributions are signiﬁcantly diﬀerent. For similar q, the air over Alaska and the North Atlantic is
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Figure 12. Seasonal average 𝛿 D for the middle troposphere deﬁned as the layer between 300 hPa and the top of the “lower troposphere” shown in Figure 11.

Figure 13. Example of MUSICA MetOp/IASI {q, 𝛿D} pair observations in the middle troposphere during a single
morning overpass (at about 10 local time). (left) Daily 𝛿 D morning overpass map (similar coverage is achieved for an
evening overpass at about 22 local time). (right) Distinct {q, 𝛿D} pair distributions observed in the four diﬀerent regions
as marked by reddish color in the left map. The black lines envelop the {q, 𝛿D} area with the highest data point density
and with 66% of all data points. N gives the number of individual observations in each region. The blue line is an
example Rayleigh curve (same as in Figure 8). For more details please refer to Schneider et al. [2016].
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signiﬁcantly more depleted than the air over South Africa and the Persian Gulf. A reason could be that the less
depleted air comes from a source region where during evaporation the temperature or the relative humidity
has been rather low or that it is signiﬁcantly aﬀected by air mass mixing. It is likely that over South Africa the air
is dried due to mixing with upper tropospheric air (large-scale subsidence over the subtropics) and over the
Gulf of Persia it is especially wet due to mixing of very warm air from the boundary layer (moistening without
reaching condensation). The strongly depleted North Atlantic air might also indicate rain reevaporation.

5. Techniques of Modeling
Beyond a simple Rayleigh framework, most interpretations of water vapor isotopic composition require some
degree of modeling, ranging from full simulation in general circulation models to simple one-dimensional
models. In this section, we review the state of the art in modeling approaches for water vapor isotopic composition. Table 3 provides a representative list of models, selected for the key advances that
each represents.
5.1. General Circulation Models
5.1.1. Overview
General circulation models (GCMs) equipped with stable water isotopologue tracers simulate the eﬀects of
fractionation and transport on the isotopic composition of water in all branches of the hydrological cycle,
from evaporation from seawater, evapotranspiration from the land surface, transport and mixing in the atmosphere, precipitation from clouds, and the return of water to the Earth’s surface. Isotopically equipped GCMs
were originally developed to interpret paleoisotope proxy signals using experiments and diagnosis under
preindustrial conditions, identify the controls on water isotope variability at the surface in the absence of
dense and long-term observational networks, and mechanistically understand controls on isotopic variability
using sensitivity tests. Sturm et al. [2010] review the rationale for these models in paleoclimate applications.
Noone and Sturm [2010] and Werner et al. [2011] review the development of isotopically equipped GCMs,
addressing practical considerations involved in their implementation for diﬀerent host models. In this section,
we focus on selected advances since their introduction in the 1980s.
5.1.2. Isotopic GCM History and Development
Stable isotope tracers were ﬁrst incorporated into the Laboratoire de Meteorologie Dynamique (LMD) atmospheric GCM by Joussaume et al. [1984]. They successfully simulated the main global geographic patterns
observed in precipitation 𝛿 18 O and also reproduced the spatial slope between precipitation 𝛿 18 O and surface
temperature for Global Network of Isotopes in Precipitation (GNIP) locations resulting from the temperature
eﬀect, for temperatures less than 15∘ C. This was followed by implementation of isotopic tracers in the NASA
Goddard Institute for Space Studies (GISS) II GCM by Jouzel et al. [1987]. Subsequently, the ﬁrst forward modeling studies of precipitation 𝛿 18 O under Last Glacial Maximum (LGM) conditions were conducted [Joussaume
and Jouzel, 1993; Jouzel et al., 1994] with those models, showing that simulated diﬀerences between modern and glacial 𝛿 18 O agreed reasonably well with ice core data from Antarctica and Greenland. The temporal
temperature eﬀect [Rozanski et al., 1992] was modeled toward continental interiors, albeit weakly, in ECHAM3
[Hoﬀmann et al., 1998] and GISS II [Cole et al., 1999], along with the temporal precipitation amount eﬀect in
the tropics.
Schmidt et al. [2007] made an important advance by equipping the fully coupled atmosphere-ocean general circulation version of the GISS with stable isotope tracers. The isotopic composition of ocean water
is modeled prognostically as it circulates, is lost to evaporation, and is recharged through precipitation
and runoﬀ.
GCMs can also be relaxed, or “nudged,” toward large-scale meteorological ﬁelds from reanalyses, as in Risi
et al. [2012a], for example, rather than allowing the atmosphere to run freely. These are useful if trying to
simulate observed interannual variability or a particular meteorological event, such as a storm [Yoshimura
et al., 2010], for which isotopic observations exist. The single-column models (SCMs) of convection used in
GCMs have been used oﬄine from their host GCMs to study speciﬁc isotopic behavior, for example, the
amount eﬀect using the SCM version of LMD [Risi et al., 2008a]. Water vapor isotopic measurements can
also be assimilated into GCMs using, for example, ensemble Kalman ﬁlter techniques, with promising evidence from idealized experiments that such techniques can improve overall simulation of the hydrologic cycle
[Yoshimura et al., 2014].
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Table 3. Selected Advances in the Development of Water Isotope-Equipped Climate Models
Horizontal
Name
LMD

Resolution
11.25∘ × 7.5∘

Key Technical Advance

Reference

First isotopically equipped

Joussaume et al. [1984]

AGCM with reproduction
of global precipitation 𝛿 18 O
distribution and spatial
temperature eﬀect
GISS

10∘ × 8∘

First combination of water

Koster et al. [1992]

isotopes and source region
tracers, used by Charles et al. [1994]
to estimate contributions of changing
moisture source regions to
Greenland ice core record
LMD

11.25∘ × 7.5∘

First forward modeling of

Joussaume and Jouzel [1993]

water isotopes under paleoclimate conditions (LGM)
ECHAM3

T42

Separate equilibration

Hoﬀmann et al. [1998]

for cumulus and stratiform clouds, ﬁrst model
estimates of temporal
temperature and amount
eﬀects
CLIMBER

51∘ × 10∘

First intermediate-

Roche et al. [2004]

complexity climate model
with water isotopes
REMOiso

0.5∘ × 0.5∘

First high-resolution

Sturm et al. [2005]

regional model with water
isotopes
GISS

5∘ × 4∘

First coupled atmosphere-

Schmidt et al. [2007]

ocean model with water
isotopes
NCAR CAM2

T42

First comparison to satellite

Lee et al. [2009a]

water isotope retrievals
LMDz

2.75∘ × 3.5∘

First isotopic GCM with stretched-

Risi et al. [2010c]

grid zoom functionality
COSMOiso

40

First water isotope implementation in nonhydrostatic

Pfahl et al. [2012]

forecasting model
SPEEDY-IER

T30

Fast physics AGCM

Dee et al. [2015]

Eﬀorts to systematically compare water isotopologue simulations across GCMs have been made through the
Stable Water Isotope Intercomparison Group, now in its second phase (SWING2) [Risi et al., 2012a; Sturm et al.,
2010]. The SWING2 data archive consists of water isotope-equipped model simulations ranging in length for
20–50 years, for free-running and nudged atmospheres, and with data available at monthly temporal resolution. The SWING2 archive is particularly useful for assessing the robustness of diﬀerent isotopic interpretations
[Conroy et al., 2013; Risi et al., 2012a].
GCMs with reduced complexity are a computationally cheaper alternative to the current generation of
isotopically equipped general circulation models. At the expense of higher-resolution details, they permit more numerical experiments and over longer integration times. Roche et al. [2004] equipped the
CLIMBER model with isotopic tracers in a coupled model with simpliﬁed ocean and atmosphere components.
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Other intermediate-complexity models equipped with isotope tracers are the University of Victoria
Earth System Climate Model [Brennan et al., 2012], the iLOVECLIM model [Roche, 2013], and the Simpliﬁed Parameterizations, Primitive Equation Dynamics Isotope-Enabled Reconstructions Model (SPEEDY-IER)
[Dee et al., 2015].
Werner et al. [2011] and Noone and Sturm [2010] provide overviews of what is involved in equipping diﬀerent GCMs with stable water isotope tracers. The details will be model speciﬁc, but common to all will be the
requirement that the isotope tracers be conserved and track the prognostic water through all branches of
the model’s hydrological cycle. In a technical sense, this requires adding duplicate code for the rare (H18
O and
2
HDO) isotopes whenever the state of the prognostic, abundant (H16
O)
water
isotope
changes,
whether
from
2
advection or a transfer between reservoirs. The isotopic change is diﬀerent only during phase changes where
fractionation occurs. Hoﬀman et al. [1998] and Schmidt et al. [2005] describe fractionation physics representative of how stable water isotope tracers are implemented in numerical models, capturing, for example, slow
equilibrium fractionation (representing that of small droplets in stratiform clouds), and kinetic fractionation
in subsaturated environments or during evaporation from the ocean surface. Noone and Sturm [2010] point
out that the complexity of this tracking reﬂects that of the model’s underlying hydrological cycle. In cumulus schemes, for example, this relates to how the parameterizations approximate unresolved processes such
as updrafts, downdrafts, entrainment and detrainment into either, and reevaporation from cloud condensate
and rain.
The sophistication of the isotopic microphysics will also be tied to that of the underlying cloud microphysics.
In current isotopically equipped GCMs, these tend to be simpliﬁed bulk schemes, but isotope physics have
been implemented in more sophisticated limited-domain models [Smith et al., 2006; Blossey et al., 2010] using
higher-order moments of water and ice size distributions. At the other end of the spectrum of complexity,
Galewsky [2009] and Galewsky and Hurley [2010] implemented a simpliﬁed isotopic parameterization into
a perfect precipitation warm rain microphysics scheme in which no condensate was carried in the model,
and Wright et al. [2009] implemented a similar perfect precipitation isotope scheme in the GISS model in
order to quantitatively evaluate the impact of condensate evaporation on the atmospheric hydrologic cycle.
Such semiidealized approaches are useful for exploring the ﬁrst-order impacts of circulation on the isotopic
composition of precipitation and vapor.
5.1.3. Isotopic GCM Evaluation
Evaluation of the simulation of stable isotopologues of water has mostly focused on precipitation rather
than vapor, owing to the abundance of precipitation isotopic measurements. Isotopic simulations have
improved along with the underlying model and increased resolution. Over Greenland, for example, Joussaume
et al. [1984] found that modeled minimum precipitation 𝛿 18 O was 18‰ higher than observations compared to high biases of, for example, 2‰ for ECHAM-3 [Hoﬀmann et al., 1998] and 3‰ for HadCM3 [Tindall
et al., 2009].
There has been far less evaluation of modeled water vapor isotopic composition due to a lack of data,
particularly in the free troposphere. Tropospheric vapor 𝛿 D proﬁles of Ehhalt [1973] over the U.S. Midwest have
been used for evaluation of the GISS Model II [Jouzel et al., 1987] and ModelE [Schmidt et al., 2005], both showing a decrease from −100 to −150‰ in the lower troposphere to −400 to −450‰ in the upper troposphere,
slightly higher than, but inside the variability of, the observed values. Noone and Simmonds [2002] found similar agreement for the Melbourne University GCM (MUGCM). Schmidt et al. [2005] further compared 𝛿 D in
the tropical tropopause layer to CRYSTAL-FACE measurements from Webster and Heymsﬁeld [2003], ﬁnding
that a −650‰ minimum near 10 hPa in reasonable agreement with observations, but against considerable background variability. The lack of model evaluation against measurements of water vapor isotopic
composition has been a shortcoming, in the sense of trying to evaluate quantities more closely connected
to model state variables (humidity) rather than ﬂuxes of those quantities (precipitation and evaporation)
[Noone and Sturm, 2010].
This has changed with the availability of satellite estimates of water vapor isotopic composition. Using the
NCAR CAM2 model, Lee et al. [2009a] performed the ﬁrst model evaluation against satellite water vapor isotope estimates, comparing simulated 𝛿 D in the lower troposphere to retrievals from the Aura TES satellite
instrument. They showed that model data agreement was sensitive to parameter settings in the convective
scheme, hinting at the potential for stable water isotope data to act as a complementary observational tool
for evaluating climate models, as suggested by Schmidt et al. [2005].
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Figure 14. (top) Global distribution of the column-integrated TES HDO/H2 O measurements. (middle) Column-integrated
HDO/H2 O values from the LMDz model. (bottom) Column-integrated LMDz model values after passing HDO/H2 O
proﬁles through the corresponding TES instrument operators.

Quantitative comparison between simulated and remotely sensed water vapor isotope proﬁles requires taking into account the limitations of the retrievals, touched upon in section 3.4.7. These are low quality under
certain conditions such as thick clouds, limited vertical resolution, inﬂuence of the prior proﬁle, and limited sampling coverage. This helps to attribute model data discrepancies to model performance rather than
limitations in the retrieval. The key technical step is the choice of averaging kernels from equation (12),
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which has been approached diﬀerently depending on the type of model experiment. For their nudged
atmosphere experiments, Risi et al. [2012a] used maps of mean averaging kernels estimated from satellite
retrievals. This was based on the assumption that the modeled meteorology was close enough to the actual
meteorology that the factors contributing to averaging kernel structure would be similar.
Figure 14 illustrates such a comparison between TES and the LMDz model for a nudged atmosphere. Figure 14
(top) shows the annual mean global distribution of the column-integrated TES measurements for the year
2007. Figure 14 (middle) shows the corresponding raw values from the LMDz model. Figure 14 (bottom) shows
the corresponding values when the LMDz model HDO/H2 O proﬁles have been passed through the TES instrument operator. The LMDz ﬁeld with the instrument operator reﬂects the greater sensitivity of TES to lower
tropospheric 𝛿 D and also the sparseness of the TES sampling and is what should be compared to TES. When
the retrieval sensitivity and orbital sampling are accounted for, we can conclude that the LMDz model underestimates the HDO/H2 O in the tropics and overestimates it at high latitudes such that the modeled latitudinal
gradient is smaller than observed. This underestimate of the latitudinal gradient is a consistent feature with
global hydrological models [e.g., Field et al., 2010; Risi et al., 2013; Gryazin et al., 2014]. We can test whether a
hypothesis is related to some aspect of the model physics by adjusting the corresponding parameter in the
model and determining if the diﬀerence between the adjusted model and data is improved.
This was done for experiments with a free-running atmosphere for the NASA GISS ModelE2. In that case, they
instead estimated the averaging kernels statistically from model conditions using a simple retrieval simulator embedded within their model, as described in Field et al. [2012]. Without a retrieval simulator, it is diﬃcult
to make comparisons between freely running atmospheric models and satellite data, given that there is no
expectation that the model will reproduce short timescale meteorological conditions aﬀecting retrieval quality, such as the distribution of thick clouds. In these instances, nudged simulations are more suitable, but this
leads to a diﬀerent set of questions that can be examined.
5.1.4. Improving General Circulation Models and Their Simulations
Climate models exhibit a persistent spread in their temperature and precipitation changes in response to a
given scenario for the emissions of greenhouse gases and aerosols [Meehl et al., 2007; Knutti and Sedlacek,
2013]. The representation of subgrid scale processes (such as convective and cloud processes) by parameterizations in atmospheric GCMs play a key role in this spread [Bony and Dufresne, 2005; Sherwood et al.,
2014]). Several studies have attempted to use water isotopic measurements to evaluate and improve the representation of physical processes simulated by models. These studies exploit the opportunities given by the
increasing number of water vapor isotopic observations and the increasing number of GCMs now equipped
with isotopic parameterizations, allowing model comparisons with data.
Using isotopes for improving the representation of physical processes by models is possible only if the representation of isotopic processes is less uncertain than the representation of physical processes. The equilibrium
fractionation coeﬃcients are well known, except for very low temperature [Merlivat and Nief , 1967; Ellehøj
et al., 2013; Lamb et al., 2015], while the kinetic fractionation coeﬃcients are less certain. The Rayleigh and
mixing lines are well established, while the representation of reevaporation processes, especially associated kinetic fractionation processes, are less certain. The major diﬃculty in the simulation of 𝛿D or 𝛿 18 O is
how to combine Rayleigh distillation, mixing and evaporation lines to reproduce observations. This depends
mainly on macrophysical processes, such as turbulent and convective processes or the large-scale circulation.
The uncertainty in isotopic processes plays a very minor role. For d-excess, in contrast, the uncertainty on
isotopic processes cannot be completely neglected.
Water vapor isotope measurements can be used to understand the cause of model biases. For example,
combining various water vapor 𝛿 D measurements, sensitivity tests with a GCM and model outputs from the
SWING2 archive, Risi et al. [2012b] argued that the moist bias that GCMs exhibit in the tropical and subtropical
middle and upper troposphere is due to excessive vertical diﬀusion.
Water vapor isotope measurements can also be used to detect shortcomings in the representation of physical
processes that do not arise in conventional meteorological or climatological variables. For example, all isotopic
GCMs underestimate the observed latitudinal gradient in upper tropospheric water vapor [Risi et al., 2012b],
the variability in water vapor and precipitation d-excess at the daily scale in polar regions [Steen-Larsen et al.,
2013] and the isotopic depletion recorded at LGM in tropical archives [Jouzel et al., 2000; Werner et al., 2001;
Risi et al., 2010c]. These may reveal common biases in the representation of physical processes in GCMs or
the absence of certain key processes in the models. If a climate simulation seems correct when compared to
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Figure 15. GISS GCM agreement across a small ensemble of 18 perturbed physics experiments for diﬀerent observation
types across the tropics for 2005–2011 [Field et al., 2014]. The metric of model data agreement is the spatial pattern
correlation between model and observations in the annual mean. The greater spread in agreement for 𝛿D suggests that
these measurements have unique potential beyond conventional observations for model evaluation.

conventional climate variables, it could be for the wrong reasons because of compensating errors. Such errors
may not always compensate for water isotopes, so that water isotopes are helpful to detect shortcomings in
the representation of physical processes. This opportunity remains largely unexplored.
Water vapor isotope measurements could also be used to tune the physical parameters on which GCM
simulations rely [Mauritsen et al., 2012; Hourdin et al., 2013]. Several studies have shown the sensitivity of
simulated water isotopic composition of vapor or precipitation to model parameters in cloud or convective
parameterizations [Schmidt et al., 2005; Bony et al., 2008; Lee et al., 2009b]. Field et al. [2014] conducted a small
set of perturbed physics experiments with the GISS GCM evaluated against diﬀerent observations over the
tropics. Indeed, they found that model data agreement across the diﬀerent experiments varied more strongly
for midtropospheric 𝛿 D (compared to TES), relative to more conventional observations such as precipitation,
temperature, and humidity (Figure 15). The spread in agreement between modeled and observed 𝛿 D, for
example, is more than twice that of the relative humidity in the midtroposphere or precipitation amount.
Understanding why this is the case requires further investigation, but the results do suggest that water vapor
isotopic measurements may provide unique value for model evaluation.
5.2. Limited Domain Models
As with GCMs in general, isotopically equipped GCMs are limited in performance by coarse resolution.
An important development in this regard has been the implementation of water isotopologue tracers in
high-resolution limited-domain models, boundary conditions for which are provided by an isotopically
equipped GCM. This was ﬁrst done for the regional climate model (RCM) REMOiso, by Sturm et al. [2005] at
0.5∘ × 0.5∘ resolution. The most apparent improvement was in the ability of REMOiso to capture orographic
gradients in precipitation 𝛿 18 O over the Alps, Pyrenees, and Scandinavian Mountains that would not have
been resolved by isotopically equipped GCMs at the time. REMOiso has subsequently been applied to isotopic
simulations over France [Genty et al., 2014; Labuhn et al., 2014], South America [Insel et al., 2013; Sturm et al.,
2007a, 2007b], Greenland [Sjolte et al., 2011], and Svalbard [Divine et al., 2011]. Over South America [Sturm
et al., 2007a], the most signiﬁcant performance improvement relative to the host ECHAM-4 GCM was a more
realistic dry-season altitude eﬀect over the Andes compared to GNIP precipitation 𝛿 18 O. Similar improvements
were seen in the REMOiso 𝛿 18 O temperature slope over GNIP and ice core sites in Greenland relative to the
ECHAM-4 GCM [Sjolte et al., 2011]. Pfahl et al. [2012] equipped the COSMO nonhydrostatic weather forecasting model with stable water isotopologues, with a grid size of 0.0625∘ , which is suitable for short integrations.
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They analyzed a single storm in 1986 during which snow and precipitation 𝛿 18 O samples were taken along
the east Coast of the U.S. [Gedzelman and Lawrence, 1990]. COSMOiso simulations of 3-hourly accumulated
precipitation 𝛿 18 O were considerably better than the outer global model, accurately capturing speciﬁc synoptic features of the precipitation and vapor 𝛿 18 O for a single site. The Scripps Experimental Climate Prediction
Center’s Regional Spectral Model (RSM) equipped with isotopes was used to study an atmospheric river event
[Yoshimura et al., 2010].
As a compromise between global models with lower resolution and limited-domain models requiring externally prescribed boundary conditions, the latest version of the isotopically equipped LMD GCM (LMDz)
[Risi et al., 2010c] has the functionality of a higher-resolution regional grid nested within a coarser resolution
global grid. Particularly for free-running simulations, the advantage is greater internal consistency compared
to a regional model, because the ﬁelds on the coarse global model grid cannot respond to changes on the
ﬁner grid of the regional model
General circulation models and regional models rely on physical parameterizations, e.g., a single-column, statistical representation of physical processes whose horizontal scale is smaller than that of the grid box. In
particular, shallow and deep convection or boundary layer turbulence need to be parameterized. As a consequence, the isotopic composition simulated by GCMs, RCMs, or SCMs are sensitive to empirical parameters
involved in these parameterizations [Bony et al., 2008; Lee et al., 2009a]. This is a limitation when using such
models to investigate the eﬀect of convection or turbulence on the isotopic composition of water vapor.
In cloud-resolving models (CRMs), the horizontal scale is ﬁne enough (shorter than a few kilometers) for
deep convection to be represented explicitly [Redelsperger and Lafore, 1988]. To investigate the eﬀect of deep
convection on troposphere-to-stratosphere exchanges, Smith et al. [2006] and Blossey et al. [2010] implemented water isotopologues in the Distributed Hydrodynamic Aerosol and Radiation Modeling Application
(DHARMA), [Stevens and Bretherton, 1996] and in the System for Atmospheric Modeling (SAM) [Khairoutdinov
and Randall, 2003], respectively. The isotopic version SAM was also used to investigate the amount eﬀect
[Moore et al., 2014].
Most CRMs remain too coarse for explicitly representing shallow convection and boundary layer turbulent
structures. This requires models with an even ﬁner horizontal resolution (a few tens of meters), called large
eddy simulation (LES) models. To investigate the eﬀect of boundary layer processes on the isotopic composition of low-level vapor, X. Lee et al. [2012] implemented water isotopologues in the National Center for
Atmospheric Research (NCAR)-LES model [Patton et al., 2005]. In the same way that GCMs can be equipped
with satellite simulators, the high horizontal (50 m) and vertical (20 m) resolution of their LES allowed them
to simulate Keeling plots (see section 6.1.2) as would be obtained from a ﬂux tower, and thus to test some
of the assumptions underlying the method to estimate the isotopic composition of evapotranspiration. Such
high-resolution simulations oﬀer the unique opportunity to explore the interpretation of observations over
small horizontal and vertical scales.
To date, only a few CRMs or LES models are equipped with water isotopologoues, though projects are ongoing to implement water isotopologues in other models such as the Weather Research and Forecasting (WRF)
or the Mesoscale Nonhydrostatic (Meso-NH) models. Even for the CRMs or LES models that do have water isotopologues, the opportunities oﬀered by these tools remain largely unexplored. CRMs and LESs have been
extensively and successfully used for investigating convective and cloud processes, but for only a few cases
with water isotopologues. Furthermore, CRMs or LES are valuable as a link between observations and parameterized models [Randall et al., 1996]. They can be directly compared to SCMs and thus help in the evaluation
and development of parameterizations [Rio et al., 2009; Couvreux et al., 2010; Hourdin et al., 2013]. Again, this
opportunity has been unexplored so far for water isotopologues.
CRMs or LES are often applied for case studies, such as those derived from observational campaigns [Bechtold
et al., 2000]. The limitation in this case is that these models require initial and boundary conditions based on
observations, which are often lacking for water isotopologues. Therefore, to date, the application of CRMs or
LES is most promising for idealized cases [e.g., Moore et al., 2014].
5.3. Lagrangian Models
GCMs, RCMs, CRMs, and LESs are all Eulerian in the sense that mass is exchanged between ﬁxed, discrete
volumes. Alternatively, Lagrangian models are used to calculate the trajectory and composition of an inﬁnitesimal air parcel in the atmosphere and, in contrast to Eulerian models, are not subject to numerical diﬀusion.
GALEWSKY ET AL.

ISOTOPES IN THE ATMOSPHERIC WATER CYCLE

839

Reviews of Geophysics

10.1002/2015RG000512

They also more explicitly retain information about a parcel’s history, which is useful for understanding controls on the isotopic composition of vapor arriving at a site of interest. For a review of the implementation,
calculations, and use of trajectories, the reader is referred to Stohl et al. [1998] and Wilson and Sawford [1996].
Lagrangian trajectories can either be calculated forward or backward starting from a point in space and time
and using the three-dimensional wind ﬁeld to calculate the displacement either forward or backward in time.
Several diﬀerent Lagrangian trajectory models exist: e.g., FLEXPART [Stohl et al., 2005], HYSPLIT [Draxler and
Hess, 1998], KNMI trajectory model [Scheele et al., 1996], LANGRANTO [Wernli and Davies, 1997], NAME [Jones
et al., 2007], and TRAJ3D [Bowman and Carrie, 2002].
One advantage of Lagrangian models compared to Eulerian models is that estimating moisture sources
[e.g., Dirmeyer and Brubaker, 1999] is computationally cheaper. This has, for example, been used to characterize the global hydrological cycle [Dirmeyer and Brubaker, 2007], and to estimate moisture sources for the snow
that falls on top of the Greenland and Antarctic Ice Sheets under the Last Glacial Maximum and at present day
[Sodemann et al., 2008; Rhines and Huybers, 2014; Reijmer et al., 2002].
Lagrangian models have also been equipped with water isotopes [e.g., Helsen et al., 2004] by following the
approach of Ciais [1994] simulating the isotopic fractionation during moisture uptake into an air parcel or
phase transition occurring in an isolated air parcel being simulated. This has been used in trajectory calculations to simulate the isotopic composition of precipitation in Antarctica and Greenland [Helsen et al., 2006;
Sodemann et al., 2008] and in water vapor in Hawaii [Hurley et al., 2012]. However, due to limited understanding
and ability to parameterize postdepositional processes [e.g., Steen-Larsen et al., 2014b] several caveats have to
be taken into considerations when interpreting the results together with ice core isotope records. It is therefore important to compare combined trajectory and isotope modeling directly with atmospheric water vapor
isotope observations. This was carried out by Pfahl and Wernli [2008], who compared individual observed
water vapor d-excess in Rehovot (Israel) with RHsst and SST in the regions where backward trajectories simulated moisture uptake. This thereby revealed the controls on the d-excess signal. Instead of deducing the
drivers on the d-excess, Steen-Larsen et al. [2015] calculated the spatial distribution of mean annual d-excess in
the North Atlantic by combining the moisture uptake-weighted d-excess signal from two independent monitoring stations. It is, however, clear that the added value from Lagrangian trajectories can be achieved when
two or more continuous water vapor monitoring stations can be connected by an air mass trajectory. A ﬁrst
attempt to do this was carried out by Bonne et al. [2015], who characterized moisture uptake and transport
of an atmospheric river passing over three atmospheric water vapor isotope monitoring stations. They compared the change in measured water vapor isotopic composition between monitoring stations with expected
changes calculated by a distillation model using the observed changes in speciﬁc humidity and temperature
to drive the model.
Hurley et al. [2012] used Lagrangian trajectories along with Eulerian last-saturation tracers [Galewsky and
Hurley, 2010] to test an advection-condensation model of subtropical water vapor at Mauna Loa, Hawaii. They
found that the Lagrangian and Eulerian frameworks could only be reconciled through the inclusion of moistening free tropospheric air with water vapor from the boundary layer. Their study showed how measurements
of water vapor isotopic composition can be used to reconcile Lagrangian and Eulerian models for the humidity
of the free troposphere.
While there have been many diﬀerent approaches to forward modeling of water vapor isotopic composition,
as described above, there have been fewer attempts at inverse modeling. One approach to inverse modeling of in situ isotopic measurements was presented by Galewsky and Rabanus [2016]. Their technique used a
genetic algorithm to invert observations from the Chajnantor Plateau in northern Chile to obtain the spectrum of last-saturation temperatures and moistening fractions that best ﬁt the observations. While inverse
techniques for isotopic measurements are still in their infancy, they show promise for using such data sets to
obtain parameters of broad climatological interest.
With future organization of water vapor isotope monitoring stations into networks such as the NEON network
(www.neonscience.org), it will be possible to combine multiple station with transport models and carry out
inverse modeling to constrain processes such as surface evapotranspiration. This approach has previously
been used to constrain CO2 sinks and sources [e.g., Gurney et al., 2002].
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6. Applications to Atmospheric Processes
One of the goals of much research into water vapor isotopic composition has been to use such measurements
to understand broader issues in the atmospheric water cycle. In this section, we review several of those studies
to illustrate the scope and potential of such applications. Figure 1 shows many of the processes discussed
below and places them into context within the hydrologic cycle.
6.1. Boundary Layer Processes
6.1.1. Marine Boundary Layer
Due to the inﬂuence of kinetic eﬀects, studies of water vapor isotopic composition in the marine boundary
layer have particularly focused on the ability to model observed variations in the d-excess. These studies have
also had the added value of improving the paleoclimate community’s ability to reconstruct past variations in
the ocean conditions.
Craig and Gordon [1965] developed an expression for the isotopic composition of the evaporative ﬂux, which
was later simpliﬁed by Merlivat and Jouzel [1979] under the closure assumption. Due to the ease-of-use
description of Merlivat and Jouzel [1979], signiﬁcant eﬀort has gone into benchmarking the closure assumption. The closure assumption is based on the assumption that locally all the water vapor in the boundary layer
originates from the local evaporation ﬂux. It was found using isotope-enabled GCM simulations that the closure assumption resulted in excessively low 𝛿 18 O and 𝛿 D of the marine boundary layer vapor but d-excess
values that were too high [Jouzel and Koster, 1996]. Uemura et al. [2008] carried out one of the ﬁrst studies to benchmark directly the description of Merlivat and Jouzel [1979] by collecting water vapor from the
marine boundary layer in the Southern Ocean. They found a strong correlation with RHsst with a slope of
−0.48‰(d-excess) RHsst , which was, however, signiﬁcantly steeper than the value prescribed for a smooth
ocean surface (wind speed 3 m/s) by Merlivat and Jouzel [1979] of −0.43‰(d-excess) RHsst and the value prescribed for a rough ocean surface (wind speed 8 m/s) of −0.28‰(d-excess)/RHsst . Using in situ continuous
observations spanning more than a full year from the Bermuda Islands and Iceland, a near perfect agreement
with Merlivat and Jouzel [1979] was achieved (see Table 4) with slope of −0.426 ± 0.004‰(d-excess)/RHsst
(Bermuda Islands) and −0.466 ± 0.013‰(d-excess) /RHsst (Iceland) [Steen-Larsen et al., 2015, 2014a]. Subdividing the data set, it was found that the slope would vary depending on season and wind direction. Surprisingly,
the observations from the Bermuda Islands and Iceland showed a nearly identical relationship between
d-excess and RHsst indicating, contrary to earlier predictions [Merlivat and Jouzel, 1979], limited inﬂuence of
SST [Steen-Larsen et al., 2015]. No inﬂuence of wind speed on the observed relationship between d-excess and
RHsst was observed, however, a ﬁnding also supported by Benetti et al. [2015]. The strong linear correlation
between d-excess and RHsst was also found from a 1 month long ship-based campaign in subtropical Eastern
North Atlantic Ocean (slope −0.45‰(d-excess)/RHsst ) [Benetti et al., 2014]. An indirect estimate of the relationship between d-excess and RHsst was carried out using backward trajectories [Pfahl and Wernli, 2008]. They
obtained a slope of −0.53‰(d-excess)/RHsst for the eastern Mediterranean but were not able to document
any relationship with SST. The documented strong relationship between d-excess and RHsst illustrates that
under the assumption that the d-excess signal is conserved during transport [Bonne et al., 2015], the d-excess
in paleoclimatic archives can be used to reconstruct source region conditions.
Benetti et al. [2015] introduced a multilayer mixing model in order to account for entrainment of the lower
tropospheric air into the marine boundary layer. They showed that by doing this, it was possible to correctly
simulate the d-excess as well as the water vapor isotopic composition, which was not possible when using
the closure assumption. They used lower tropospheric water vapor isotopic composition simulated by an
isotope-enabled GCM (LMDZiso) as input to their one-dimension model.
While Benetti et al. [2015] focused on the short-term (hourly) temporal variation of water vapor isotopic composition and d-excess, Steen-Larsen et al. [2015] focused on the relationship between d-excess and the water
isotopologues on synoptic time scales. Using the isotopic ﬂux described by Craig and Gordon [1965] and a box
model developed by Gat et al. [2003], previously used to describe observed isotopic variation in the Mediterranean, Steen-Larsen et al. [2015] were able to explain the observed relationship between d-excess and the
isotopic composition in the marine boundary layer of the North Atlantic.
The marine boundary layer in the subtropics is strongly inﬂuenced by the trade wind inversion. Shallow convection can transport boundary layer water vapor across the inversion, while entraining dry free tropospheric
air into the boundary layer [e.g., Albrecht et al., 1979]. Bailey et al. [2013] obtained proﬁles of water vapor mixing
ratio and isotopic composition across the trade inversion on the Island of Hawaii and showed that cloud
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Table 4. Slope of D-excess (Per mil) Versus RHsst (Percent), Calculated and
Observed
Value

Reference

Note

−0.43

Merlivat and Jouzel [1979]

Calculated, for smooth surface

−0.28

Merlivat and Jouzel [1979]

Calculated, for rough surface

−0.48

Uemura et al. [2008]

Observed

−0.53

Pfahl and Wernli [2008]

Observed

−0.464

Steen-Larsen et al. [2015]

Observed

−0.426

Steen-Larsen et al. [2014a]

Observed

−0.45

Benetti et al. [2015]

Observed

condensate reevaporation from clouds associated with daytime convection was required to explain the isotopic composition near the top of the mixed layer. They also found that water vapor transport from the
boundary layer into the free troposphere could be understood in terms of a vertical mixing model modulated
by residual layers that formed during previous mixing events.
Only one study has so far measured 17 O excess in the marine boundary layer [Uemura et al., 2010]. They
showed, in agreement with theory [Craig and Gordon, 1965; Merlivat and Jouzel, 1979], that the 17 O excess
is controlled by kinetic fraction during evaporation, and they showed a strong linear relationship between
17
O excess and RHsst . However, their data are not conclusive on the eﬀect of wind speed on the kinetic
fractionation.
6.1.2. Continental Boundary Layer and Recycling
Water vapor isotopic measurements at continental sites have been used to identify the sources of boundary
layer water vapor, including continental evapotranspiration, free tropospheric water vapor, or from rainfall
reevaporation [Wen et al., 2010].
Surface water vapor isotopic composition reﬂects the relative proportion of free tropospheric vapor, which
depends on the intensity of boundary layer mixing. At the diurnal scale, surface water vapor is most depleted
and has maximum d-excess during the afternoon, when boundary layer mixing is at its maximum [Lai and
Ehleringer, 2010; Angert et al., 2008; Wen et al., 2010; Welp et al., 2012]. For 𝛿D and 𝛿 18 O, this is consistent with
free tropospheric water vapor being more depleted with altitude. For d-excess, this could be consistent either
with a diurnal change in the evapotranspiration composition or with an increasing d-excess with altitude.
Measurements of d-excess proﬁles reaching above the boundary layer would be necessary to check the latter
hypothesis. Several studies suggest that water vapor isotopic measurements could help characterize boundary layer mixing and associated structures [Noone et al., 2012; Lee et al., 2012], but quantitative estimates have
not yet been done.
Quantitative estimates based on water vapor isotopic measurements have been more successful for the
partitioning of the evapotranspiration ﬂux into its diﬀerent components: bare soil evaporation and transpiration [Moreira et al., 1997; Yepez et al., 2003; Williams et al., 2004] or standing water evaporation and
snow sublimation [Noone et al., 2012]. These studies rely on the estimate of the isotopic composition of the
total evapotranspiration ﬂux. This can be done through the Keeling plot approach [Keeling, 1961], in which
the measured water vapor 𝛿 D or 𝛿 18 O is regressed against the inverse of speciﬁc humidity [Griﬃs, 2013].
Diﬀerent values for water vapor 𝛿 D or 𝛿 18 O may correspond to diﬀerent times of day [e.g., Moreira et al., 1997]
or to diﬀerent altitudes within the boundary layer [Noone et al., 2012]. This approach has several limitations
[Good et al., 2012; Griﬃs, 2013] which could potentially be lifted with an improvement in the temporal and
vertical resolution of the measurements [Noone et al., 2012]. An alternative approach is the eddy covariance
method applied to isotopic measurements [Saleska et al., 2006; Sturm et al., 2012], which would outperform the Keeling plot approach if a response time shorter than a few seconds could be achieved with laser
instruments [Good et al., 2012; Griﬃs, 2013]. The residence time in the sampling device is, however, a limitation.
Once the isotopic composition of the total evapotranspiration ﬂux is estimated, the ﬂux can be partitioned
into two components, as long as the isotopic composition of these components are known. For example,
in the case of the partitioning into bare soil evaporation and transpiration, the isotopic composition of bare
soil evaporation can be estimated using the equation of Craig and Gordon [1965] and measurements of
surface soil composition, whereas the isotopic composition of transpiration can be estimated using isotopic
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measurements in plant tissues [Moreira et al.,
1997]. The isotopic composition of transpiration
and of its variations through the day has been
the subject of many studies [e.g., Flanagan and
Ehleringer, 1991], to which laboratory measurements using water vapor in situ analyzers have
also contributed [X. Lee et al., 2007].
At the continental scale, an important component of the water cycle is continental recycling,
which is the partial return of continental precipitation back to the atmosphere through evapotranspiration. For example, the proportion of
the precipitation arising from evapotranspiration over land can reach up to 85% in Siberia
in summer or remain above 60% in the Congo
Figure 16. Probability density function of the isotopic
basin all year long [Koster et al., 1986; Yoshimura
composition (𝛿 18 O and d-excess) of water vapor at the lowest
et al., 2004; van der Ent et al., 2010; Gimeno et al.,
model level for all tropical land locations and for all days in
2010;
Goessling and Reick, 2011]. Quantifying
2006, for total vapor (black), vapor originating from ocean
continental recycling usually involves regional
evaporation (blue), vapor originating from land surface
transpiration (green), and vapor originating from bare soil
atmospheric water budgets based on reanalevaporation (pink). These probability density functions are
yses, observations, or models [Brubaker et al.,
calculated from a model simulation equipped with the
1994; Eltahir and Bras, 1996; Gong and Eltahir,
water-tagging technique [Risi et al., 2013].
1996; Bosilovich and Schubert, 2002; Dirmeyer
and Brubaker, 2007; Dirmeyer et al., 2009; Gimeno et al., 2012]. A drawback of such methods is that it is diﬃcult
to accurately take into account the eﬀect of mixing and of subgrid scale water vapor transport, sources and
sinks. Some studies used the water-tagging technique to overcome this issue [Koster et al., 1986; Numaguti,
1999; Yoshimura et al., 2004], but in all cases, such water budgets remain diﬃcult to evaluate observationally. In
this context, water vapor isotopic measurements have been suggested as a way to observationally constrain
continental recycling.
Water originating from the land is more enriched in heavy isotopes than the ambient water vapor [Gat, 1996].
This property contributes to the maximum enrichment that is observed by satellites over tropical land masses
[Worden et al., 2007; Brown et al., 2008; Frankenberg et al., 2009]. While lighter isotopes evaporate more easily from the ocean [Craig and Gordon, 1965], transpiration is not associated with fractionation relative to soil
water because there is no fractionation during root extraction [Washburn and Smith, 1934; Barnes and Allison,
1988; Flanagan and Ehleringer, 1991] and all water extracted by the root needs to be transpired when steady
state is reached after extraction [Brunel et al., 1995; Walker et al., 2001]. Soil water originates from precipitation, which is to ﬁrst order at equilibrium with the ambient vapor [Field et al., 2010] and thus more isotopically
enriched than the water vapor. For example, Figure 16 shows how the isotopic signature of transpired water
vapor over tropical lands is distinct from that of the oceanic vapor [Risi et al., 2013]. Several studies have
tried to exploit this property to infer continental recycling using isotopic measurements in the precipitation
[Salati et al., 1979]. Measurements of water vapor isotopic composition should, in principle, allow us to more
directly infer the evaporative origin without being disturbed by postcondensational processes [Stewart, 1975;
Lee and Fung, 2008; Risi et al., 2010b], opening the prospect to more precisely constraining continental recycling [Risi et al., 2013; Sutanto et al., 2015]. Note that attempts have also been made to partition continental
recycling into its transpiration and evaporation components using isotopic composition in lakes and rivers
[Jasechko et al., 2013], an approach that is beyond the scope of this paper.
Evaporation from bare soil is characterized by a higher d-excess (Figure 16) because kinetic fractionation during the evaporation of soil water is very strong [Mathieu and Bariac, 1996; Braud et al., 2009a, 2009b]. In this
case, the evaporation of HDO is favored by its high diﬀusivity. This property is the basis of studies trying
to partition continental recycling into its transpiration and evaporation components [Gat and Matsui, 1991;
Aemisegger et al., 2013].
Despite the potential advantages of isotopic measurements, it has proven diﬃcult to use water vapor isotopic measurements to estimate continental recycling with a better precision than classical water budget
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methods [Risi et al., 2010a] because water vapor isotopic composition over land is not a single function of
continental recycling but also depends on boundary layer processes, deep convection, and large-scale circulation [Frankenberg et al., 2009; Risi et al., 2010a; X. Lee et al., 2012; Welp et al., 2012]. The water vapor isotopic
composition is an integral over all of the relevant processes active along the trajectory, so it can be diﬃcult to
parse the contributions from individual processes. Several studies have tried to circumvent this problem by
focusing on daily variability rather than on mean values, but diﬃculties remain [Risi et al., 2013; Aemisegger
et al., 2013]. Better understanding of the combination of processes that control the isotopic composition is
necessary before we can make a more quantitative use of water vapor isotopic measurements to constrain
continental recycling. In this perspective, the uncertainties in the representation of moist processes in general
circulation models or regional models limits our ability to understand the isotopic impact of this combination
of processes [Risi et al., 2013].
6.2. Free Atmosphere
6.2.1. Water Vapor Transport and Mixing in the Subtropical Free Troposphere
To ﬁrst order, the humidity of the arid subtropical free troposphere can be understood in terms of large-scale
mixing between air parcels that have been subjected to a variety of condensation and moistening histories
[e.g., Galewsky et al., 2005]. Predicting changes in subtropical humidity under global warming is challenging,
but essential for a full picture of the water vapor feedback [Pierrehumbert et al., 2006]. Our understanding of
the humidity of the free troposphere has been substantially clariﬁed by the so-called “last-saturation” concept,
which approximates the water vapor mixing ratio of air by its saturation value when it was last in a cloud
[Pierrehumbert et al., 2006; Hurley and Galewsky, 2010]. This concept has proved very useful, especially for
understanding the controls on subtropical humidity, which is inﬂuenced by far-ﬁeld processes and nonlocal
mixing [Galewsky et al., 2005; Cau et al., 2007; Wright et al., 2010].
Most studies that make use of the last-saturation concept rely on reanalysis or GCM output. Given the importance of the subtropical humidity for understanding the water vapor feedback [e.g., Held and Soden, 2000],
it would be useful to identify an independent data set that could be used to constrain the processes that
inﬂuence free tropospheric humidity. In principle, measurements of the stable isotopic composition of water
vapor can provide such a data set.
Galewsky and Hurley [2010] used an idealized GCM and transilient turbulence theory to place water vapor
isotopic composition into a last-saturation framework and showed how water vapor isotopic composition
simulated in an isotope-enabled GCM can be understood in terms of last-saturation, mixing, and moistening
from the boundary layer. Their study predated data sets large enough to fully explore the implications of the
theory, but such data sets are currently being collected.
Early, ﬂask-based, measurements of water vapor isotopic composition from the summit of Mauna Kea, Hawaii,
[Galewsky et al., 2007] were supplemented by an idealized GCM to show how subtropical humidity is largely
controlled by mixing, but those studies consisted only of water vapor 𝛿 D measurements. Some of the ﬁrst
continuous CRDS measurements of subtropical water vapor isotopic composition on Mauna Loa, Hawaii, and
Tenerife, Canary Islands, aﬃrmed the primacy of mixing and the last-saturation concept for subtropical humidity [Hurley et al., 2012; Noone et al., 2011; González et al., 2016]. Dyroﬀ et al. [2015] found relatively high water
vapor 𝛿 values (𝛿 D close to −125‰) up to almost 5500 m in several high-resolution aircraft proﬁles measured
over the Northern Subtropical Atlantic, which is consistent with strong mixing from the boundary layer.
As CRDS techniques improved, reliable measurements of water vapor d-excess became available from arid,
high-altitude subtropical sites such as the Chajnantor Plateau in the northern Chilean Andes. Galewsky et al.
[2011] ﬁrst showed how interpretations of mixing in isotopic measurements from arid subtropical sites
can be confounded by the isotopic eﬀects of vapor deposition under supersaturated conditions at remote
last-saturation sites. A conceptual model of last saturation under supersaturated conditions followed by
moistening was used to explain d-excess measurements from the Chajnantor Plateau in Samuels-Crow et al.
[2014a] and was used to quantitatively constrain the supersaturation and mixing in measurements from a
South American cold-air outbreak [Galewsky, 2015] using a genetic algorithm to ﬁt a simple model to the data.
Galewsky and Rabanus [2016] extended the genetic algorithm approach and applied it to a longer period of
the data set to obtain the spectrum of last-saturation temperatures and moistening fractions governing the
humidity at the site, thereby directly linking in situ measurements to the last-saturation paradigm.
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These studies have shown how continuous, long-term monitoring of water vapor isotopic composition can
provide constraints on mixing and moistening at subtropical sites that will be useful for monitoring the water
vapor feedback and will be a useful complement to other climatological measurements.
6.2.2. Stratosphere-Troposphere Exchange
Water in the stratosphere plays an important role in climate through its inﬂuences on radiation and ozone
chemistry [Forster and Shine, 2002; Kirk-Davidoﬀ et al., 1999]. The mechanisms for transport of water vapor
from the troposphere into the stratosphere depend on transport processes in the tropical tropopause layer
“cold trap” [Fueglistaler et al., 2005; Holton and Gettleman, 2001], within the stratosphere on the speed of
the slow poleward component of the Brewer-Dobson Circulation [Butchart, 2014], and between the stratosphere and troposphere in the extratropics on diﬀerent exchange processes [Gettelman et al., 2011]. Rosenlof
et al. [2001] showed that stratospheric humidity has increased over the last 50 years at about 1% per year,
indicative of a long-term change in the transport of water vapor into the stratosphere, and water vapor isotopic studies have been brought to bear in an attempt to diagnose the mechanisms for this increase in
stratospheric humidity.
There is a longstanding debate about the relative importance of the processes that govern the entry of water
vapor into the stratosphere. Above about 13–14 km in the tropics, at the base of the tropical tropopause layer
(TTL), the clear sky radiative heating is positive, and this diabatic heating causes air to ascend gradually. In the
troposphere, convection is responsible for the vertical mixing of air and most, but not all, of the condensing
water is removed by rain formation or sedimentation of cloud droplets. Air that detrains below the level of
zero radiative heating (LZRH) will subside, but air that detrains above the LZRH can enter the stratosphere. If
convection detrains near the LZRH, it enters the TTL and the air will be further dehydrated during its ascent to
the tropopause by in situ formation of cirrus clouds, which leads to more isotopic depletion before the water
enters the stratosphere. In this scenario, the humidity of the air entering the stratosphere is controlled by
the coldest temperature encountered during transport. Water detraining from deep convection can either be
injected directly into the stratosphere [Sherwood and Dessler, 2000] or mix with the ambient reservoir below
the tropopause [Dessler and Sherwood, 2003]. Mixing of older stratospheric air from higher latitudes that has
experienced in situ formation of H2 O from CH4 oxidation can also contribute to the water budget near the
tropical tropopause. Distinguishing between these processes is important, because their relative balance may
have changed and may change in the future as the climate warms.
The isotopic composition of water vapor in the upper troposphere and lower stratosphere (UTLS) is a potentially useful (and measurable) tracer of these processes. Early measurements of stratospheric water vapor
isotopic composition [Johnson et al., 2001a; Moyer et al., 1996] suggested a 𝛿 D of about −670‰ for water vapor
entering the stratosphere, which is substantially higher than would be expected for a simple Rayleigh distillation model of dehydration down to stratospheric mixing ratios. This apparent “underdepletion” was variously
interpreted in terms of the lofting and sublimation of isotopically enriched cloud ice [Moyer et al., 1996] or in
terms of mixing slowly rising air from the bottom of the TTL with drier air detrained from convection [Dessler
and Sherwood, 2003].
High-resolution measurements of water vapor 𝛿 D across the TTL have helped provide additional constraints.
Kuang et al. [2003] presented remote sensing data spanning the upper troposphere (UT) and lower troposphere and showed that the water vapor 𝛿 D values did not decrease in the region, despite a 4–5-fold decrease
in the mixing ratio, a result that is inconsistent with a simple gradual dehydration mechanism. Webster and
Heymsﬁeld [2003] showed substantial variability below the tropopause in their in situ measurements of 𝛿 D,
which they interpreted to represent a combination of both convective and gradual dehydration mechanisms.
In the UTLS over the southwest U.S., Hanisco et al. [2007] measured stratospheric 𝛿 D between −400‰ and
−600‰, higher than would be expected from Rayleigh distillation to stratospheric mixing ratios. Using a
simple model including the contributions of a tropical vapor source and a convective ice source, they estimated that up to 45% of the summertime stratospheric vapor over North America was of convective (but not
necessarily local) origin and with considerable uncertainty related to assumptions about the tropical stratospheric 𝛿 D entry value and variability in the 𝛿 D of ice. Dessler et al. [2007] used a trajectory model of last
saturation with a probabilistic estimate of the contributions of deep convection to ice water. They found that
with the contribution of convectively lofted ice, stratospheric 𝛿 D was brought into better agreement with the
ATMOS retrievals when convection was capped below the cold point (but was unrealistically high, along with
H2 O concentrations, when convection was capped at higher altitudes). They further argued that mixing was
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a key process for accurately simulating TTL 𝛿 D. Sayres et al. [2010] used a trajectory-based Rayleigh model
that accounted for convective inﬂuence to argue that high 𝛿 D over Central America could be explained by
convectively lofted ice.
Several studies have examined long-term trends in H2 O and 𝛿 D in the stratosphere, but with sparse coverage and diﬀerent measurement techniques. With aircraft-based FTIR-based retrievals, Coﬀey et al. [2006]
found a decrease of 5–6‰ per year between 1978 and 2005, in contrast to a well-established increase
in H2 O. These measurements have yet to be explained [Sherwood et al., 2010; Lossow et al., 2011], but the
simple interpretation most consistent with the above studies is that an increasing stratospheric H2 O trend
is not due to an increase in convectively lofted ice particles sublimating in the stratosphere. Notholt et al.
[2010] argued from balloon-based solar FTIR 𝛿 D measurements from 1991 to 2007 at middle and high latitudes that ice transported through the tropopause has only a minor role in the amount of water entering
the stratosphere.
More recent satellite measurements have added substantial detail to our picture of how water vapor enters
the stratosphere. Steinwagner et al. [2010] presented data from the Michelson Interferometer for Passive
Atmospheric Sounding (MIPAS) that showed a clear seasonal cycle in water vapor 𝛿 D propagating upward
from the tropical tropopause layer into the tropical stratosphere. This upward propagating signal is sometimes
referred to as a “tape recorder.” They interpreted their results to represent a combination of gradual dehydration of air by in situ cirrus cloud formation and seasonally varying contributions from sublimated, convectively
lofted cloud ice. Using an earlier MIPAS retrieval, Payne et al. [2007] did not detect a strong stratospheric 𝛿 D
seasonal signal, which was partially attributed to the sparseness of the data at the time and possible data
biases toward dry, more depleted conditions. This tape recorder signal was also not evident above 20 km in
the ACE-FTS measurements presented by Randel et al. [2012], but they showed an overall vertical structure
of 𝛿 D in the tropics with a minimum near 15 km of about −675‰, a small increase above this level to about
−600‰ and nearly constant values in the stratosphere above. They linked this structure to sublimation of
lofted ice and to mixing of air from the extratropics, while Payne et al. [2007] emphasized the role of methane
oxidation above the lower stratosphere.
Modeling studies have complemented these observational studies. In their GCM study of
stratosphere-troposphere exchange, Schmidt et al. [2005] emphasized the role of mixing in generating water
vapor 𝛿 values higher than expected from Rayleigh distillation. Their model did not include the impacts of
ice lofting or convective overshooting, and they suggested that estimates of their importance may have
been exaggerated. Alternatively, to the extent that such models can be compared, simulations with large
eddy [Smith et al., 2006] and cloud resolving [Blossey et al., 2010] showed that convective overshooting and
ice sublimation can increase high-altitude 𝛿 D, in fair agreement with observations compared to Rayleigh
distillation. Eichinger et al. [2015a] also focused on stratospheric 𝛿 D in their GCM simulations, suggesting that
a 100‰ low bias relative to MIPAS was partly due to too little ice sublimation and also partly because the
oxidation of molecular hydrogen was not included in their model. Like Schmidt et al. [2005], Eichinger et al.
[2015a] detected a stratospheric 𝛿 D tape recorder. They found, however, that when the model was sampled
according to the ACE-FTS coverage, the tape recorder was absent, which possibly explains the lack of that
feature in Randel et al. [2012]. With further diagnosis and sensitivity testing, Eichinger et al. [2015b] found
that the tape recorder resulted from a mixing of moisture from the TTL and extratropical air with higher 𝛿 D
from methane oxidation. Somewhat in contrast to previous analytical and Lagrangian models, however, they
found that the eﬀect of parameterized convection was to lower stratospheric 𝛿 D but that large-scale cloud
activity caused an increase in stratospheric 𝛿 D. It is possible that these results are parameterization speciﬁc,
having to do, for instance, with how convectively originating moisture is transferred to the large-scale cloud
reservoir as it detrains from the top of parameterized deep convective clouds.
While the above discussion focused on transport of water vapor from the troposphere into the stratosphere,
intrusions of stratospheric air into the troposphere can be generated by Rossby wave breaking on the
subtropical tropopause [Chen, 1995; Postel and Hitchman, 1999] and are responsible for mixing very dry,
ozone-rich stratospheric air into the tropical upper troposphere (UT). This process is an important mechanism for stratosphere-troposphere exchange and is associated with the generation of thin tongues of high
potential vorticity (PV) air that can intrude into the subtropics and tropics [McIntyre and Palmer, 1983].
Stratospheric air intrusions are also linked with the transport of very dry, ozone-rich air from the stratosphere
into the troposphere [Yoneyama and Parsons, 1999; Waugh, 2005]. Galewsky and Samuels-Crow [2014] used
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surface measurements of the isotopic composition of water vapor in a stratospheric intrusion to constrain
the dilution of such intrusions as they mix into the troposphere. Modeling of those measurements using the
FLEXPART model [Stohl et al., 2005] showed that the stratospheric intrusion mixed with an upper tropospheric
background air mass before additionally mixing with boundary layer air.
6.2.3. Stratospheric Processes
Air entering the stratosphere has only about 3–4 ppmv of water vapor and increases by about −2 ppmv within
the stratosphere owing to the photochemical oxidation of methane [e.g., Dessler et al., 1994] and to a lesser
extent molecular hydrogen [Payne et al., 2007]. The isotopic composition of this photochemically produced
water vapor is controlled primarily by the [D]/[H] ratios of the methane and the oxygen isotopic composition of the oxygen reservoir. The mixing and transport pathways of tropospheric water vapor entering the
stratosphere and how that mixing ratio is altered by photochemical eﬀects are poorly constrained, and several
studies have used measurements of water vapor isotopic composition to elucidate the processes [Johnson
et al., 2001a, 2001b; Zahn et al., 1998; Zahn, 2001].
Within the stratosphere, water vapor 𝛿 D increases from −660‰ at the tropopause to about −440‰ above
40 km, with the increase in 𝛿 values attributed to about 40% of water vapor produced from the oxidation of
methane [Ridal, 2002; Zahn et al., 2006]. Oxygen isotope ratios in water vapor also show a vertical increase in
the stratosphere even more pronounced than the increase in hydrogen isotope ratios [Zahn et al., 2006, and
references therein], with 𝛿 17 O and 𝛿 18 O reaching positive values with a vertical increase of 85‰ and 150‰,
respectively. Modeling studies suggest that photochemical eﬀects are expected to induce a Δ17 O anomaly
of between 0 and 30‰ depending on a variety of oxygen isotope exchange rates [Zahn et al., 2006; Franz
and Röckmann, 2005]. Franz and Röckmann [2005] presented measurements of Δ17 O that averaged about
0.13‰, with a standard deviation of only 0.95‰, suggesting that the exchange between NO2 and water vapor
is negligible.
Intriguingly, these studies of stratospheric water vapor Δ17 O have been invoked to suggest stratospheric
inputs into the troposphere in studies of snow pit data from Vostok, Antarctica [Winkler et al., 2013] and water
vapor from Alert, Canada [Lin et al., 2013]. The use of Δ17 O as a tracer of stratospheric water vapor in the
troposphere is still in its infancy and warrants further study.
6.3. Tropical Weather and Climate
6.3.1. Deep Convection
In the tropics, most of the precipitation arises from deep convection. The observed isotopic variability for
most weather and climate phenomena is dominated by convective processes. The eﬀects of deep convection
on water vapor isotopic composition are summarized in Figure 17a. Deep convection depletes the lower tropospheric water vapor, through rain reevaporation and unsaturated downdrafts, contributing to the amount
eﬀect. Deep convection is also known to enrich the isotopic composition of the upper troposphere, through
detrainment and sublimation of ice crystals. In the midtroposphere, the impact of convection is probably a
mixture of the eﬀects occurring in the lower and in the upper troposphere, in proportions that depend on the
depth of the convective mixing and on the height of convective detrainment [Lacour, 2015].
Based on sensitivity of the isotopic composition of water vapor to convective processes, several studies have
tried to use water vapor isotope measurements to better understand convective processes. For example, using
TES measurements, Worden et al. [2007] tried to estimate the fraction of the vapor arising from rain reevaporation over tropical oceans. A diﬃculty of such studies is to bridge the gap between the very simple, q-𝛿 D
framework and the complexity of the underlying processes. Observed mixing ratios result from the mixture of
diverse air masses with diﬀerent origins, all of which may have been subjected to diﬀerent processes. The gap
can be partially bridged by analyzing processes along air mass trajectories. Assuming air masses are isolated
along their trajectories, idealized curves in the q-𝛿 D framework can then be applied [Brown et al., 2008].
6.3.2. Monsoons
Water vapor isotopic composition in monsoon regions have been studied with the aim of better understanding the present-day water budget of these regions (Figure 17b). Water vapor in monsoon regions comes from
evaporation over nearby oceanic basins and is depleted by deep convection along its way [Vimeux et al.,
2005; Risi et al., 2008b; Gao et al., 2011]. Continental recycling recharges air masses with enriched water vapor
[Yoshimura et al., 2004; Risi et al., 2010a; Tierney et al., 2011a; X. Lee et al., 2012]. Large-scale subsidence at the
edges of monsoon regions or in monsoon regions during the dry season or dry spells of monsoon seasons,
dehydrate the air and deplete the water vapor [Frankenberg et al., 2009; Risi et al., 2010a]. Other sources of
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Figure 17. Eﬀect of deep convection and several tropical weather and climate features on the isotopic composition of
water vapor: (a) deep convection, (b) monsoon, (c) Madden-Julian Oscillation, and (d) tropical cyclone.

water vapor, such as sources from midlatitudes westerlies, can also provide their own isotopic signatures [Tian
et al., 2001]. Due to the speciﬁc isotopic signatures of these diﬀerent water sources (Figure 17b), several studies
have tried to use water vapor isotopic measurements to provide information on the contributions of the different water sources to the water budget [e.g., Risi et al., 2010a; X. Lee et al., 2012; Galewsky and Samuels-Crow,
2015]. Such studies typically combine water vapor measurements and modeling experiments using the
water-tracking capability. However, so far, obtaining quantitative information with a precision greater than
that obtained from more conventional methods (e.g., water budgets based on reanalyses) has been hampered
by the diﬃculty to estimate the exact eﬀect of each process on the water isotopic composition.
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6.3.3. Madden-Julian Oscillation
The Madden-Julian Oscillation (MJO) is the dominant mode of intraseasonal variability in the tropics
[Madden and Julian, 1971, 1972; Zhang, 2005]. It is characterized by the propagation of a zone of active convection from the western Indian ocean to the central Paciﬁc, with a typical periodicity of 30 to 90 days.
Typically, an MJO event starts with deepening shallow convection, followed by deep and organized convection, stratiform clouds and then back to a quiescent weather occasionally disturbed by isolated deep
convective systems [Benedict and Randall, 2007], (Figure 17c). Climate models have persistent diﬃculties
in simulating the MJO and its characteristics [Lin et al., 2006; Hung et al., 2013]. Initiation and propagation
of the MJO involve processes that are diﬃcult to simulate by models, such as shallow to deep convection
transition, convection-humidity interactions, sea-atmosphere interactions, or cloud-radiative interactions
[Bony and Emanuel, 2005; Del Genio et al., 2012; Kim et al., 2012; DeMott et al., 2015]. Therefore, it has
been proposed that the measurement and simulation of water isotopologues could help better document
the sequence of physical processes during an MJO event and better quantify their relative contributions
[Berkelhammer et al., 2012].
To do so, composites of meteorological and isotopic variables during MJO events have been computed based
on observations, and the added value of water isotopic measurements has been assessed in the q-𝛿 D framework [Berkelhammer et al., 2012]. The typical evolution of 𝛿 D in the lower and middle troposphere during
MJO events reﬂect the evolution of moistening processes and cloud types (Figure 17c). Water vapor 𝛿 values
increase during the suppressed and shallow convection phases while humidity builds up and decrease during
the convective phase while humidity is maximum. It remains low during the stratiform phase, while humidity recovers its low value. Finally, 𝛿 D returns to higher values several days later while humidity is minimum
[Kurita et al., 2011]. The fact that the isotopic evolution reﬂects the relative timing of convective and cloud
processes is promising and may help to better document the associated physical processes and evaluate their
representation in models.
6.3.4. Organized Convective Systems: Squall Lines, Tropical Cyclones
Water vapor and precipitation isotopic measurements have been made at the intraevent time scale within
organized convective systems with the aim of understanding how convective processes aﬀect water isotopic
composition, and in turn assess the extent to which isotopic measurement can help better constrain convective processes. The advantage of such systems is that the diﬀerent processes vary in space with a standard
pattern. For example, water vapor and precipitation composition along squall lines has been analyzed [Taupin
and Gallaire, 1998; Risi et al., 2010b; Tremoy et al., 2014] and has allowed a better understanding of the isotopic
eﬀects of rain reevaporation, unsaturated downdrafts, and mesoscale downdrafts.
Water vapor has also been analyzed within [Lawrence and Gedzelman, 1996; Fudeyasu et al., 2008] or in the
vicinity of tropical cyclones [Herbin et al., 2009]. Water vapor is isotopically depleted as air masses converge
within the rain bands (Figure 17d), reaching extremely low 𝛿 values in the inner rain bands [Fudeyasu et al.,
2008]. It has been shown that in tropical cyclones, diﬀusive exchanges between rain drops and water vapor
deplete the vapor very eﬃciently, due to the very moist air and to the intense ﬂux of rain [Lawrence et al.,
2002]. In contrast, the water vapor is isotopically enriched in the eye. Evaporation of sea spray droplets, which
does not fractionate as long as droplets evaporate in totality, enriched the water vapor [Lawrence et al., 2004;
Fudeyasu et al., 2008].
6.4. Midlatitude Systems
Compared to tropical and polar settings, there have been relatively few studies focusing on the application of water vapor isotopic measurements to midlatitude weather systems. Yoshimura et al. [2010] used an
isotope-enabled regional model and measurements of precipitation isotopic composition to study the microphysics of an atmospheric river event that aﬀected California in 2005. They linked the observed initially high
𝛿 values in precipitation, and their subsequent drop, to kinetic isotopic exchange between rain drops and the
water vapor below cloud base. While their modeling approach was somewhat limited, the study shows some
of the promise for using isotopic measurements to constrain microphysical processes in midlatitude weather
systems.
Galewsky [2015] used in situ measurements of water vapor isotopic composition from a high-altitude subtropical site in Chile to constrain the long-range transport of water vapor from a midlatitude wave train
during a South American cold-air outbreak. By combining isotopic measurements and modeling with numerical weather simulations and back-trajectory calculations, they were able to constrain the last-saturation
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temperature over the South Paciﬁc, the supersaturation at the point of last saturation, and the degree of moistening during isentropic transport to the subtropics. This study marked one of the ﬁrst applications of water
vapor isotopic measurements to the last-saturation paradigm of free tropospheric humidity.
6.5. Polar Weather and Climate
Water vapor isotope observations in polar regions have been focused on understanding the climate ﬁngerprint in ice core isotope records and, more generally, characterization of the polar atmospheric hydrological
cycle. With the use of backward trajectories and water tagging in GCM simulations, it is possible to combine
the measured water vapor isotopic composition with estimates of moisture origin to show that water vapor
originating from the Arctic carries a high d-excess ﬁngerprint [Steen-Larsen et al., 2015, 2013; Kurita, 2011].
Kopec et al. [2014] used water vapor isotopic observations from the west coast of Greenland to characterize
the diurnal structure and variability of the katabatic wind. Concomitant water vapor isotope measurements
(Bermuda, South Greenland, and North-West Greenland Ice Sheet) along an atmospheric river event starting from the subtropical western North Atlantic region and transporting moisture up on the Greenland Ice
Sheet showed a clear water vapor isotopic signal as the warm moist air mass from the subtropical region displaced the cold dry Arctic air masses [Bonne et al., 2015]. These ﬁndings have oﬀered the potential to trace
and diﬀerentiate the atmospheric water vapor contributions that make up the Arctic hydrological cycle.
The cause of high d-excess in Arctic water vapor is not clear. It has been hypothesized that the high d-excess is
formed at the sea ice margin and coastline along adjacent continents, where cold dry air masses meet the relatively warm ocean, thereby creating strong kinetic evaporation due to the vapor pressure diﬀerence between
the air and the saturated skin layer of the ocean. This strong kinetic evaporation is then expected to result
in kinetic fractionation and high d-excess levels in the water vapor. Simulations using an isotope-enabled
GCM nudged to reanalysis wind pattern cannot accurately simulate the observed d-excess [Steen-Larsen et al.,
2014a, 2013; Bonne et al., 2014]. It was hypothesized that the model shortfall is related to treatment of the
evaporation from the Arctic Ocean. Bintanja and Selten [2014] showed that for the simulated future Arctic
evaporation, a large intermodel variability exists in the sensitivity to temperature increase caused by greenhouse gas emissions. It was shown that for an RCP 4.5 scenario using 33 CMIP5 climate models that the
model-dependent climate sensitivity for evaporation in the Arctic varied between 5 and 15%/K. This large
intermodel variation results in increased uncertainty for projections of future Arctic climate.
Only a few Δ17 O measurements of the atmospheric water vapor in the Arctic have been obtained [Steen-Larsen
et al., 2014b; Landais et al., 2012; Lin et al., 2013]. It was argued that high Δ17 O measurements in water vapor
collected at Alert station were indicative of stratospheric air inﬂow [Lin et al., 2013], a conclusion that has
been debated [Miller, 2013]. The relatively few cryogenically collected samples presented by Steen-Larsen et al.
[2014b] and Landais et al. [2012] show a positive correlation between the Δ17 O and d-excess, in agreement
with the expected inﬂuence of kinetic fractionation eﬀects during evaporation and snow crystal formation.
This illustrates the potential for constraining parameterizations of kinetic eﬀects by combining 17 O excess,
d-excess, and single isotopologue measurements of atmospheric water vapor. This could speciﬁcally be
important when improving parameterization of Arctic cloud physics in GCMs. As illustrated by Cesana and
Chepfer [2012], CMIP5 models cannot correctly simulate the seasonal cycle of low Arctic clouds. This is critical owing to the net heating of the surface associated with Arctic low clouds [Engström et al., 2014], an eﬀect
clearly illustrated by the low-level clouds contributing to melt on 98% of the Greenland Ice Sheet surface
during the Atmospheric river event in July 2012 [Bennartz et al., 2013].
6.6. Paleoclimate
Many paleoclimate proxies depend, in one way or another, on the isotopic composition of precipitation.
Interpretation of paleoclimate archives depends on understanding the full suite of processes that govern
the isotopic composition of precipitation. Studies of present-day water vapor and its isotopologues can provide important context for interpreting such records that are diﬃcult with studies of precipitation alone.
In this section, we review some of the ways that the measurement and simulation of water vapor isotopic
composition have been used to improve our understanding of paleoclimate proxies.
6.6.1. Polar
Beginning in the 1960s, ice core isotope records drilled in Greenland and Antarctic have provided unprecedented insight into the variability of the climate system, ranging from the last millennia [e.g., Vinther et al.,
2010] to the last ≈800,000 years [e.g., Jouzel et al., 2007]. The reconstruction of the past climate has relied more
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or less on present-day empirical relationships between the temperature and the isotopic composition in the
ice [e.g., Dahl-Jensen et al., 2013].
Ice core signals are also inﬂuenced by changes in precipitation seasonality and regional circulation patterns
[Sturm et al., 2010]. Isotopically equipped GCMs have been an important tool for quantifying these inﬂuences.
Using the GISS II GCM, but with the addition of moisture source tagging from Koster et al. [1992], Charles et al.
[1994] showed that in addition to temperature, changes in atmospheric circulation between present day and
LGM could also induce an isotopic response. Over Greenland, for example, they found that the relative contribution of high 𝛿 18 O moisture from the Atlantic increased under LGM conditions, which oﬀsets the decrease
in 𝛿 18 O due to colder temperatures.
Following White et al. [1997] analysis of diﬀerent factors inﬂuencing ice core 𝛿 18 O at Summit, Werner et al.
[2000] used model simulations to show that lower 𝛿 18 O values were associated with a positive North Atlantic
Oscillation (NAO) phase, emphasizing that precipitation isotope variability at a given site is inﬂuenced by
regional climate patterns and not just local temperature.
One important paleoclimate application of isotopically equipped GCMs was to resolve the diﬀerence between
Greenland LGM temperatures reconstructed from boreholes and from a classical, spatially calibrated 𝛿 18 O
thermometer, which indicated temperatures 10 K warmer than from boreholes. Using ECHAM-4, Werner et al.
[2000] found that a more zonal winter ﬂow under LGM conditions reduced the relative contribution of winter
precipitation over Greenland, leading to a “warmer,” more summer-like signal in the ice core. Using the fully
coupled GISS ModelE simulations, LeGrande and Schmidt [2009] examined the isotopic response to external
changes in orbital parameters, greenhouse gas composition, and land ice coverage at 1000 year time slice
intervals during the Holocene. They found that lower Greenland precipitation 𝛿 18 O due to colder temperatures was oﬀset by the presence of the Laurentide ice sheet, which directed moisture arriving from the
Paciﬁc southward, and increasing the relative contribution of local, North Atlantic moisture undergoing less
isotopic depletion.
At a higher temporal resolution, snow falling on top of the ice sheets has been collected on event and
subevent timescales in order to quantitatively understand the relationship between the climate state and the
isotopic composition [Fujita and Abe, 2006; Grootes and Stuiver, 1997; Steen-Larsen et al., 2011]. Owing to the
intermittency of the precipitation events, quantifying the climate ﬁngerprint in the snow isotopic composition is diﬃcult. However, measuring the isotopic composition of the intermediate product of the hydrological
cycle (the water vapor) instead of the end product (the precipitation), oﬀers the possibility of improving the
constraints on the hydrological processes making up the ice core isotope records. Cryogenic samples collected with 12 h resolution showed that the variability in the water vapor isotopic composition on synoptic
time scales was comparable to the magnitude of the interseasonal cycle in the snow pack, and during snowfall events the water vapor isotopic composition would follow the isotopic composition of the snow [Grootes
and Stuiver, 1997; Steen-Larsen et al., 2011]. In general, it was found that the water vapor was in isotopic equilibrium with the snow surface. With the availability of commercial water vapor isotope analyzers in recent
years it became possible to measure with high accuracy and precision the water vapor isotopic composition
on hourly time scales. Steen-Larsen et al. [2013] presented the ﬁrst continuous record of water vapor isotope
observations from the polar regions. They documented a strong diurnal cycle and gradient in the near-surface
water vapor isotopic composition above the ice sheet. This diurnal cycle was interpreted in terms of interactions between water vapor in the atmospheric boundary layer and the snow surface. Indeed, it was shown
by Steen-Larsen et al. [2014b] that in between precipitation events, the snow surface isotopic composition
would follow the synoptically driven variation in the atmospheric water vapor isotopic composition. This conclusion questions the normal assumption that the ice core isotope signal is governed by the precipitation
isotope signal. The exact mechanism governing the transfer of the atmospheric water vapor isotope signal
to the snow surface isotopes is still not understood; however, it is hypothesized that snow metamorphosis
causes the snow grains to take up the interstitial water vapor, which is continuously replaced by the synoptic
driven atmospheric water vapor, thereby transferring the atmospheric water vapor isotopic composition into
the snow isotope signal [Steen-Larsen et al., 2014b]. Solving how the ice core isotope signal is related to the
climate oﬀers the possibility of reconstructing more than just the temperature. Indeed, it was shown using
𝛿 15 N gas isotope measurements that the isotope-temperature relationship was neither stable in time nor in
space [e.g., Kindler et al., 2014; Guillevic et al., 2013].
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6.6.2. Tropics
In the tropics, the isotopic composition of precipitation can be archived in ice cores [Thompson et al., 2000],
speleothems [McDermott, 2004], shelly fossils [Eagle et al., 2013], cellulose [McCarroll and Loader, 2004], leaf
waxes [Tierney et al., 2008], or ground waters [Gasse, 2000].
Water isotopic records in the tropics were ﬁrst interpreted in terms of temperature [Thompson et al., 1989,
1998]. This interpretation was inspired by studies from polar ice cores [Jouzel, 2003]. The similarity between the
isotopic signals recorded in all tropical records suggest that a global-scale feature is recorded, which supports
this interpretation. For example, all tropical ice core records show lower 𝛿 values at the Last Glacial Maximum
[Thompson et al., 2000]. In addition, the ampliﬁcation of temperature changes with altitude may explain why
the strongest signals are recorded in high-altitude archives [Poulsen and Jeﬀery, 2011].
In contrast, more recent studies have interpreted tropical isotopic records as precipitation proxies [Vuille
et al., 2003; Hoﬀmann et al., 2003]. This interpretation is inspired by the fact that at the spatial, seasonal,
intraseasonal, and interannual time scales, precipitation 𝛿 18 O is anticorrelated with the precipitation amount.
Over the Asian Monsoon region, LeGrande and Schmidt [2009] used coupled AOGCM simulations to attribute
changes in the precipitation 𝛿 18 O to the strength of moisture export out of the tropics. In East Africa,
coupled simulations have also been useful in interpreting paleoisotopic archives in terms of shifting moisture sources [Lewis et al., 2010; Tierney et al., 2011b]. Over longer time scales, Caley et al. [2014] used
intermediate-complexity modeling simulations to separate ice sheet coverage and orbital changes on precipitation 𝛿 18 O over the Asian Monsoon region, also nothing that strength of the precipitation amount eﬀect
weakens moving away from the Tibetan Plateau.
At lower latitudes, isotopic signatures of the El Niño–Southern Oscillation (ENSO) were simulated over South
America by Vuille and Werner [2005] and across the tropics more generally by Brown et al. [2006] and Tindall
et al. [2009]. The isotopic signature of the Indian Ocean Zonal Mode over East Africa was identiﬁed by Vuille
et al. [2005a]. The inﬂuence of the strength of the Asian Monsoon on 𝛿 18 O values over the Tibetan Plateau was
examined by Vuille et al. [2005b].
Unlike studies focusing on precipitation, measurements of water vapor isotopic composition provide continuous records, giving access to processes occurring between precipitating events and providing a more
comprehensive context for the interpretation of proxy records. The global coverage provided by satellite measurements allows for the interpretation of isotopic variations along the complete air mass trajectory to proxy
sites. Using water vapor measurements by TES, Samuels-Crow et al. [2014b] and He et al. [2015] analyzed how
the isotopic signal is modiﬁed along trajectories toward sites of paleoclimatic interest in the Andes and in the
Himalayas, respectively. Both highlighted the key role of deep convection upstream of proxy sites.
The main limitation of these studies is that even if we understand perfectly well what controls the isotopic
composition at the intraseasonal, seasonal, and interannual time scales for the present-day climatic state,
this does not ensure that we understand the controls on isotopic variations on much longer time scales,
e.g., glacial/interglacial time scales. Such studies would thus beneﬁt from being combined with paleoclimatic
modeling studies.
Due to diﬀusive exchange through the plan stomata, the isotopic composition of water vapor has a direct
impact on the composition of plant tissues [Dongmann et al., 1974], and thus on the composition of cellulose and leaf wax archives [Sachse et al., 2009], although this has largely been ignored so far. Therefore,
understanding the isotopic composition of water vapor is crucial for the interpretation of these proxies.

7. Perspectives and Opportunities
As suggested by Dessler and Sherwood [2003] and Sayres et al. [2010], any complete model of water vapor
mixing ratio should also explain the isotopic composition of the water vapor. A model may balance the eﬀects
of moistening, drying, and transport to predict the correct humidity, but an isotopic constraint can help to
determine if it is doing so for the wrong reasons and, subsequently, help to identify compensating errors.
Until recently, there have been too few measurements to constrain models in this way, but this has changed
with the signiﬁcant increases in the availability of ground, aircraft, and space-based measurements of water
vapor isotopologues described in section 3. We argue that these isotopic measurements have become mature
enough to be more widely used to understand the atmospheric branch of the hydrological cycle in general.
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For example, models of the controls on water vapor mixing ratios [e.g., Pierrehumbert et al., 2006; Sherwood
et al., 2010], particularly in the subtropics [Galewsky et al., 2005], are an important framework for understanding a key uncertainty in climate sensitivity and will beneﬁt from additional isotopic analysis as described in
section 6.2.1. The controls on stratospheric water vapor are critical to understanding Earth’s radiation balance
[Forster and Shine, 2002; Kirk-Davidoﬀ et al., 1999] but remain uncertain [Fueglistaler et al., 2005; Holton and
Gettleman, 2001]. The full wealth of satellite retrievals of HDO in the UTLS is starting to be applied to idealized
budgets of stratospheric water vapor as described in section 6.2.3, furthering the earlier work of Moyer et al.
[1996] for which far less data were available. Other than Eichinger et al. [2015a], little work has been done to
that end with full-complexity climate models, as proposed by Schmidt et al. [2005].
Similarly, isotopic constraints have shown early promise in better separating processes contributing to convective organization as described in sections 6.3, but this line of inquiry also remains in its infancy. As
described in section 6.1.2, there is also value in incorporating near-surface isotopic measurements for partitioning evaporation and transpiration over the land surface. These ideas extend more generally to improved
characterization of the terrestrial water and carbon cycles, especially given the advent of global satellite measurements of biomass, XCO2, and plant ﬂuorescence measurements that provide direct constraints on carbon
cycling [Saatchi et al., 2013; Frankenberg et al., 2011; Crisp et al., 2004] and are directly linked to transpiration
and its eﬀect on regional hydrology.
As described in section 5.2, GCMs will beneﬁt from the out-of-sample comparisons that isotopic data provide, particularly in understanding how unresolved moist processes contribute to the spread in future climate
states [Sherwood et al., 2014] and also in interpreting paleoclimate archives as in J.-E. Lee et al. [2012]. Such studies would beneﬁt from more advanced model intercomparisons of isotopically enabled GCMs. In particular,
isotopic behavior at the daily scale can be informative on the model representation of convective processes.
An intercomparison beyond SWING2 that includes higher-frequency outputs would be very valuable.
Another axis of research involves testing model behavior against past climatic variations. Given the importance of isotopic archives, an intercomparison that includes paleoclimatic simulations, such as an isotopic
version of PMIP3, would be needed. More generally, including water isotopes in at least some of the simulations performed for CMIP6 would open great opportunities, both for the evaluation of moist processes in the
present-day climate and for paleoclimatic applications. Furthermore, most model-driven paleoproxy analyses that have been done have focused on one type of proxy at a time, which limits the inferences that can
be made about large-scale climate changes. Recent eﬀorts such as LeGrande and Schmidt [2009] to combine
diﬀerent types of proxies, in their case ice cores and speleothems, and the more recent multiproxy analysis
from the last millennium of Hakim et al. [2016] are promising steps. Further work in this direction will beneﬁt from observational syntheses of multiple proxies, for example, the combined analysis of speleothem, ice
core, and groundwater 𝛿 18 O across all seven continents of Jasechko et al. [2015]. Proxy system models [Evans
et al., 2013; Dee et al., 2015] provide a means with which to estimate proxy-speciﬁc 𝛿 18 O responses to diﬀerent forcings using climate models, which we expect will become the predominant approach to paleoarchive
interpretation in the near future.
A hierarchy of isotopic models are now available from idealized models to General Circulation Models and
cloud-resolving models. The understanding of the various controls on water vapor composition should beneﬁt from using this hierarchy of models, as has the understanding of cloud and convective processes [Randall
et al., 2003]. In particular, idealized modeling, general circulation modeling, and cloud-resolving modeling
should help ﬁll the gap between simple theoretical frameworks and the complexity of the real world. Idealized modeling studies, such as those presented in Bolot et al. [2013] and Blossey et al. [2010] can link the
basic processes of equilibrium and kinetic fractionation to fundamental atmospheric processes like convection and cloud microphysics. In addition, laboratory studies can now take advantage of the ﬂexibility oﬀered
by laser absorption instruments to improve our understanding of kinetic processes [e.g., Lamb et al., 2015].
Such experiments have the potential to expand the palette of processes that can be used to interpret water
vapor isotopic measurements.
All of these eﬀorts will beneﬁt from more and more systematically organized isotopic measurements. Despite
the rapid increase in the use of these data for investigating the water cycle, many of these new water
vapor isotopic data sets were created opportunistically from measurements intended for other Earth Science
research objectives. A better synergy between diﬀerent kinds of measurements will help address questions in
a more comprehensive way. For example, the study of cloud processes would beneﬁt from collocated satellite
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measurements of water vapor, water vapor isotopic composition, and three-dimensional cloud properties.
The quantiﬁcation of convective transport processes would beneﬁt from the synergy between measurements
of humidity, water vapor isotopes, and chemical tracers such as ozone or CO. Satellite retrievals of water vapor
isotopes would beneﬁt from considering the spectral requirements for high-quality measurements alongside other trace gases at the mission design stage. Since space-based observations are very cost intensive,
international cooperation or the involvement of international organizations is indispensable. EUMETSAT’s
commitment to operate MetOp/IASI and follow-up instruments in the context of EPS-SG (EUMETSAT Polar
System—Second Generation), oﬀers a unique possibility: all these spectra can be used for retrieving free tropospheric {q, 𝛿 D} pairs on global scale, each day and from 2007 to at least 2030. The prospect of using remote
sensing isotope observations for model evaluation and tuning warrants the development of more sophisticated retrieval simulators, which exist for modern cloud retrievals [Bodas-Salcedo et al., 2014], but not for
isotopic composition (or trace gases in general).
O and H17
O will increase the scope for improving our understanding of the
Progress in measuring H18
2
2
processes that govern atmospheric water vapor with deuterium excess and 17 O excess as additional,
second-order constraints. Most long-term in situ measurement sites are in the Northern Hemisphere. There
is clearly a research opportunity in expanding such measurements into the tropics and the Southern Hemisphere, especially into Africa, Australia, Indonesia, and Antarctica. Some eﬀorts along these lines are already
underway, but an expanded presence of in situ measurements in the Southern Hemisphere would help
constrain a variety of important processes including ENSO and the Madden-Julian Oscillation.
The network of in situ measurements has provided a remarkably high-frequency and high-precision record
of water vapor isotopic composition, but these instruments do not yet follow the same standardization protocols, nor is there any straightforward way to access the data to explore global or regional phenomena or
intercompare data sets. We suggest that the community may beneﬁt from the development of a cooperative
network along the lines of AERONET (for Sun photometry measurements) or NDACC (for the measurement of
atmospheric trace gases) in which there are established standards for instrumentation, calibration, data processing, and data distribution. Such a network need not maintain heavy investments in instrumentation or
infrastructure but would provide a uniﬁed framework for emerging in situ data sets.
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