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Abstract

Measurements of the ratio of oxygen-18 to oxygen-16 are often used to reconstruct past
climate or to quantify phase changes. However, in most models, the evolution of the isotopic ratio is
calculated using the Rayleigh parameterization. The Descam model has recently been extended to simulate
isotopic fractionation from occurring condensation/evaporation processes and the mass of oxygen-18 in
aerosol particles, droplets, and ice crystals explicitly as a function of their size. In a first step, isotopic
calculations are implemented into the 1.5d dynamical framework where several sensitivity studies are
conducted to test the evolution of the isotopic ratio as a function of the different phase changes in a
convective cloud. Though an isotopic signature can be identified for different microphysical pathways, the
predominant factor for the isotopic ratio in the precipitation seems to be the dynamical evolution of the
considered cloud.

1. Introduction
The stable oxygen isotopes of H2 O are essential for the study of past climates. They make up only a small
part of all water molecules, but during phase changes, they behave differently due to differences in saturation vapor pressure and molecular diffusivity. Molecules containing heavier isotopes condense more
easily, and their preference for the condensed phase is exacerbated by colder temperatures, so that in
past colder precipitation events, their abundance is used as a proxy for assessing past climates (“isotopic
thermometer”). Indeed, this feature has been used extensively for reconstructing past temperatures
(e.g., Hays & Grossman, 1991).
Equally, modeling of the isotopic fraction of water vapor and condensed water has been done for the
simulation of past climates or other large-scale phenomena (e.g., Joussaume & Jouzel, 1993)
Even though a number of exciting and convincing results were derived from these studies, the modification
of the water isotopologues (water molecules containing an oxygen or hydrogen isotope) by clouds is a lot
more complex than usually considered. Precipitation on snow packs is generally preceded by water cycling
though several cloud events, and the occurring phase changes are heavily influenced by the clouds and the
hydrometeors they are composed of. In particular, the size of the drops and ice crystals plays a role in the
fractionation, that is, the modification of the isotopic ratio. An open remaining question is if these repeated
fractionations can create such large modifications that they mask the global temperature signature or at
least bias it.
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The current study is a first bin-detailed attempt to shed light on the influence of small-scale cloud effects
on the overall fractionation of water isotopologues. The detailed scavenging model (Descam; Flossmann &
Wobrock, 2010), coupled to the simplified dynamics of a 1.5d convective cloud, allows one to follow in detail
the evolution of drop and ice particles inside the cloud and in the forming precipitation. This microphysics
module has been extended to include the treatment of water isotopologues. A number of sensitivity studies
are performed to study the influence of the initial isotopic concentration, the microphysics of the cloud,
and its dynamics. As the occurring phase transitions change the isotopic ratio in the condensed water, it is
studied below if an observation of the isotopic ratio in the rain water will allow insights on the microphysics
of the cloud (ice or liquid water) and the pathway of precipitation formation. Furthermore, the influence of
the exact calculation of the fractionation is investigated.
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2. Desription of the Model and Its Initial Conditions
2.1. The Original Descam Model
Descam (Flossmann & Wobrock, 2010; Flossmann et al., 1985) is a size-resolved cloud microphysics
module—coupled here with a 1.5d dynamics model (Asai & Kasahara, 1967; Leroy et al., 2006)—which
follows explicitly the populations of aerosol particles on which water vapor condenses to form cloud droplets
and ice crystals. All considered hydrometeor categories are distributed on a 39-bin logarithmically spaced
mass histogram, and each size class at a grid point is followed separately during the evolution of the cloud.
The equivalent radii range from 1 nm to 7 μm for the aerosol particles and 1 μm to 7 mm for the liquid cloud
and rain droplets. The bins for the ice crystals are defined in order to have a mass equivalence between two
corresponding grid categories of liquid droplets and ice crystals (Leroy et al., 2006).
Descam uses six different size distributions: number concentrations of aerosol particles [a (r a )], cloud
droplets [N d (r d )], and ice crystals [N i (r i )] as well as the mass of particles in each of these categories (a (ra )
in the aerosol particles, d (rd ) in the cloud droplets, and i (ri ) in the ice crystals). The size distributions
𝜑(r) correspond to conservative variables and therefore follow a conservation equation:
d𝜑(r) ||
d𝜑(r) ||
d𝜑(r)
=
+
.
dt
dt ||dyn
dt ||mic

(1)

The microphysical evolution of the different size distributions follows the following equations:
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(3)

(4)

The different terms treat the different microphysical processes of the atmosphere: the activation and deactivation of cloud droplets (|act/deact ), the condensation and evaporation of water vapor on the aerosol particles
and droplets (|con/eva ) and the deposition and sublimation on the ice crystals (|dep/sub ), the ice nucleation
(|nucl ), the collection of aerosol particles by the droplets (impaction scavenging, |coll ), the collision coalescence between droplets (|coal ) and subsequent breakup of large droplets (|break ), the collision between
droplets and ice crystals and subsequent freezing (|rim ), and the instantaneous melting of the ice crystals
when crossing the melting level (|melt ).
The mathematical treatment of the different microphysical terms is summarized in Flossmann and Wobrock
(2010), and details on the ice nucleation mechanisms can be found in Hiron and Flossmann (2015).
Heterogeneous nucleation is parameterized using a combination of the Meyers et al. (1992) and Bigg (1953)
parameterizations. Though not discussed here, as they only have a minor impact on the cloud dynamics
(Hiron & Flossmann, 2015), deposition nucleation and contact freezing are also taken into account in Case
A (section 3.1), as they are included in the parameterization by Meyers et al. (1992). The homogeneous
nucleation mechanism, parameterized based on Koop et al. (2000), is highly dependent on the volume of
the droplets. As the aerosol particle distribution considered in this case study is of marine origin with a low
total particle number (section 2.3), there are only a small number of droplets in the cloud (the concentration at an altitude of 3.5 km after 20 min of integration time is 31 cm−3 ), and they therefore reach quite large
sizes early in the cloud development. This results in a very efficient homogeneous nucleation of ice particles,
starting at temperatures as warm as −28◦ C. As this temperature is much higher than the generally accepted
temperature for homogeneous nucleation (−36◦ C, a compromise was found by setting a threshold above
which homogeneous nucleation is not considered. The temperature of −32◦ C was chosen as the threshold
based on the different cases presented in Herbert et al. (2015, Figure 2).
HIRON AND FLOSSMANN
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The dynamic equations are resolved in a 1.5d dynamical frame (Asai & Kasahara, 1967) using two concentric cylindrical air columns, the inside column corresponding to an updraft (cloud) region and the outside
concentric annular column for the surrounding compensating downward motion (cloudless) region. The
radius of the outer cylinder (36 km) is 10 times larger than the inner cylinder (3.6 km), which allows one
to consider that the cloud development in the inner cylinder has a minimal impact on the environment,
which can be treated as a constant reservoir with only the vertical velocity being updated during the simulation. In the inner cylinder, the model follows the vertical variations of thermodynamical parameters and
wind speeds, as well as the transport of aerosol particles and hydrometeors, as detailed in Leroy et al. (2006).
The two cylinders also exchange aerosol particles, and the horizontal exchange allows for detrainment of
hydrometeors into the environment.
2.2. New Isotopologue Module
In this study, the evolution of water isotopologues in the condensed phase is introduced in Descam for
the first time. The new module treats one of the main isotopologues of water: molecules composed with
oxygen-18 (hereafter only referred to as 18 O).
Commonly, the amount of heavy water isotopologues is quantified using the following ratio:
( )
⎡ 18 O
⎤
⎢ 16 O sample
⎥
18
𝛿 O = 1,000 · ⎢ ( 18 )
− 1⎥
O
⎢ 16
⎥
⎣ O standard
⎦

(5)

The definition is given as a deviation “per mil” (‰, parts per thousand), from a well-defined standard
in order to improve global intercomparison of isotopic measurements. The most widely used standard is
the Vienna Standard Mean Ocean Water (VSMOW Gonfiantini R., 1978) and corresponds to an isotopic
concentration of
( 18 )
O
= 22.28 · 10−4 .
(6)
16 O
VSMOW
The isotopic concentration in a sample corresponds to the ratio of the water isotopologue masses, with
Rv,iso =

𝜌v,iso
𝜌v,w

=

qv,iso
qv,w

(7)

for the gas phase partitioning. “iso ” values pertain to the water isotopologue composed with an 18 O atom
while “w ” values pertain to H2 O molecules, assimilated to the total values. 𝜌v is the water vapor content in
g cm−3 , and qv is the specific humidity (mixing ratio in gwater vapor g−1
) with 𝜌 · qv = 𝜌v .
air
2.2.1. Treatment of the Liquid Phase
The isotopic ratio of the liquid phase is defined as Rl, iso = ml, iso /ml, w , where ml corresponds to the water
mass in a drop.
In a state of equilibrium between the drops and the environing air mass, the equilibrium fractionation factor
(Majoube, 1971; Merlivat & Nief, 1967), that is, the ratio between the vapor and condensed isotopic ratios,
is only a function of temperature, extrapolated in this paper below −15◦ C, expressed as
(
)
Rl,18 O
1,137 0.4156
−3
−
2.0667
·
10
𝛼l,18 O,eq =
= exp
−
(8)
,
Rv,18 O
T
T2
with T the temperature in Kelvin.
However, this equilibrium fractionation is only valid at the interface between the drop and the air mass and
therefore does not take into account the isotopic gradient in the water vapor due to temperature differences
between the environment and the surface of the water drop as well as differences in molecular diffusivity
for heavy and light water isotopologues. For this purpose, we use the kinetic fractionation, as proposed by
Jouzel and Merlivat (1984) and formalized by Bolot et al. (2013):
𝛼l,eq
𝛼l,kin =
(9)
(
[ ]−1 ) ,
1 + (𝛽l − 1) · 1 − Sleff
with 𝛽 l and Sleff as defined in appendix B in Bolot et al. (2013).
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In the model, the evolution of the distributions of the mass of heavy water isotopologues in the aerosol
particles and drops is determined by equations similar to Equations 2 and 3. The vapor exchange terms
(|con/eva ) are amended to take fractionation into account.
The variation of the heavy isotopologue mass ml,iso for a liquid drop can, by definition, be expressed as
I

dml,iso
dt

II

⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞ ⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞
dml,w
dRl,iso
= Rl,iso ·
+ ml,w ·
.
dt
dt

(10)

This equation contains two physical phenomena: (I) the first right-hand term corresponds to the condensation or evaporation of water at the surface of the droplet, which is in equilibrium with its direct environment,
and (II) the second right-hand term corresponds to the relaxation of the isotopic ratio in the droplet toward
equilibrium with the environmental water vapor isotopic ratio as is detailed by Bolot et al. (2013) in their
appendix B.
This relaxation is introduced in their equation (B4), which can be rewritten, using their equations (B5)
through (B7), as the following differential equation:
dRl,iso
dt

=

(

1
𝜏drop

)
− R(s)
𝛼l,kin R(∞)
,
v,iso
l,iso

(11)

where 𝜏 drop is the characteristic relaxation time as introduced by Bolot et al. (2013, their equation B5) and
explicited here in Equation 13. This Equation 11 can be integrated to obtain the time evolution of the isotopic
ratio through relaxation.
Finally, the evolution of the heavy isotopologue water mass in the droplets through condensation or
evaporation follows
)
(
)(
− 𝜏 Δt
(∞)
(s)
drop
ml,iso (t + Δt) = ml,iso (t) + R(s)
(t)Δm
+
m(t)
𝛼
R
−
R
(t)
1
−
exp
,
(12)
l,kin
l,iso
v,iso
l,iso
⏟⏞⏞⏞⏟⏞⏞⏞⏟ ⏟⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏟⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏞⏟
I

II

where
𝜏drop =

rd2 𝜌l
𝛼l,kin
,
3 𝜌(∞)
D
v,iso 𝑓v,iso
v

(13)

where r d is the droplet radius, Dv, iso the molecular diffusivity, and f v, iso the diffusion coefficient of heavy
isotopologues.
2.2.2. Treatment of the Ice Phase
Similarly to the liquid phase, the isotopic ratio of the ice phase is defined as Ri,iso = mi,iso /mi, w , where mi
corresponds to the water mass in an ice particle.
The equilibrium fractionation factor is expressed as (Majoube, 1970)
𝛼i,18 O,eq =

Ri,18 O
Rv,18 O

(
= exp

)
11.839
− 2.8224 · 10−2 ,
T

(14)

and the kinetic fractionation factor is defined in the same fashion as for the liquid phase (Equation 9).
Ideally, a detailed representation of the ice crystals where the isotopic ratio of each shell of the ice crystal
is stored would be the correct representation, but such an approach is too expensive even for our simulation. Therefore, in this study, we assume that the isotopic ratio in the ice crystal is homogeneous, neglecting
the slow self-diffusion of water in the ice phase. As a consequence, in a first approximation, the relaxation
phenomenon presented for the liquid phase is neglected for ice crystals. Finally, similar to numerous other
studies (e.g., Bony et al., 2008; Moore et al., 2016), we assume that no fractionation takes place during
sublimation of ice crystals.
In the model, the evolution of the distributions of the mass of heavy water isotopologues in the ice crystals
is determined by equations similar to Equation 4. The vapor exchange term (|dep/sub ) is amended to take
fractionation, with the presented restrictions, into account.
HIRON AND FLOSSMANN
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The variation of a heavy isotopologues mass mi,iso for an ice crystal is therefore expressed as
{
dmi,iso
𝛼i,kin · R(∞)
· dm
if dm
≥0
v,iso
dt
dt
=
dt
else
Ri,iso · dm
dt

(15)

with 𝛼 i,kin defined in the same manner as 𝛼 l,kin in Equation 9.
2.3. Initial Conditions
The dynamical framework is initialized using the well-documented reference case of the Cooperative COnvective Precipitation Experiment (CCOPE) (Dye et al., 1986), a small thunderstorm observed on 19 July 1981
in Montana (USA). The thermodynamic parameters necessary for the dynamical initialization of the model
(temperature, pressure, and humidity) are taken from vertical sounding profiles measured shortly before
the beginning of the CCOPE storm. To force convection, a surface heating of 2.3◦ C is applied during the first
10 min of integration time (Leroy et al., 2006).
The dry aerosol particle size distribution is initialized using a superposition of three lognormal number
distributions:
)
(
3
∑
ni
log2 (ra ∕Ri )
,
a (ra ) =
exp −
(16)
√
2log2 𝜎i
2𝜋 ln 10 log 𝜎i
i=1
with Ri the mean particle radius (μm), ni the integral of the ith lognormal function (cm−3 ), and 𝜎 i a measure
of the spectrum width as proposed by Jaenicke (1988). For the parameters, the values for a maritime air
mass are used: ni = 133, 66.6, and 3.06; Ri = 0.0039, 0.133, and 0.29; and log 𝜎i = 0.657, 0.210, and 0.396.
The aerosol particles are chemically assimilated to (NH4 )2 SO4 with a 𝜅 value of 0.61 (Petters & Kreidenweis,
2007).
The vertical distribution of water isotopologues at the initialization of the model is based on a Rayleigh
distillation profile (Dansgaard, 1964):
)𝛼l,eq (z)−1
(
qv (z)
Rv,iso (z) = Rv,iso (z = 0) ·
(17)
qv (z = 0)
and with 18 O set so that at ground level, the deuterium excess equals 10‰ with a calculated deuterium
profile interecepting at low altitude with the Scottsbluff sounding from (Ehhalt, 1974) 𝛿 18 O(z = 0) = −16◦
and 𝛿D(z = 0) = −117.4◦ .

3. Model Results
This study uses the same sensitivity methodology as in Hiron and Flossmann (2015): based on the CCOPE
dynamical intialization and using the maritime air mass aerosol size distribution, four simulations are
performed. One with all ice nucleation mechanisms active (Case A, section 3.1), one with no ice nucleation mechanisms active (Case B, section 3.3.1), one with only homogeneous nucleation active (Case C,
section 3.3.2), and one with only heterogeneous nucleation active (Case D, section 3.3.3).
3.1. Reference Case A: All Ice Nucleation Mechanisms
We consider reference Case A for isotopic fractionation where all microphysics processes are involved. The
liquid water content (LWC in g m−3 ) and ice water content (IWC in g m−3 ) as a function of time (min) and
altitude (km) are displayed in Figure 1, left. The initial levels for 0◦ C (later referred to as iso-zero level) and
−32◦ C (later referred to as homogeneous nucleation line) are also represented in the graph to facilitate the
analysis of the results. Due to deposition nucleation, an early cirrus-like cloud forms at high altitude early on
in the simulation. This early formation does not impact the global dynamics of the system. The cloud starts
forming around 3 km altitude after 8.5 min of integration time and quickly grows over 25 min to reach an
altitude of 9.7 km. Ice nucleation starts around 5 km altitude, and the ice water content reaches 0.01 g m−3
for the first time as the cloud top reaches 6 km and the cloud then rapidly becomes glaciated. Precipitation is
initiated mostly in the ice phase between 5.5 and 6.5 km after 30.5 min of integration time. It is accompanied
by a decrease in the updraft velocity as part of the hydrometeors reaches a precipitating diameter. It is only
later on, when the updraft has died down, that most of the condensed water mass precipitates.
The precipitation on the ground displays three distinctive regimes (black dashed curve in Figure 2, left): first
a small peak of rainfall intensity which corresponds to the hydrometeors sedimenting from the precipitation
HIRON AND FLOSSMANN
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Figure 1. (Left) Liquid water content (g m−3 , red) and ice water content (g m−3 , blue) and (right) condensation rate (mg kg−1
s−1 ) as a function of altitude
air
and time simulated for reference Case A with homogeneous and heterogeneous ice nucleation mechanisms active. The color scale pertains to the right panel.

onset associated with precipitating liquid water contents around 0.8 g m−3 and small downdrafts. Then, after
43 min of integration time, the rainfall intensity increases dramatically over a long period, though the liquid
water content at the ground remains relatively constant. This evolution corresponds to a strong increase
of the downdraft: the large precipitating ice water content reaching the iso-zero line leads to a large latent
heat consumption during the melting of the ice crystals, which causes this strong downdraft. Finally, the
downdraft dies down as the precipitating ice water content decreases, and the intensity of the precipitation
weakens gradually. This results in a cumulative precipitation of 15.32 mm (Table 1).
The evolution of the isotopic ratio in the condensed phase as a function of altitude, and time is presented
for the 18 O isotopologues in Figure 3, left. When the cloud starts forming after 8 min, a strong condensation rate is observed (larger than 25 mg kg−1
s−1 ; Figure 1, right) before gradually weakening as the cloud
air
develops (the condensation rate has decreased to 9 mg kg−1
s−1 when the cloud top reaches 7.5 km). In the
air
updraft, we observe that the isotopic ratio decreases with increasing altitude and time, with 𝛿 18 O ∼ −6◦ at
the cloud base and 𝛿 18 O ∼ −15◦ where the cloud reaches 7.5 km. A strong increase in the condensation in
the cloud is observed between 7.5 and 8.5 km of altitude, corresponding to the contribution of homogeneous
ice nucleation, as most of the remaining droplets freeze and the newly formed ice crystals draw more water
vapor from the atmosphere. This however does not impact significantly the isotopic ratio in the condensed
phase as the decrease of the isotopic ratio seems to occur at the same rate as earlier in the cloud development
(𝛿 18 O ∼ −17◦ where the cloud reaches 9.7 km).
The early cirrus-like formation (between 7.7 and 8.5 km, until 25 min of integration time; Figure 3, left) displays a similar decrease of the isotopic ratio with altitude, but with much lower values (𝛿 18 Ocirrus (25 min) ∈
[−46, −57], the shaded area corresponding to values out of the color scale, versus 𝛿 18 Omain (30 min) ∈
[−15, −16] for altitudes between 7.7 and 8.5 km). The early evolution of the isotopic ratio in the condensed
phase inside of the cloud follows that of an air parcel: First, the fractionation in an atmospheric air parcel

Figure 2. (left) Rainfall rate on the ground and (right) isotopic ratio in the instantaneous rainfall (𝛿 18 O, ‰) for all
four cases (A in black dashed, B in black continuous, C in red, and D in blue).

HIRON AND FLOSSMANN

6 of 17

Journal of Geophysical Research: Atmospheres

10.1029/2019JD031753

Table 1
List of Case Studies With Their Ice Nucleation Processes and the Corresponding Results for the Cumulative Rain (mm) and
Integrated Isotopic Ratio (𝛿 18 O, ‰) on the Ground as Well as the Properties of the First Peak in the Rainfall Rate (Intensity
in mm hr−1 , the Integration Time at Which It Occurs in Minutes and the Instantaneous Isotopic Ratio in ‰)
First rain peak
Case

Description

Rain

𝛿 18 O

Intensity

Time

𝛿 18 O

−0.0

23.8

41.8

0.1

A

All ice nucleation mechanisms active

15.32

B

No ice nucleation mechanisms active

6.10

−4.4

113.5

39.6

−7.9

C

Only homogeneous ice nucleation active

4.90

−3.6

108.4

39.6

−7.9

D

Only heterogeneous ice nucleation active

17.08

0.1

23.8

41.8

0.1

depletes the atmospheric isotopic content during condensation, and thus, over time, the condensed phase
isotopic ratio decreases. Second, the updraft transports the air parcel upward toward colder temperatures
decreasing further the condensed phase isotopic ratio. However, this decrease of the in-cloud isotopic ratio
due to the transport and depletion of heavy isotopologues is weaker than was predicted by the initial Rayleigh
distillation profile (Figure 4), mainly because in the cloud, the relative humidity over water is always close
to 100%. This leads to the strong difference in isotopic ratio between the early cirrus-like formation and the
main cloud.
After the precipitation onset, the isotopic ratio decreases continuously above the melting level, under the
influence of the large precipitating drops falling from the higher layers. This decrease is stronger at higher
altitudes, where deposition takes place (above 7 km; Figure 1, right), with the isotopic ratio at the cloud
top dropping to values as low as −43◦ . This evolution might well be an artifact due to the absence of relaxation between ice crystals and the environing air mass. This is underlined by the rapid increase of the
isotopic ratio below the cloud where the melted drops exchange heavy isotopologues toward an equilibrium with the environment at 1 km of altitude, the relative humidity remains lower than 45% during the
entire simulation. For example, at 6 km of altitude and after 31 min of integration time (where the first
precipitation peak originates), all ice crystal sizes have an isotopic ratio of −14 ± 1.5◦ . When the large precipitating crystals (larger than 200 μm) reach an altitude of 3.5 km, they have collected droplets from lower
altitudes with higher isotopic ratios and therefore increase their isotopic ratio to −11 ± 1.5◦ . As soon as
the ice crystals melt, the droplets evaporate and most importantly exchange heavy isotopologues with the
environing air mass. While large drops have a long characteristic relaxation time (at 0◦ C and saturation,
𝜏 drop (500 μm drop) ∼ 12 min), smaller drops (between 100 and 200 μm) reach quite rapidly the equilibrium
(between 1 and 2 min at 0◦ C). Therefore, slightly below the melting level (2.5 km after 36.3 min of integration time), large drops (r d > 1 mm) still have an isotopic ratio of −10.7 ± 1.7◦ , but drops between 100 and
200 μm have an isotopic ratio of −2.0 ± 0.5◦ ). Finally, when the precipitation reaches the ground, the small
drops have almost reached the equilibrium and have an isotopic ratio of 10.0 ± 0.5◦ while the largest drops
(r d ∼ 4 mm) show an isotopic ratio of −7.5◦ . The most populated drop sizes (between 1 and 2 mm) have an
isotopic ratio between −1.3◦ and 1.7◦ .

Figure 3. Oxygen-18 isotopic ratio in the condensed phase (𝛿 18 O, ‰) as a function of altitude and time simulated for (left) reference Case A where all ice
nucleation mechanisms are taken into account and (right) sensitivity Case D where pristine ice is formed only through heterogeneous nucleation.
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Figure 4. (Left) Mixing ratio profile of water vapor at the beginning of the simulation (from the sounding, Dye et al. (1986)—black thick continuous) and
after 35 (thin short dashed) and 80 min of integration time (thin long dashed). (Right) Oxygen-18 isotopic ratio in the water vapor as a function of the altitude
(right image, left panel) based on Rayleigh distillation at the beginning of the simulation (thin short dashed in the two next panels), (right image, center panel)
after 35 min of integration time, at which point the cloud top reaches 9.7 km in reference Case A, for the case with all ice nucleation mechanisms (Case A,
black dashed), with no ice nucleation mechanism (Case B, black continuous), with only homogeneous nucleation (Case C, red), and with only heterogeneous
nucleation (Case D, blue), (right image, right panel) at the end of the simulation for all four cases.

The isotopic ratio in the instantaneous rainfall (𝛿 18 OA ; Figure 2, right) reflects this evolution, with an isotopic
ratio at the first precipitation peak of 𝛿 18 OA = 0.1◦ , corresponding to the mean isotopic ratio of the most
populated drop sizes. After the first peak of intensity, there is a small decrease of the isotopic ratio due to the
increase in downdraft, which reduces the fall time of the droplets, leading to a lesser amplitude of the isotopic
relaxation resulting in isotopic ratios ranging between −2% and 0‰. When the downdraft dies down (from
55 min of integration time on), the isotopic ratio in the rainfall gradually increases due to the combination of
two factors: The mean drop radius decreases, and their residence time increases, and therefore, the rainfall
isotopic ratio gets closer to the equilibrium with the air mass; even though the water vapor isotopic ratio at
ground level slightly decreases (Figure 4), the relative humidity near the surface also decreases, from 28%
at the first peak of intensity to 16% after 80 min of integration time, yielding a high pseudo-equilibrium
isotopic ratio (Rl,eq = 𝛼l,kin Rv with 𝛼 l, kin > 𝛼 l, eq if RH w < 100%). The integrated value of the isotopic ratio in
the precipitation for this reference case is 𝛿 18 OA = −0.0◦ (Table 1).
3.2. Evolution of the 18 O Isotopic Ratio in the Water Vapor
The vertical profiles of the initial mixing ratio of water vapor and isotopic ratio in the water vapor for all four
cases at three different times are presented in Figure 4.
The left panel in the right image of Figure 4 displays the original profile as computed by a Rayleigh distillation process (17). The profile appears to be quite irregular as a result of the asperities of the mixing ratio
profile based on radiosoundings from Dye et al. (1986) used in Equation 17 (Figure 4, left). The constant isotopic ratio at low altitude is a result of the setting of absolute humidity as constant in the CCOPE dynamical
case. The isotopic ratio then rapidly decreases with altitude along with the mixing ratio.
Once the cloud has developed, the decrease with altitude is much smaller, as the absolute humidity is close
to saturation at all altitudes. Therefore, the profiles are closer to those usually used as original Rayleigh
profiles (e.g., Bony et al., 2008, their Figure 6). All four considered cases display almost the same isotopic
ratio below the homogeneous nucleation line (7.5 km). Above this altitude, the isotopic ratio for the cases
where homogeneous ice nucleation is taken into account (Cases A and C), there is a strong depletion of 18 O
isotopologues, whereas when only heterogeneous ice nucleation is taken into account (Case D), the decrease
of the isotopic ratio occurs at the same rate as below 7.5 km.
This difference is a result of the condensation that is occurring above this altitude. When homogeneous
nucleation is not taken into account, there is a relatively small amount of ice crystals that can consume water
vapor, which results in quite strong supersaturations with respect to ice (at 9.5 km, RHi = 171%), and with
respect to water (RHw = 108%). This supersaturation is in the same range as the supersaturation at lower
altitudes, which is in good agreement with the continuous slope of the isotopic ratio. When homogeneous
nucleation is taken into account, the number of ice crystals above 7.5 km increases strongly, leading to a
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Figure 5. (Left) Liquid water content (g m−3 ) and (right) oxygen-18 isotopic ratio in the condensed phase (𝛿 18 O, ‰) as a function of altitude and time
simulated for a case with no ice nucleation mechanism (Case B).

much larger consumption of water vapor. In return, the air mass becomes subsaturated with respect to water
as the supersaturation with respect to ice strongly decreases (RHi = 116 ± 2% for Cases A and C). The
difference in relative humidity with respect to ice impacts strongly the kinetic fractionation factor: At 8.5 km
after 35 min, though all three cases have an equilibrium fractionation factor around 1.023, Cases A and C
(where homogeneous nucleation is active) have a kinetic fractionation factor of 1.017 ± 0.001 while Case D
(where homogeneous nucleation is inactive) has a kinetic fractionation factor of 1.007. This variation leads
to the observed difference in the slope of the isotopic ratio in the water vapor from 7.5 to 9.5 km.
Finally, at the end of the simulation, mixing occurred between upper and lower layers of the atmosphere as
well as with the surrounding air. Some slight differences are to be observed between the different cases, but
overall, all four profiles are quite similar.
3.3. Sensitivity Studies Regarding the Microphysics
To investigate the impact of the different microphysical processes, three sensitivity studies are conducted:
First, all ice nucleation mechanisms are suppressed (Case B), and then alternatively, only homogeneous
nucleation (Case C) or only heterogeneous ice nucleation (Case D) is considered as the only pathway to
pristine ice. The role of both ice nucleation mechanisms in the evolution of the cloud is then identified, and
their impact on fractionation is discussed.
3.3.1. No Ice Nucleation Mechanisms: Case B
The first sensitivity case considers only liquid microphysics processes: All mechanisms from Equations 2
and 3 are taken into account except ice nucleation (|nucl ), riming (|rim ), and melting (|melt ). The liquid water
content as a function of time and altitude is displayed in Figure 5, left. As for reference Case A, the cloud
starts forming around 3 km altitude after 8.5 min of integration time. It reaches an altitude of 8.1 km only
22 min later, at which point the updraft has weakened and only a small quantity of water in the subsequent
development reaches still higher altitudes. Precipitation is initiated between 7.1 and 7.7 km—altitudes close
to the homogeneous nucleation line—after 28 min of cloud life time. The precipitation on the ground displays three distinctive regimes (black continuous curve in Figure 2, right): first a strong rainfall peak before
decreasing rapidly. This high intensity is driven by high precipitating liquid water contents, despite small
downdrafts. After 41.4 min of integration time the intensity increases slightly, corresponding to a maximum
in the downward wind, resulting from the entrained air mass by the falling hydrometeors of the first peak
in the rainfall rate. Finally, the downdraft dies down, and the precipitating water content decreases further
(Figure 5, left), and the intensity of the precipitation weakens gradually. The cumulative precipitation for
this Case B is of 6.10 mm (Table 1), a reduction of 60% with respect to Case A mostly due to the reduced
downdraft after the first peak of intensity in the rainfall rate.
The evolution of the isotopic ratio in the liquid phase as a function of altitude and time is presented for 18 O
isotopologues in Figure 5, right. When the cloud starts forming after 8 min, the same strong condensation
rate as in Case A is observed. And as in Case A, the isotopic ratio decreases with increasing altitudes and
time, with 𝛿 18 O ∼ −6◦ at the cloud base and 𝛿 18 O ∼ −26 where the cloud top reaches 9.7 km. In contrast to
reference Case A, this decrease with increasing altitude becomes steeper once the cloud top has reached the
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Figure 6. (Left) Liquid (red) and ice (blue) water contents (g m−3 ) and (right) oxygen-18 isotopic ratio in the condensed phase (𝛿 18 O, ‰) in the condensed
phase as a function of altitude and time simulated for a case with pristine ice formed only through the homogeneous nucleation mechanism (Case C).

homogeneous nucleation line, as only smaller droplets with short characteristic relaxation times remain.
Furthermore, the decrease of the isotopic ratio at lower altitudes after the precipitation onset is much
stronger in this Case B than in Case A, as the amount of large precipitating drops falling from the higher
layers is much larger (precipitating water content up to 300% higher). Particularly, as the precipitating drops
are larger than in Case A (2.5 to 3.3 mm), their characteristic relaxation time is larger, and therefore, the
condensate isotopic ratio in the precipitation is lower than in Case A, even though the equilibrium isotopic
ratio is the same (in both cases, 𝛿 18 Ov = −16◦ and RHw = 28%)
In the early part of the precipitation, the instantaneous isotopic ratio of the surface precipitation is much
lower than that of case A (𝛿 18 OB = −7.9◦ at the first precipitation peak—Figure 2, right). But this value then
catches up with Case A and follows a quite similar evolution after 50 min of integration time, as the drop
size gradually decreases, leading to an equilibrium with the air mass. As the downdraft dies down much
earlier in Case B than in Case A, the humidity at the ground level increases back to its original value, and
therefore, at the end of the simulation, RHw = 25%, resulting in a lower pseudo-equilibrium isotopic ratio.
Overall, the mass-weighted, time-integrated value of the isotopic ratio in the precipitation for this sensitivity
Case B is 𝛿 18 OB = −4.4◦ (Table 1).
3.3.2. Only Homogeneous Ice Nucleation: Case C
The early development of the cloud is identical to Cases A and B, as it is not impacted by homogeneous
nucleation; the dynamics is modified only when the cloud top reaches −32◦ C, due to the release of latent
heat through ice formation and growth: The cloud top reaches 9.5 km after 34 min of integration time
instead of 9.7 km in Case A and 9.1 km in Case B. The increase in updraft speed, with respect to sensitivity
Case B, combined with the decreased volume of the precipitating drops due to the formation of ice crystals
(Bergeron-Findeisen mechanism) yields a slight reduction of the rain intensity of the first peak (Figure 2,
right) occurring after the same integration time as in Case B. Afterward, the downdraft is slightly delayed
and reduced, which combined with a reduced precipitating liquid water content due to the smaller sedimentation speed of ice crystals leads to a decrease in the intensity of the second precipitation peak (Figure 2,
right). The difference in vertical wind speeds is mostly caused by the reduced precipitating liquid water
content, which limits the entrainment of the air mass. Given that only a small part of the ice crystals fall
below melting temperatures, the consumption of latent heat due to the phase change is too small to impact
significantly the dynamics below cloud. This results in a cumulative precipitation of 4.90 mm (Table 1).
The distribution of 18 O isotopologues in the domain in Case C is very similar to the distribution in Case B
during the first 30 min of integration time (Figure 6, right). However, later, homogeneous nucleation impacts
the evolution of the 18 O concentration: Above the homogeneous nucleation level, where the condensed
phase almost solely consists of ice crystals, the isotopic ratio at first displays higher values than in Case B
but then decreases faster as the larger ice crystals have fallen to lower altitudes.
Initially, in the in-cloud precipitating region, the isotopic ratio remains unchanged with respect to Case
B: Precipitation starts at altitudes with temperatures above −32◦ C and only a small number of ice crystals
contribute to the first peak of intensity. Shortly after this high precipitating water content has fallen, ice crystals become noticeable: At 3.5 km, slightly above the melting altitude, a small amount of ice crystals larger
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than 2 mm contribute to the precipitation (2 · 10−6 cm−3 , 1 order of magnitude below the concentration of
droplets with similar mass). Though their contribution to the total water content and to the total isotopic
ratio is negligible, their microphysical impact is not. Their formation by freezing of large droplets above the
homogeneous nucleation line leads to the evaporation in the downdraft of the remaining droplets through
the Bergeron-Findeisen mechanism: At 3.5 km, the amount of droplets larger than 1.3 mm is reduced while
the concentration of droplets smaller than 1.3 mm is increased. Furthermore, the isotopic ratio of the large
droplets in Case C is larger than in Case B. This yields an increase in the isotopic ratio in the precipitation
after 50 min of integration time. Two factors can be identified: on the one hand, the Bergeron-Findeisen
mechanism which, due to droplet evaporation, increases the isotopic ratio in the droplets as their characteristic relaxation time reduces and, on the other hand, the larger relative proportion of large droplets which
were formed at lower altitudes with higher isotopic ratios and never got transported through the updraft at
altitudes above the homogeneous nucleation level. The resulting increase of the isotopic ratio in the rainfall
is reflected also in the isotopic ratio of the cumulated precipitation: 𝛿 18 OB = −3.6 (Table 1).
3.3.3. Only Heterogeneous Ice Nucleation: Case D
Two essential mechanisms are taken into account for heterogeneous nucleation in Case D (Hiron &
Flossmann, 2015): condensation freezing based on Meyers et al. (1992) and immersion freezing, adapted
from Bigg (1953). Considering these mechanisms, the liquid and ice water contents evolve in a similar way to
those of reference Case A. Combined, they lead to an efficient ice nucleation at relatively warm temperatures
(the major part of the cloud is frozen before reaching the homogeneous nucleation line—Figure 1).
Due to the early onset of ice nucleation in the cloud development and the resulting latent heat release, the
dynamics of the cloud is intensified with respect to sensitivity Case B (the cloud top reaches 9.7 km after
33.5 min of integration time). This increased updraft, combined with the dramatic change in the phase of
the hydrometeors, leads to a delayed precipitation onset located at a lower altitude (between 5.5 and 6.5 km,
same as in reference Case A). In addition, as the terminal velocities for ice crystals are smaller than for cloud
droplets of identical mass, a large delay is noticed in the much smaller first peak of precipitations, similar to
Case A (Figure 2, left). This decrease in intensity of the first peak results from the reduced total precipitating
water content at precipitation onset. Here again, the second part of the precipitation on the ground (Figure 2,
left) is marked by a dramatic increase in intensity because of the latent heat consumption at melting level.
The cumulative precipitation amounts to 17.08 mm (Table 1), the largest of the four cases.
The contributions of homogeneous (Case C) and heterogeneous (Case D) ice nucleation show that in Case A,
homogeneous ice nucleation does not significantly affect cloud dynamics, as most of the cloud is already
frozen before reaching the homogeneous nucleation line. It increases the IWC in the cloud only above 8 km
and reduces the late precipitating ice water content, leading to a slight reduction of the downdraft below the
cloud after 60 min of simulation (reflected in the rainfall rate—Figure 2, left).
Figure 3 (right) displays the 18 O isotopic ratio as a function of time and altitude for Case D. The formation
of the ice phase by heterogeneous nucleation has little impact on the isotopic ratio during the early cloud
development as only a small amount of crystals are nucleated, but once the ice water content dominates
in cloud, the condensed isotopic ratio takes a value of 𝛿 18 OD = −18 where the cloud top reaches 9.7 km,
whereas, in Case B, 𝛿 18 OB = −26—Figures 3 (right) and 5 (right). This increase in the isotopic ratio is the
result of large ice particles (radius larger than 200 μm) formed from rather large and consequently aged
droplets, which have larger isotopic ratios than the smaller newly formed ice crystals.
In the precipitation region, an increase in the isotopic ratio with respect to Case B is observed, similar to
Case C. Given the higher temperature of heterogeneous ice nucleation onset, the effects of the presence of
ice crystals on the size of the hydrometeors and their isotopic ratio are increased. As the precipitating water
drops form at lower altitudes than in Cases B and C, the isotopic ratio in the early phase of precipitation
is higher: at 3.5 km, after 33 min of integration time, the isotopic ratio in the condensed phase has a value
of −8.8◦ . This corresponds to relatively small drops (between 10 and 200 μm) grown mostly through vapor
diffusion and collision coalescence at altitudes between 3 and 4 km and at equilibrium with the environing air mass. Once precipitating ice crystals reach 3.5 km after 35 min of integration time, the number of
drops decreases, through the combination of riming and Bergeron-Findeisen process. As ice crystals reaching 3.5 km gradually originate from higher altitudes, their isotopic ratio gradually decreases. For the most
abundant size of ice crystals (530 μm), the isotopic ratio is reduced from −12.8◦ after 38 min of integration
time to −13.6◦ after 42 min. In the remainder of the precipitation system, the same mechanisms continue.
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Figure 7. Isotopic ratio of water droplets (red) and ice crystals (blue) as a function of their radius for reference Case A, where all ice nucleation mechanisms
are taken into account, after 30 (continuous), 40 (short dashed), and 50 (long dashed) min of integration time at 2 (left), 5 (center), and 8 (right) kilometers
of altitude.

In contrast to reference Case A, in Case D, there is no competition between homogeneous and heterogeneous
nucleation above 7.5 km of altitude. Therefore, in the late part of the precipitation, hydrometeors reach larger
sizes as they grow mostly through vapor deposition at high altitudes (Figure 1, right), yielding an increase
in the rainfall rate, and a smaller isotopic ratio in Case D than in the reference Case A, due to the increased
characteristic relaxation time.
The isotopic ratio of the cumulated precipitation is also slightly reduced: 𝛿 18 OD = 0.1◦ (Table 1).
3.3.4. Isotopic Ratio in the Hydrometeor Spectra
As most implementations of water isotopes in bulk microphysical parameterizations assume that the isotopic ratio is independent of particle size in a given hydrometeor category (e.g., rain), the ability of Descam
to predict the isotopic ratio of each size particle independently is noteworthy. During the initial droplet formation, all droplets have the same isotopic ratio (Figure 7, center). Hydrometeors see their isotopic ratio
continuously decrease during condensation due to the continuous impoverishment in 18 O of the ambient
air mass, irrespective of their radius. This is due to the fact that during condensation, the relative humidity with respect to water keeps the same range (between 100% and 110%), yielding a steady impact on the
kinetic fractionation factor (Figure 7, right).
However, once the hydrometeors reach a precipitating size, they fall rapidly toward altitudes with different water vapor isotopic ratios, temperatures, and relative humidity. These three factors combined lead to
dramatic changes in the equilibrium condensed isotopic ratio. It is then that the characteristic relaxation
time plays a major role. Large drops (radius larger than 1 mm) need more than 30 min at saturation and
30◦ C (temperature at ground level) to reach equilibrium with the environing air mass, while small droplets
(radius smaller than 25 μm) need less than a second.
Figure 7 represents the isotopic ratio in the hydrometeor spectra for different altitudes at three time steps:
after 30 min of integration time, in the updraft, shortly before the precipitation starts; after 40 min, during
the first peak of rainfall intensity; and after 50 min, during the second peak of rainfall intensity. The water
drops spectra below cloud show the importance of the relaxation time in the isotopic ratio: Droplets with
radii smaller than 100 to 200 μm have an isotopic ratio in a small range, corresponding to the equilibrium
condensed isotopic ratio, while the isotopic ratio strongly decreases with increasing radius for larger drops
with values coming close to those of large ice crystals at 5 km of altitude.
In the middle panel (5 km of altitude), after 30 min of integration time, the isotopic ratios of ice crystals and
cloud drops are very close as most ice crystals are freshly formed through heterogeneous nucleation. After
40 min, the isotopic ratio of small ice crystals remains in the same range whereas the isotopic ratio of cloud
droplets increases as the relative humidity with respect to water drops below 100%. Here also, the effect of
the relaxation characteristic time can be noticed for droplets larger than 100 μm.
The difference in behavior between large and small drops is also illustrated by the mean isotopic ratio for
different periods during precipitation presented in Figure 8. All spectra display an increase of the isotopic
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Figure 8. Mean isotopic ratio in the rain on the ground as a function of the drop radius in the first peak of intensity (red), in the downdraft-driven second
peak of intensity (orange) and in the remainder of the precipitation (yellow) for all four cases: reference Case A where all ice nucleation mechanisms are taken
into account (top left), Case B where no ice nucleation mechanism is taken into account (top right), Case C where only homogeneous ice nucleation is taken
into account (bottom left), and Case D where only heterogeneous ice nucleation is taken into account (bottom right).

ratio with decreasing radii toward a plateau corresponding to the equilibrium with the environing air mass
for drops smaller than 0.2 mm. This decrease is in good agreement with the modeling results of Lee and
Fung (2008).
All four cases display very similar isotopic ratios in the first peak of intensity with the largest drops presenting
an isotopic ratio around −10◦ and a plateau close to 10◦ . However, there is a difference of 3◦ for drops between
2 and 4,mm which results in the difference in value at the first peak of intensity previously noted. This fact
can mostly be attributed to the origin of the precipitation: The large drops in Cases A and D originate from
lower altitudes than in Cases B and C and therefore display a higher isotopic ratio. Given their large size,
the impact of the relaxation toward equilibrium is fairly limited.
In the second peak of intensity, driven by the downdraft, the large drops in Cases A and D have a lower
isotopic ratio than in the first peak of intensity. This is the result of two combined factors: in part because
the drops mostly originate from higher altitudes with slightly lower isotopic ratios, but most importantly
because the strong downdraft (up to 10 m s−1 ) reduce the residence time in subsaturated areas, limiting
further the effect of the relaxation toward equilibrium.
Finally, in the remainder of the precipitation, only small drops still reach the ground as the downdraft has
died down and the relative humidity remains low at ground level (between 15% and 25%) leading to a large
evaporation of the precipitating drops. This causes a high isotopic ratio in the “plateau” (∼27 for Cases A
and D and ∼20 for Cases B and C) and therefore a high isotopic ratio in the rainfall.
3.4. Sensitivity Studies Regarding the Fractionation Calculation
Though there seems to be a signature for the different microphysics cases (lower values for the case with
only liquid processes and higher values for cases with heterogeneous ice nucleation and intermediate values
for the case with only homogeneous ice nucleation), the origin of the signature is ambiguous: The isotopic
ratio in ground precipitation seems to be a result of the microphysical feedback on the dynamics, but it can
also be a result of the difference between fractionation on droplets and ice crystals. Some technical choices
can also play a role in our results: What are the impacts of the absence of fractionation during sublimation,
as well as the relaxation toward equilibrium of heavy isotopologues in ice crystals? These aspects are studied
in the following sections.
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Figure 9. (Left) Deviation in isotopic ratio in the condensed phase as a function of altitude and time between the reference cases and the sensitivity cases
(Δ𝛿 18 O = 𝛿 18 Osens − 𝛿 18 Oref ) where isotopologues in ice crystals are computed using the relaxation scheme presented in Equation 12 for water droplets
(𝛿 18 Osens ) and the corresponding reference case (𝛿 18 Oref ), for the Case A where all ice nucleation mechanisms are taken into account, and (right) deviation in
isotopic ratio in the precipitation as a function of time for Cases A (all ice nucleation processes, black), C (only homogeneous nucleation, red), and
D (only heterogeneous nucleation, blue).

To test the different modifications, the relaxation of heavy isotopologues in ice crystals needs to be taken into
account first. Indeed, to compare the impact of the fractionation factor difference between both phases or
the impact of the equilibrium assumption, ice crystals and liquid drops need to behave in a similar manner.
This second sensitivity study will be expressed in terms of variation with respect to the simulation with ice
crystal relaxation.
3.4.1. Full Fractionation Calculation for Ice Crystals
In the previous sections, it was assumed that no isotopic fractionation occurred during the sublimation of
ice crystals and that the isotopic relaxation phenomenon did not occur. This assumption, combined with
the assumption of the homogeneity of the isotopic ratio in the ice crystal, might however introduce some
error in the calculation of the hydrometeor isotopic ratio.
A sensitivity study is performed in which the isotopic ratio in ice crystals evolves following the adaptation
to ice of Equation 12 in order to get an estimate on the potential impact of such an effect. The evolution
of the 18 O isotopic ratio as a function of altitude and time is presented in Figure 9 (left) for Case A, where
all ice nucleation mechanisms are taken into account. The early evolution of the isotopic ratio in the cloud
(until 30 min of integration time) is identical to the reference case (Figure 3, left) with the exception of the
early cirrus-like formation. This is to be expected as during this period, the formed ice crystals are of a rather
small size, with the exception of those in the cirrus-like formation, and therefore are always at equilibrium.
Furthermore, as was pointed out earlier, in-cloud ice crystals grow rather rapidly because of the strong
dynamics and high relative humidity in the cloud, and therefore, the last formed shell of the ice crystal is at
equilibrium with the environing air mass. Once ice crystals reach a larger size through either depositional
growth or riming and subsequently fall as they reach a sedimentation size, the relaxation starts having an
effect on the condensed phase isotopic ratio. The evolution of the isotopic ratio is then rather similar to what
was observed for Case B where only the liquid phase was considered: For example, between 3 and 5.5 km, for
a given altitude, due to the relaxation of the ice crsystals toward equilibrium with the environing air mass,
the isotopic ratio remains relatively constant before gradually increasing, whereas it steadily decreased in
the reference case as the ice crystals came from higher altitudes with lower isotopic ratios which were kept
constant during sublimation. The maximum difference between the reference case and the sensitivity case
is to be noticed, for all times, around the melting altitude: As relaxation is taken into account for ice crystals,
their isotopic ratio in the lower altitudes of the cloud is noticeably higher than in the reference case, but
once the hydrometeors melt, they relax toward isotopic ratios very close to those of the reference case, hence
the decrease in difference below the cloud.
The resulting variation of the isotopic ratio in the rainfall for Cases A, C, and D is presented in Figure 9, right.
As soon as the precipitation starts, the relaxation of ice crystals has an effect on the isotopic ratio in Cases A
and D. The increase of the isotopic ratio in the first peak of intensity (up to 2‰ at the peak) is the result
of an earlier relaxation of the hydrometeors than in the reference cases, which is not compensated by the
water drops relaxation below cloud because of their large size and therefore long characteristic relaxation
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Figure 10. Difference in isotopic ratio between the reference cases and the sensitivity cases considering 𝛼i,kin = 𝛼l,kin : Δ𝛿 18 O = 𝛿 18 Osens − 𝛿 18 Oref . (Left) In
the condensed phase as a function of altitude and time for Case A, where all ice nucleation mechanisms are taken into account, and (right) in the precipitation
as a function of time for Cases A (all ice nucleation processes, black), C (only homogeneous nucleation, red), and D (only heterogeneous nucleation, blue).

time. The differences then decrease once the precipitation becomes driven by the downdraft. In this part of
the precipitation, smaller hydrometeors contribute to the precipitation with shorter characteristic relaxation
times, bringing their isotopic ratio closer to equilibrium than in the first peak of intensity. The decrease of
the isotopic ratio in the precipitation is therefore a direct effect of the reduced water vapor isotopic ratio:
Ice crystals relax toward a higher isotopic ratio than water droplets, and by doing so, they consume more
heavy isotopologues than water droplets do. As a result, the water vapor isotopic ratio rapidly drops in the
downdraft for altitudes below about 5.5 km. The liquid nature of the first peak of intensity in Case C is
confirmed by the absence of variation in the isotopic ratio between the present simulation and the reference
case. However, once ice crystals contribute to the precipitation, the difference increases up to 2.5‰.
Though the variation introduced by the consideration of ice crystals relaxation seems quite minor with
respect to the total variation of the isotopic ratio during the precipitation (about 10%), it occurs in Cases A
and D when the rainfall rate is at its maximum. It therefore yields a noticeable difference in the accumulated
isotopic ratio: Δ𝛿 18 OA = 0.9%0, Δ𝛿 18 OC = 0.8, and Δ𝛿 18 OD = 0.9, but it does not really impact the isotopic
signature of the different cases in these dynamics. This might however not be true in calmer dynamics where
the relaxation of ice crystals could become more important in the cloud.
3.4.2. Microphysics Versus Fractionation
To test the importance of the difference in fractionation factors between the ice and liquid phase, the following sensitivity test is considered: All fractionation is computed using only the liquid phase fractionation
factors, yielding 𝛼i,kin = 𝛼l,kin . The results are presented in terms of differences in the isotopic ratio with
respect to the reference cases (corresponding to the Cases A, C, and D presented in section 3.4.1).
Figure 10 (left) presents the evolution of the difference between the sensitivity case and the reference case as
a function of altitude and time for Case A where all ice nucleation mechanisms are taken into account. In the
early cirrus-like formation, the decrease in fractionation factor leads to a decrease of the condensed isotopic
ratio. As the relative humidity with respect to ice is close to 100%, the difference in condensed isotopic ratio
is proportional to 𝛼 l, kin − 𝛼 i, kin .
In the early development of the cloud and until hydrometeors reach their sedimentation radius, the impact
of the modification of the fractionation factor is fairly limited. However, once hydrometeors fall, they reach
altitudes where they are out of equilibrium. Given that the characteristic relaxation time is proportional
to the fractionation factor (see Equation 13), the precipitating ice crystals reach equilibrium faster than in
the reference case, but the equilibrium in question corresponds to a lower isotopic ratio as it is defined as
Ri,eq = 𝛼l,kin · Rv . This leads to a decrease in the isotopic ratio of the condensed phase. When ice crystals melt,
the hydrometeors resume to their original behavior, and therefore, the isotopic ratio above 0◦ C increases
back toward the values from the reference case.
A different mechanism occurs at high altitude: The formed ice crystals rarely reach sedimenting radii and
therefore have long residence times. Given the relatively high ice water content at these altitudes, the continuous deposition of water vapor consumes heavy isotopologues, resulting in a depletion. As the fractionation
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factor is reduced in the sensitivity case, the depletion of the water vapor is limited, and therefore, the isotopic
ratio in the condensed phase (as well as in the water vapor) is increased at high altitudes.
Figure 10 (right) presents the evolution of the variation of the isotopic ratio in the surface precipitation.
In this series of simulations, the longer the residence time of the ice crystals, the lower the isotopic ratio.
Remarks similar to those for the previous section can be done for the first peak of intensity in Case C as well
as the implication of the increased downdraft in Cases A and D. The impact on the accumulated isotopic
ratio is here again noticeable: Δ𝛿 18 OA = −0.7, Δ𝛿 18 OC = −0.3, and Δ𝛿 18 OD = −0.6

4. Conclusions
Isotopic fractionation of water is a fundamental tool used to infer past climate variations. The present study
is one of the first to use bin microphysics while investigating the potential influence of cloud-scale effects
on the fractionation.
In a first attempt, a 1.5d dynamic framework was coupled to the bin-resolved microphysics module Descam
(Flossmann & Wobrock, 2010) to limit the study to a small-scale convective cloud. A size-resolved treatment
of the isotopic fraction of water vapor and condensed liquid water and ice was added to follow in detail the
fractionation process through cloud and precipitation evolution.
A second study was dedicated to the microphysical state of the cloud when liquid and ice pathways were
varied. Here, variations of the isotopic ratio up to a value of 8◦ could be found in the precipitation on the
ground. However, a careful analysis showed that the modification was essentially due to the resulting change
in the importance of phase transitions. The effects only due to a modified liquid/ice fractionation coefficient
were more modest, on the order of 1 per mil. More importantly, as soon as the rainfall rate decreased below
25 mm hr−1 , particularly when constituted of small hydrometeors, the precipitation isotopic ratio was mostly
driven by a combination of the relative humidity and water vapor isotopic ratio at low levels.
Thus, it seems not possible to read the pathway of precipitation formation from the isotopic fraction in the
rain water. In this, the granulometry of the precipitation observations in time is particularly important for
the analysis of the measured isotopic ratio. However, the strong convective nature of the modeled cloud as
well as its relatively high cloud base and the low relative humidity at the ground is not representative of all
precipitating clouds.
The current study is very preliminary, as the very first of its kind. In a further step, the dynamical framework
of the model needs to be replaced with a more complex 3d mesoscale dynamics. Then, the effect of more
stratiform clouds and longer lasting phase change periods on the evolution of the fractionation in the cloud
and the precipitation can be investigated in more detail to check whether information on the phase changes
could be traced and identified in the precipitations under certain conditions. Also, in a larger 3d scale,
the effects of transport of isotopic ratios with respect to local phase changes can be addressed. Finally, the
prediction and validation of deuterium excess signals in hydrometeors and precipitation can be addressed.

Data Availability Statement
The data produced in this modeling study are available at Hiron and Flossmann (2019). A detailed
description of the model can be found in Flossmann and Wobrock (2010).
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