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Abstract The poorly understood attenuation of surface waves in sea ice is generally attributed to the
combination of scattering and dissipation. Scattering and dissipation have very diﬀerent eﬀects on the
directional and temporal distribution of wave energy, making it possible to better understand their relative
importance by analysis of swell directional spreading and arrival times. Here we compare results of a
spectral wave model—using adjustable scattering and dissipation attenuation formulations—with wave
measurements far inside the ice pack. In this case, scattering plays a negligible role in the attenuation of
long swells. Speciﬁcally, scattering-dominated attenuation would produce directional wave spectra much
broader than the ones recorded, and swell events arriving later and lasting much longer than observed.
Details of the dissipation process remain uncertain. Average dissipation rates are consistent with creep
eﬀects but are 12 times those expected for a laminar boundary layer under a smooth solid ice plate.
1. Introduction
Arctic sea ice is undergoing rapid changes in extent and thickness [e.g., Maslanik et al., 2007; Renner et al.,
2014] that are poorly reproduced by numerical models [e.g., Stroeve et al., 2014], leading to large errors in
air-sea ﬂuxes in both long-range climate forecasts and short-term operational weather forecasts. Besides the
impact of air and water temperatures on the melting of sea ice [e.g., Lique et al., 2014], and the albedo feedback
[e.g., Perovich et al., 2007], ocean waves can also enhance ice retreat as bigger waves may lead to more ice
break up which generally results in bigger waves due to the increased fetch [Thomson and Rogers, 2014]. It is
then suspected that, with reduced ice cover, the consequent energetic waves are more eﬀective in breaking
up the ice [e.g., Asplin et al., 2012] and mixing the upper ocean, thereby favoring melting and a further reduced
ice extent.
The region where ice is broken by waves is the marginal ice zone (MIZ), and its extent is directly controlled by
the attenuation rate of waves propagating into the ice. The causes and magnitude of this attenuation have
been strongly debated over the last 40 years, and various feedbacks of ice properties on wave attenuation
have been proposed [e.g., Squire and Moore, 1980]. Here we focus on particularly long-period waves and measurements far inside of the ice pack. That particular regime may be relevant to the MIZ evolution as it probably
involves some of the wave-ice interaction processes that deﬁne the wave attenuation before the ice is broken. However, our data set is limited to measurements far in the ice, which do not allow a separation of MIZ
processes from ice pack processes, and eﬀectively only constrains the latter.
Broken ice ﬂoes [e.g., Meylan et al., 1997; Montiel et al., 2016] or variations in ice thickness [Squire et al., 2009;
Bennetts and Squire, 2012] may scatter wave energy in all directions thereby enhancing the wave attenuation.
Alternatively, the breaking of ice into small ﬂoes reduces the deformations of the ice layer, resulting in less
creep-induced dissipation of wave energy, possibly explaining the weak attenuation of waves in broken ice
reported by Collins et al. [2015], compared to similar wave conditions in unbroken ice. The reader is referred
to the reviews by Squire et al. [1995] and Mosig et al. [2015] for a presentation of other possible dissipation
mechanisms and parameterizations.
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Clearly, a knowledge of wave attenuation mechanisms in sea ice is necessary to allow a quantitative prediction
of the MIZ extent [e.g., Dumont et al., 2013; Williams et al., 2013a, 2013b]. From observations of heave alone
[e.g., Wadhams, 1975; Squire and Moore, 1980; Wadhams et al., 1988], the attenuation of wave energy can be
attributed to many diﬀerent processes that can then be parameterized into numerical models [Doble and
Bidlot, 2013]. Including observations of directional wave properties in the ice allows discrimination between
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scattering, which tends to broaden the directional spectrum and can dominate for short-period waves in the
MIZ [e.g., Squire et al., 1995] and dissipation—whatever the physical process at play—which tends to produce
narrow spectra as the obliquely traveling waves are more attenuated because of their longer propagation
path [Wadhams, 1978; Squire et al., 1995]. Thus, the directional spread of the wave spectrum is a key diagnostic
parameter that reveals the relative importance of scattering and dissipation due to wave-ice interactions, as
it does in coastal waters due to wave-bottom interactions [Ardhuin et al., 2003].
In this work, we analyze wave data collected in the vicinity of the schooner Tara during its 2007 trans-Arctic
drift experiment. The data set is compared to a numerical wave model that simulates attenuation of waves in
ice due to scattering and/or dissipation.

2. Waves Measurements on the Ice
Wadhams and Doble [2009] measured the slopes of the ice surface in two orthogonal directions, x and y, using
tiltmeters. The instruments were not equipped with heading sensors, meaning that the absolute orientation
of these directions could not be determined. However, in this work we focus on the directional spreading,
which has no dependence on absolute orientation.
Assuming the wave-induced surface elevation is linear, it can be written as
∑
)
(
𝜁 (x, y, t) =
ai,j cos ki x cos 𝜃j + ki y sin 𝜃j − 2𝜋fi t + 𝜙i,j

(1)
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=

∑
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which is composed of monochromatic and long-crested waves each with amplitude ai,j , wave number ki ,
direction 𝜃j , frequency fi and random phase 𝜙i,j in the two-dimensional spectrum and 𝜓i for the frequency
spectrum. Taking the horizontal gradients of equation (1), the surface slopes are similar sums of sines,
multiplied by −ki cos 𝜃i for slopes in the x direction and by −ki sin 𝜃i for slopes in the y direction.
The spectra Cxx and Cyy and cospectrum Cxy of the slopes provide information on the slope variance and can
be related to the elevation spectrum, E(f ), using the dispersion relation. In this case, the linear deep water
dispersion relation for open water, 𝜎 2 = gk, was used. Because we focus on wave period longer than 19 s and
ice thickness under 4 m, ignoring ice eﬀects in the dispersion relation is considered acceptable [e.g. Wadhams
and Doble, 2009]. From equation (2), the heave spectrum is obtained by taking the average of records of the
discrete Fourier transform E(f ) = ⟨𝜁 (fi )2 ⟩, which is a sum of the variance over all directions j. The slope spectra
Cxx (f ) and Cyy (f ) are simply the sums over directions of the directional heave spectrum F(f , 𝜃) multiplied by
k2 cos2 𝜃 and k2 sin2 𝜃 , respectively. Likewise, the cross spectrum Cxy is the sum of E(f ) multiplied by k2 cos 𝜃 sin 𝜃 .
As a result, without making any assumptions regarding the shape of F(f , 𝜃), the directional spreading, 𝜎2 (f ),
can be estimated. This spreading is deﬁned here from the second moments of the directional distribution,
F(f , 𝜃), with
a2 = (Cxx − Cyy )∕(Cxx + Cyy ) =

b2 = (2Cxy )∕(Cxx + Cyy ) =
√
m2 (f ) =

𝜎2 (f ) =

∫

∫

cos(2𝜃)F(f , 𝜃)d𝜃,

sin(2𝜃)F(f , 𝜃)d𝜃,

a22 (f ) + b22 (f ),

√

(1 − m2 )∕2.

(3)

(4)

(5)

(6)

Although this deﬁnition is slightly diﬀerent from the one in Kuik et al. [1988], it is well adapted to data in which
the ﬁrst moment of the spectrum is not available because we do not have a direct measurement of the heave.
In the limit of a narrow Gaussian spectrum, 𝜎2 is the half width (standard deviation) of that spectrum.
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Figure 1. (top) Spectrogram of surface elevation, (bottom) width of the directional wave spectrum estimated from
second moments (equation (6)). The black rectangle highlights the time and frequency range of the spectral peak on 12
February at 18:00 UTC, showing that the directional spreading is around 10∘ or less when the energy is maximum.
This spectral range is used in Figures 2a, 2b, and 3.

The spectra and cospectra were computed using the Welch [1967] method with half-overlapping records of
400 s and a Hanning window. We also corrected for a processing error in Wadhams and Doble [2009], where
the sampling frequency fs = 2.18 Hz was erroneously reduced by a factor 1.5. Spectra were averaged over
each data burst, which have a variable length from 0.5 to 3 h. Records were excluded from the average if
the maximum tilt change over a sampling interval exceeded half of the standard deviation of that record, or
if the standard deviation of the record was 3 times larger than that of the data burst. This ﬁltering is useful
for bursts later in the year, from April to June, with many spikes caused by ﬂoe-ﬂoe collisions in the more
open and mobile ice cover. For our period of interest, from 12 to 15 February, less than 5% of the record have
been removed for each burst, and a visual inspection of the data reveals apparent wave packets, typical of
narrow-banded spectra.
Figure 1 shows the heave spectrum and directional spreading 𝜎2 estimated from one of the two-axes tiltmeters. The week starting on 10 February is marked by two events in close succession. The frequency fp at
which the heave spectrum E(f ) is maximum, has the usual linear increase with time, dfp ∕dt = g∕(4𝜋X), that
is characteristic of the dispersive arrival of swells from remote sources at a distance X [e.g., Munk et al., 1963;
Delpey et al., 2010]. The sources of the swells on 9 and 10 February were determined to be approximately
5000 km from the sensors, allowing the storms that generated the swells to be isolated. Both events were
major storms that peaked west of Ireland, with maximum signiﬁcant wave heights Hs of 19.5 m at 48∘ N 25∘ W
on 9 February at 15:00 UTC, and 18.5 m at 48∘ N 31∘ W on 10 February at 12:00 UTC. These estimates are based
on a well-calibrated numerical wave model [Rascle and Ardhuin, 2013], forced by winds from the Climate
Forecasting System Reanalysis (CFSR) [Saha et al., 2010] and conﬁrmed by satellite altimeter data [Queﬀeulou
and Croizé-Fillon, 2010]. That model has a Hs bias under 5% for Hs up to 18 m, and a scatter index under 10%
for Hs values above 10 m.
These are the two biggest wave events on Earth for that month, associated with two storms moving at speeds
close to the dominant wave group speed. These storms are very similar to the Quirin storm of February 2011,
ARDHUIN ET AL.
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which has the largest measured sea state in the satellite altimetric record [Hanaﬁn et al., 2012] and which was
well represented by the same numerical model conﬁguration. All three storms generated swells with peak
periods exceeding 25 s outside of the ice. The swells studied here were able to reach the Arctic through a
relatively narrow window between Iceland and Svalbard. The short duration in the storms intensity together
with this narrow window explains the succession of two well-deﬁned events.
The directional spreading in Figure 1b shows that when the energy level is maximum, the measured spectrum
is very narrow. Since the spreading is deﬁned using the second moments of the directional distribution, it is
possible that the spectrum is the combination of two narrow beams in exactly opposite direction, each with
a half width under 10∘ . Since we know of no natural geophysical process that could backscatter these waves
uniquely in the exact opposite direction, we interpret this data as a single narrow beam of energy, indicating
that the attenuation of these swells is mostly due to dissipative processes. This interpretation is consistent
with the numerical wave model results discussed in the next section.

3. Modeling of Wave Dissipation and Scattering
In order to evaluate the possible impact of scattering and dissipation, we have nested a curvilinear grid conﬁguration of the WAVEWATCH III model into the global wave hindcast of Rascle and Ardhuin [2013]. The polar
grid is the same as that used for the daily 12.5 km resolution maps of sea ice concentration derived from the
Special Sensor Microwave Imager (SSM/I) [Ezraty et al., 2007]. The SSM/I ice concentration c and CFSR wind
ﬁelds were used to force the model. The model is also forced at its open boundary at 66 N using directional
spectra from the global wave model of Rascle and Ardhuin [2013]. The Arctic grid includes a 50 km artiﬁcial
island at the North Pole, in order to avoid errors in the refraction scheme, because we are using true north
as a reference direction. The spectral grid uses 24 directions and 33 frequencies from 0.0338 to 0.7 Hz. The
addition of lower frequency components with sources of infragravity waves [Ardhuin et al., 2014] or a ﬁner
directional distribution did not signiﬁcantly change the dominant swell properties.
Waves are propagated through the ice using two very simple parameterizations of dissipation and scattering.
A recent review of more complex dissipation models is presented in Mosig et al. [2015]. Here we represent
dissipation by the under-ice laminar friction theory of Liu and Mollo-Christensen [1988] in which the viscosity
is set to the molecular viscosity at the freezing temperature of sea water, 𝜈 ≃ 1.83 × 10−6 m2 /s. For our long
period swells, twice the amplitude attenuation of equation
(A10) in Liu and Mollo-Christensen [1988] gives a
√
spatial attenuation for the energy at a rate 𝛼v ≃ k (𝜈2𝜋f ∕2)∕Cg , where Cg is the group speed. This gives
𝛼v = 1.6 × 10−7 m−1 for T = 25 s. We multiply these values by a tuning coeﬃcient Cv . Scattering is represented
by a constant spatial decay rate for the energy 𝛼s , multiplied by a similar tuning coeﬃcient, Cs , and combined with an isotropic redistribution of the scattered energy. Since this dissipation and scattering are linear
functions of the directional spectrum, these are integrated exactly for a spatially uniform sea state, following
Ardhuin and Herbers [2002].
We have tested a number of variations on these numerical choices, and they have a very limited numerical
impact. The spatial resolution and integration time step used were veriﬁed to correspond to a well-converged
numerical solution, because the evolutions due to scattering or dissipation used here are weak at the scale of
the 12.5 km grid resolution. The impact of an isotropic scattering compared to a narrower forward or backscattering had limited impact on the solution once the model was adjusted to reproduce the observed wave
height. Indeed a narrow forward scattering requires a stronger scattering coeﬃcient to arrive at the same
wave height. The inﬂuence of the ice on the group speed is expected to be limited to a 4% faster propagation
for an ice thickness of 4 m and wave periods of 24 s.
The energy balance we use corresponds to a combination of the ice-covered Boltzman equation source terms
as in Meylan and Masson [2006], with our two adjustable coeﬃcients Cv and Cs scaled by the ice concentration
c, and the open water source terms So scaled by 1 − c,
𝜕F(f , 𝜃)
+Cg ⋅ 𝛁E = (1 − c)So + cCg ×
𝜕t
}
{
2𝜋 [
]
F(f , 𝜃 ′ ) − F(f , 𝜃) d𝜃 ′ − Cv 𝛼v E .
Cs 𝛼s
∫0

(7)

Here Cg is the group velocity vector with a norm Cg . This scaling by the concentration means that the ice
source terms jump from zero in ice-free grid points to their full value in the ice, as the concentration is very
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near 90% for most of the propagation path in the ice. Such a uniform dissipation and scattering is a strong
simpliﬁcation of the real-world conditions, where we expect to have much stronger scattering in the MIZ
compared to within the pack. Nonetheless, this formulation is useful for illustrating the diﬀerent eﬀects that
scattering and dissipation have upon the wave ﬁeld. We note that the redistribution of the scattered energy
in all directions makes the eﬀective attenuation rate due to scattering 𝛼 = (𝜕E∕𝜕t)∕E much smaller than 𝛼s .
Two simulations will be discussed, one dominated by scattering and the other by dissipation. The scattering and dissipation strengths were adjusted to reproduce the maximum value of 2.5 cm wave height
recorded in the ice on 12 February; this is why we deﬁne 𝛼s = 8 × 10−6 m−1 . Without dissipation (Cv = 0)
energy would grow to very large values; thus, the molecular viscous dissipation has been retained in the
scattering-dominated simulation, which is deﬁned by Cv = 1 and Cs = 1. In the absence of scattering, viscous
dissipation had to be increased by a factor of 12 and the dissipation-only simulation is deﬁned by Cv = 12 and
Cs = 0. It corresponds to a spatial attenuation rate for the energy 𝛼 = 1.9 × 10−6 m−1 for a period T = 25 s,
decreasing like T −3.5 .
Figure 2 shows the modeled maps of swell heights and mean directions for the dissipation and scattering
simulations at 18 UTC on 12 February, at a time when the measured waves have a peak period of 25 s at the
tiltmeter.
In Figure 2a, the signiﬁcant swell height is predicted by the dissipation-only scheme, using periods 19 to 28 s,
and in Figure 2c with a narrower range of periods, 24 to 28 s. That latter ﬁgure shows a maximum swell height
around 86∘ N 90∘ E and 78∘ N 80∘ E, associated with the 9 September storm, and the swell maximum that has
not yet entered the ice, centered south of Svalbard, is from the September 10 storm. The reduced swell heights
of the 9 September storm, not more than 3 cm near Tara, are due to the dispersion of the swell ﬁeld and
interaction with the sea ice. When a wider frequency range is used (Figure 2a), frequency dispersion leads to
a broader distribution in the propagation direction.
Figures 2b and 2d show the signiﬁcant swell height at the same time as Figure 2a but modeled using the
scattering attenuation mechanism. In Figure 2d, the 9 February swell peaks can be seen at approximately
83∘ N 10∘ E, and 78∘ N 70∘ E. The incident open water swell propagation was, by deﬁnition, the same in both
cases. Higher open water wave heights in Figures 2b and 2d, compared to Figures 2a and 2c, are due to waves
backscattered from the ice in the open ocean.
The most striking result in Figure 2 is that, at the plotted time, the peak of the swell ﬁeld modeled using the
dissipative mechanism had propagated much farther into the ice than had the scattering-based peak. This
is due to the increased path length that wave energy must follow in the scattering case, with energy being
redirected by multiple scatterers within the pack ice. Thus, the resulting diﬀusion of wave energy in space
is associated with a diﬀusion in time as well. This trapping of waves in the ice is akin to Anderson localization [Anderson, 1958], which was observed for water waves over random bottom topography by Belzons et al.
[1988]. Furthermore, whereas energy reaches Tara via a single narrow beam in the dissipation run, it arrives
from all the ice edges in the scattering run, with very diﬀerent mean paths and arrival directions.
Figure 3 shows time series of signiﬁcant wave height and directional spreading at the Tara experimental
site, for both measured data and modeled results. The sea ice thickness, between 2 and 4 m according to
submarine-based measurements reported by Wadhams et al. [2011], is expected to change the propagation
time by up to 23% for a 20 s period but only 4% for 24 s, which is 1 h for a path of 1500 km. This speedup
induced by the ice is only one third of the diﬀerence between the measured and modeled peak arrival, which
is probably mostly due to model errors in the open ocean between Ireland and Svalbard.
More striking is the diﬀerence in duration of the swell event at the measurement location. The scattering run
shows the wave energy peak arrival on 14 February, 2 days after the measurements, and the energetic event
lasts for 7 days instead of the 2 well-separated events that are seen in the observations and dissipative model.
This diﬀerence between scattering and dissipation is due to the longer propagation path caused by scattering
as the waves bounce many times around the ice pack before being dissipated or propagating away. It is worth
noting that, in the dissipative case, the third-order advection scheme used in the wave model [Tolman, 2002]
is a key element for reproducing the sharp arrival time of such remote swells [Wingeart et al., 2001].
As expected, the directional spread with the scattering mechanism is much wider than that with the dissipative mechanism (Figure 3b). At the swell energy peaks, the observed spreading was narrow, comparable
ARDHUIN ET AL.
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Figure 2. Modeled signiﬁcant swell heights for periods (a, b) larger than 19 s and (c, d) larger than 25 s, using dissipation
(Figures 2a and 2c) and scattering (Figures 2b and 2d). The solid lines mark the 15, 30, and 80% concentration in sea ice.
The star, located at 85.6∘ N and 126.6∘ E marks the position of the tiltmeter near the Tara schooner on 13 February.

to the dissipative model case, and inconsistent with the scattering model. At times outside swell events,
the observed spectra broadened signiﬁcantly, while the dissipative model continued to show narrow spreading. These correspond to extremely small motions, that are likely due to ice movements forced by processes
other than exterior wave motions, possibly the local wind [DiMarco et al., 1991]. Only during strong wave
events is the wave signal stronger than this background geophysical noise.
ARDHUIN ET AL.
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Figure 3. Time series of (a) signiﬁcant wave height and (b) directional spreading measured and modeled at the tiltmeter.
Values are calculated over the frequency band 0.037 to 0.04 Hz. In both panels, black lines are the observations, blue
diamonds are from the dissipation-based model, and red triangles are from the scattering-based model. In Figure 3b we
have highlighted in bold and with symbols the times when the corresponding wave height exceeds 2 mm.

4. Discussion and Conclusion
Waves recorded in the pack ice by Wadhams and Doble [2009] show well-separated swell arrivals with narrow
directional spreading. In this work, we have modeled ocean surface gravity waves across the Arctic ice. This
allowed us to investigate the relative importance of scattering and dissipation for swell attenuation in sea ice.
The model results clearly show that both the timing of the energy arrival and the directional properties of
waves with periods 19 to 30 s recorded in the pack ice are inconsistent with an attenuation dominated by uniform scattering. This ﬁnding is consistent with the general result that scattering is mostly relevant for short
wavelength, in particular, wavelengths comparable with the scales at which the ice thickness varies [e.g.,
Squire et al., 1995]. Calculations not shown here with scattering conﬁned to the marginal ice zone (deﬁned
here as the region with concentration between 0.2 and 0.8) can produce narrower directional spectra, but not
as narrow as with dissipation alone, and they still have a delay of at least 6 h in the timing of the energy peaks
and a long duration. The Wide-Swath SAR images available from Envisat for that event (just west of Svalbard,
on 12 February at 11:23 UTC) show some barely visible modulation at the ice edge from which it is not possible to extract a wave spectrum. However, the part of that image in the water has a visible 600 m wavelength
modulation, corresponding to 20 s waves, which look long crested, similar to such long swells in the water or
the ice in recent Sentinel 1 data (see, e.g., http://bit.ly/1SXO91u or http://bit.ly/1SXNn4F).
We thus conclude that dissipation is the main source of attenuation of these long period swells. We note that,
using an ice thickness transect from a diﬀerent region of the Arctic where ice is likely thicker, Squire et al. [2009]
predicted for T = 25 s, an attenuation of the wave energy due to scattering at a rate 𝛼 = 2.6 × 10−6 m−1 .
ARDHUIN ET AL.
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This is close to the dissipative attenuation required in our model, with a value 𝛼 = 1.9 × 10−6 m−1 . However,
the directional spreading and time history of the wave energy are not compatible with such a uniform scattering in the entire pack ice. Diﬀerences in ice thickness and two- versus one-dimensional treatment of the ice
scattering could be the reasons why the Squire et al. [2009] model does not apply to the case investigated here.
The 2007 ice conditions between the ice edge and the measurement location are not well known, but there
is a nearby submarine transect described in Wadhams et al. [2011] that reveals a large number of 10 m thick
ridges, more than one per kilometer, in spite of a most frequent thickness around 2 m, and a mean thickness
near 4 m at the ice edge.
For periods 20 to 25 s, the constant dissipation rate needed to obtain a reasonable agreement corresponds
to a spatial decay of the energy ranging from 𝛼 ≃ 4 × 10−6 m−1 at T = 20 s, to 𝛼 ≃ 2 × 10−6 m−1 at T = 25 s.
These are 12 times the eﬀect of viscous friction below a smooth ice plate. This elevated dissipation is expected
to be partly due to ﬂoe morphology, with ice ﬂoes known to have complicated keel structures, often exceeding 10 m below the mean ice level [Doble et al., 2011]. Energy loss to turbulent kinetic energy dissipation is
also expected to be important, particularly in the energetic MIZ. There is unfortunately little data available to
parameterize that eﬀect, except for some possibly related laboratory experiments [e.g., Toﬀoli et al., 2015].
Finally, creep is another possible dissipative mechanism. The parameterization proposed in Wadhams [1973]
gives a dissipation rate that scales like the wave height squared and the ice thickness to the ﬁfth power. We use
a value of the Glen ﬂow law parameter consistent with the laboratory experiments of Cole et al. [1998] for cyclic
loading, i.e., their creep constant A = 1011 and a uniform ice temperature of 270 K gives a value of 107 s1∕3
for Wadham’s parameter B. Creep produces a nonlinear dissipation that yields a fast decrease in wave height
near the ice edge, turning into a much slower decay at larger distances, e.g., between 1000 and 1500 km for a
wave period T = 25 s. At the location of Tara, this creep-induced dissipation added to the viscous dissipation
with Cv = 2 yields a maximum wave height of 2.2 cm for an ice thickness of 4 m. This thickness is consistent
with the submarine-based measurements of [Wadhams et al., 2011], making the creep-induced dissipation a
possible explanation for the observed decay.
Future ﬁeld studies and detailed modeling eﬀorts would do well to attempt to resolve these mechanisms,
in order to allow a generalization of the dissipation rate observed here to other wave periods and regions. If
creep eﬀects associated with ice ﬂexing are indeed the main mechanism for wave attenuation, the expected
very strong dependence of the attenuation on the ice thickness may lead to a more widespread penetration
of waves in the Arctic ice as it rapidly thins [Lindsay and Schweiger, 2015], with yet to be determined feedbacks
on the ice and waves.
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