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ABSTRACT

We constructed a new model to study the sensitivity of permafrost carbon stocks to future climate warming. The

one-dimensional model solves an equation for diffusion of heat penetrating from the overlying atmosphere and takes

into account additional in situ heat production by active soil microorganisms. Decomposition of frozen soil organic

matter and produced CO2 and methane fluxes result from an interplay of soil heat conduction and phase transitions,

respiration, methanogenesis and methanotrophy processes. Respiration and methanotrophy consume soil oxygen and

thus can only develop in an aerated top-soil column. In contrast, methanogenesis is not limited by oxygen and can be

sustained within the deep soil, releasing sufficient heat to further thaw in depth the frozen carbon-rich soil organic matter.

Heat production that accompanies decomposition and methanotrophy can be an essential process providing positive

feedback to atmospheric warming through self-sustaining transformation of initially frozen soil carbon into CO2 and

CH4. This supplementary heat becomes crucial, however, only under certain climate conditions. Oxygen limitation to soil

respiration slows down the process, so that the mean flux of carbon released during the phase of intense decomposition

is more than two times less than without oxygen limitation. Taking into account methanogenesis increases the mean

carbon flux by 20%. Part II of this study deals with mobilization of frozen carbon stock in transient climate change

scenarios with more elaborated methane module, which makes it possible to consider more general cases with various

site configurations. Part I (this manuscript) studies mobilization of 400 GtC carbon stock of the Yedoma in response to

a stepwise rapid warming focusing on the role of supplementary heat that is released to the soil during decomposition

of organic matter.

1. Introduction

One of the consequences of the global warming is mobilization

of carbon in the so-called vulnerable terrestrial pools, which can

act as a positive feedback on the global carbon cycle and accel-

erate the rise of CO2 (Cox et al., 2000; Dufresne et al., 2002).

Although there are large uncertainties on the magnitude of these

carbon-climate feedbacks, and on the underlying processes, sev-

eral studies pointed out that the future terrestrial carbon sinks

could be strongly diminished in response to climate change. For

instance, Cramer et al. (2001), Cao and Woodward (1998) us-

ing dynamic vegetation models simulated 21–43% less uptake
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of CO2 by the vegetation under the climate change simulated by

coupled general circulation models with IS92a scenario of at-

mospheric CO2 concentration growth. Coupled global climate-

carbon cycle simulations (Cox et al., 2000; Dufresne et al., 2002)

concluded that tropical ecosystems may absorb less CO2 in the

future, with even (in the study Cox et al., 2000) a ‘dyeback’ of

tropical forest caused by drier conditions, yielding to dramatic

losses of tropical soil carbon to the atmosphere. In all these stud-

ies, a common factor decreasing land storage of carbon is an

anticipated increase in heterotrophic respiration in response to

warming (Fang et al., 2005; Knorr et al., 2005).

High latitudes have long been recognized as a major sensitive

‘hot spot’ of the climate system and of the global carbon cycle

(Serreze et al., 2000). There is ample evidence for recent changes

in Northern high-latitude environments (Serreze et al., 2000).

The average annual temperature in the Arctic has increased by
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VULNERABILITY OF PERMAFROST CARBON TO GLOBAL WARMING 251

about 1 ◦C over the last century, a rate that is approximately

double that of global average temperatures (IPCC, 1998). Snow

cover extent has decreased by about 10% since 1966 (IPCC,

2001). It is widely agreed that such climate changes will con-

tinue during the next century, resulting in large warming rates,

in changes in moisture regime and in surface hydrology. One of

the main consequences of the anticipated climate change at high

latitudes is a significant northward shift of the permafrost re-

gions (Anisimov and Nelson, 1997). Permafrost warming has

been reported in Russia, China, Alaska and western Canada

(Osterkamp et al., 1998). In the course of the future warming

of northern high latitudes, permafrost will continue to retreat

(IPCC, 2001). For instance, a 30–40% increase in the active

layer thickness at most of the permafrost area in the Northern

Hemisphere is predicted by Stendel and Christensen (2002) for

the IPCC SRES A2 climate scenario. Their model, however,

did not include soil freeze–thaw processes. Lawrence and Slater

(2005) found with a fully coupled atmosphere–ocean–land–sea

ice model with full soil freeze–thaw processes that as little as

1.0 million km2 of near-surface permafrost would remain by

2100 under the A2 scenario instead of present-day 10.5 million

km2. The Northern Hemisphere permafrost area was estimated

to decrease by 12–22% for all permafrost types and by 12–34%

for continuous permafrost by the year 2050 (Anisimov and Nel-

son, 1997); these numbers increase to one-third and a half, re-

spectively, by the year 2100 (Demchenko et al., 2001; Poutou

et al., 2004).

Such a large-scale reduction of permafrost areas in the future

has huge implications for the evolution of the carbon balance

of high latitude ecosystems. The depth and duration of seasonal

thaw controls, for instance, the timing of the boreal forests grow-

ing season (Goulden et al., 1998; Zhuang et al., 2003). Frozen

soils in tundra regions are generally rich in carbon, and so, if

thawed, could release CO2 or CH4 back to the atmosphere. Bo-

real ecosystems contain about 25% of the total world soil carbon

pool, or 375 GtC, in the permafrost and the seasonally thawed

soil layer, as peat (Botch and Kobak, 1995) or in late quarternary

loess deposits (Muhs and Bettis, 2003). These estimates take into

account only the carbon in the upper soil meter, but carbon is

sometimes present in even larger quantities below that depth

(Zimov et al., 1997). Tarnocai (1999) estimated that upper soil

Cryosols in Canada presently store 103 GtC and would reduce in

area by about 50% under a 4 ◦C increase in surface temperature,

with the potential to release 50 GtC to the atmosphere. Accord-

ing to Zimov et al. (1997), Zimov (2005) and Zimov et al. (2006),

an amount of 400–500 GtC is stored in the loess deposits of the

Yedoma in northeast Siberia. This is an area of 106 km2 of carbon-

rich loess sediments accumulated during the Pleistocene, only

partly thawed under thermokarst lakes in Holocene and released

to the atmosphere in methane form.

Apart from climate warming-induced emissions through de-

composition of organic matter (OM), methane clathrates is an-

other potential methane source. About 400 Gt of methane are

stored in sediments under permafrost regions. The release of

methane and its subsequent oxidation to carbon dioxide may be

responsible for the observed swings in atmospheric CH4 and CO2

concentrations during glacial times (e.g. MacDonald, 1990).

The rate at which frozen soil carbon can be released back to the

atmosphere is a key-vault variable and has huge uncertainties. If

the losses of frozen carbon are rapid enough to occur during the

coming decades when most of fossil fuel reserves will continue

to be used, one may expect a strong positive feedback on cli-

mate change. Assuming for instance the release of 400 Gt during

the coming century, half of which will get absorbed into the

ocean, would add 50 ppm of CO2 in the atmosphere. This is

similar to the CO2 concentration difference between a fossil fuel

intensive emission scenario and a more environmentally cau-

tious one (IPCC, 2001). On the other hand, if the emissions from

frozen soils are gradual in the future, the excess of CO2 will be

absorbed more steadily by the ocean, preventing any dangerous

levels of climate change to be reached.

We constructed an idealized 1-D soil model to simulate the

fate of frozen carbon in permafrost. The model accounts for heat

and gas transport in the soil column taking as boundary condi-

tions the atmospheric climate at the top and the geothermal flux

at the bottom. The dynamic evolution of the soil temperature,

soil water content, and the active layer depth are calculated with

a time step of 5 d. The model accounts for soil carbon trans-

formation to CO2 and methane driven by temperature if the soil

is thawed. This idealized version of the model does not con-

sider any active vegetation in the upper soil horizon (except for

a moss layer playing the role of a thermal insulator). Therefore,

the system studied is essentially a pile of frozen ‘dead carbon’

subject to changes in atmospheric temperature and precipitation.

This corresponds to Yedoma conditions in the Northeast Siberia

(Zimov et al., 1997; Zimov, 2005; Walter et al., 2006; Zimov

et al., 2006).

The main originality of the model is that it takes into account

the heat released during decomposition of OM by soil microor-

ganisms. This process is important in the assessement of the

vulnerability of frozen carbon in Arctic regions. Additional heat

can act as a trigger to accelerate permafrost thawing This effect

would considerably amplify the losses of CO2 and CH4 to the

atmosphere as compared to the case where the heat supply is

from the atmosphere only. The main question that we address in

this paper is whether the heat released by microorganisms dur-

ing oxic respiration or methanogenesis has the critical potential

to cause an additional thawing of the soil below, and accelerate

the transformation of permafrost carbon. The companion pa-

per (Khvorostyanov et al., 2008) presents some applications of

the model described here, in particular its sensitivity to the key

parameters.

Section 2 describes the processes of heat conduction, freez-

ing/thawing, and hydrology, Section 3 presents soil respiration,

methanogenesis, methanotrophy, and methane ebullition, Sec-

tion 4 describes diffusion and vertical advection of soil gases.

Tellus 60B (2008), 2
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Section 5 describes the model experiments performed to study

the vulnerability of frozen carbon to a stepwise atmospheric

warming signal, with and without heat produced by soil microor-

ganisms. Section 6 presents the results of these experiments. We

examine also the role of oxygen limitation on the rate of decom-

position of OM. Section 7 discusses feedbacks and processes

involved in the soil response to warming, outlines their sensi-

tivity to climate conditions and model parameters. Section 8

concludes about the results.

2. Soil physical processes

The model describes the following processes: (1) Heat con-

duction taking into account soil moisture freezing and thawing

(Poutou et al., 2004); (2) hydrology of the upper meter of the

soil; (3) soil carbon transformation, the latter accomplished by

means of oxic decomposition of soil OM and methanogenesis,

both accompanied by heat generation; (4) methanotrophy; (5)

vertical diffusion of oxygen and methane; (6) vertical transfer of

gases due to pressure differences and (7) methane ebullition.

2.1. Heat conduction

The soil temperature is calculated with a thermal conductivity

equation with heat sources:

c
∂T (z, t)

∂t
= ∂

∂z

[
k
∂T (z, t)

∂z

]
+

∑
i

�i κi fi (T ) C(z, t) (1)

with boundary conditions:

T (z = 0, t) = f (SHB) (2)

∂T (z, t)

∂z
(z = zmax) = fG

k
, (3)

where T(z, t) is the soil temperature; c(z, t) is the soil heat ca-

pacity; k(z, t) is the soil heat conductivity; �i is the specific

heat of OM oxidation, methanogenesis and methanotrophy for

i = 1, 2, 3, respectively; κi f i (T) describes the rate and the tem-

perature dependency of these processes (see Section 3.2); c(z,

t)—soil carbon density; fG is the geothermal heat flux equal to 57

mW m−2, and SHB is the surface heat balance computed by the

boundary layer scheme of the French Laboratory of Dynamical

Meteorology atmospheric general circulation model (LMDz3.3

AGCM). Equation (1) takes into account diffusion of heat, freez-

ing and thawing of soil water, and heat release accompanying

oxic decomposition of dead organic matter (DOM), methano-

genesis and methanotrophy.

Soil temperatures are calculated with a multilevel heat con-

duction scheme. Generally, 100 layers are used, the vertical

discretization being calculated as a geometric series with layer

thickness increasing toward the deeper layers. The depth of the

soil levels has been chosen to fit the results of test simulations

with 1000 equally spaced levels. The total soil depth in the Pleis-

tocene soil configuration is zmax = 12 m. The equilibrium time

scale of the deepest soil layer (that is, the e-folding time of

the deepest layer to adjust to an instantaneous surface climate

change) is about a few decades.

Soil heat capacity and conductivity are variable, depending

on soil water and ice content. Their parametrizations have been

described in detail by Poutou et al. (2004). The upper 20 cm of

the soil are assumed to be a moss layer with a very high porosity

of 0.92. Its summer heat conductivity is up to three to four times

smaller than that in the underlying soil, so this layer serves as a

soil thermo-isolator during the warm season.

The snow cover is taken into account when calculating the

surface heat balance and soil hydrology. A snow layer develops

above the soil during the cold season. Its mass balance depends

on precipitation, evaporation, and melting. The latter depends

on the surface energy balance. Heat conduction is calculated

using the same number of levels as in the soil model. The heat

conductivity of the snow layer is about three to four times smaller

than that in the soil, so that snow serves as a thermal isolator

during the cold season.

2.2. Soil hydrology

Soil humidity is treated by a bucket scheme with a depth of

1 m and a field capacity f = 0.5 m3 water m−3 soil. The usual

value of f is 0.15, but here we use f = 0.5 for compatibility

with the soil porosity value of 0.5 measured for Pleistocene loess

sediments around Cherskii (Romanovsky, 1993). The soil within

the bucket cannot contain more than f m3 of water per m3 of soil.

The volumetric soil water content θ is calculated as a ratio of the

water volume in 1 m3 of soil to f. The same θ value is applied to

all vertical levels within the bucket depth (Poutou et al., 2004).

Below the depth of 5 m, the soil humidity is prescribed. For

the Yedoma, which is extremely rich in ice, we assume θ =
100% when the soil is frozen and 35% when permafrost thaws

(Romanovsky, 1993). Linear interpolation is used to compute

the soil humidity between 1 and 5 m.

3. Soil organic matter decomposition model

3.1. Initial dead organic matter (DOM) stocks in Yedoma

We consider three soil DOM pools called active, slow and pas-

sive. Each pool has different lability expressed in the decom-

position rates κ1,asp (see eqs 1 and 4). The decomposition rate

associated with the slow pool κ1,s is 37 times smaller than that

of the active pool. The passive pool is 1600 times slower than

the active one (Krinner et al., 2005), that is,

κ1,s = κ1,a/37, κ1,p = κ1,a/1600.

During the decomposition of each DOM pool part of the decom-

posed OM is oxidised to CO2, and another part is delivered to

the other two pools. The degradation of OM of the active pool

and transformation of a part into the slow pool depend on the

Tellus 60B (2008), 2



VULNERABILITY OF PERMAFROST CARBON TO GLOBAL WARMING 253

prescribed soil clay content fraction (Krinner et al., 2005) that

depends on the soil type and equals 0.18 for the case considered.

The total soil carbon density C(z, t) is the sum of the three carbon

pools. Initial carbon distribution is 90% in the active pool, 10%

in the slow pool, and 0% in the passive pool. This corresponds to

the distribution of carbon among the soil pools after the decay of

C3 herbaceous vegetation (Krinner et al., 2005), which approx-

imates the ‘mammoth steppe’ present in the region during the

Pleistocene (Zazula et al., 2003). Yedoma soils have been formed

in a quite specific way. Fine-grained loess sediments mixed with

remains of leaves and plant stems were accumulating rapidly

driven by winds and then being buried perennially in the frozen

ground. Therefore this organic matter is old but still highly labile

and thus described primarily by the model’s active carbon pool.

The initial soil carbon density C0 = C|t=0 in the DOM is pre-

scribed the same throughout the whole depth of organic soil. We

neglect the active carbon cycling in the seasonally thawed upper

soil column, associated with the formation of litter, root exuda-

tion and decomposition of recent soil organic matter. In tundra

soils, the rooting depth is rather shallow (Jackson et al., 1996),

and such active carbon cycling concerns only the 20 uppermost

centimetres near the surface. The total carbon mass stored within

the upper soil layer is small compared to organic soil depth of

12 m typical for Pleistocene soils in the Yedoma region. With a

typical NPP of tundra plants of 75 g Cm−2 yr−1, (e.g. Williams

et al., 2000; Stolbovoi and McCallum, 2002), in a version of

our model which includes tundra plants and recent carbon (see

Part II, this issue) we would allocate 38 kgC m−3, or 8 kgC m−2

into the upper ≈20 cm of the soil after 1000 yr of simulation.

The total depth-integrated soil carbon density in a Pleistocene

soil column is about 400 kgC m−2. Hence, all this carbon mass

in the layer of soil carbon input constitutes only 2% of the total

carbon. We also neglect the penetration of newly fixed carbon

into the soil due to pedogenesis, estimated rate of which would

be about 2 mm yr−1 for Pleistocene carbon content of 2% of soil

density and a typical tundra NPP of 75 gC m−2yr−1.

3.2. Organic matter decomposition into CO2

Dead organic matter is decomposed by microorganisms accord-

ing to:

dC(z, t)

dt
= − min

[
κ1 f1(T ) C(z, t),

dCmax

dt

]
− κ2 f2(T ) C(z, t),

(4)

where κi f i (T) is the rate of decomposition depending on tem-

perature with κi [yr−1] being the rate constant and f i (T) a nondi-

mensional temperature dependency function. The i index values

correspond to oxic decomposition of soil organic matter or

methanogenesis at i = 1, 2, respectively. Here dCmax is the mass

of carbon corresponding to that of available oxygen (see below).

The decomposition of DOM is limited by oxygen availability

in each layer. The mass of soil carbon transformed at each time

step dC cannot exceed the maximum mass dCmax that could react

with all the available number of moles of O2:

dCmax = O2νwC/wO2
, (5)

where O2 is the mass of soil oxygen per m3 of air at a given depth,

ν is the soil air content (m3 air/m3 soil), a function of soil humid-

ity and porosity, wC = 12 and wO2
= 32 are molecular masses in

grams of carbon and oxygen, respectively. Equation (5) implies

a 1:1 O2:CO2 ratio in respiration processes, whereas it equals

rather 1.1 according to Keeling et al. (1996) in photosynthetic

assimilates.

Soil respiration increases with temperature. Microbes in the

northern regions can remain active at the subzero temperatures if

the unfrozen moisture is conserved in the soil (Clein and Schimel,

1995). However, this effect is currently neglected. According to

measurements by Chuprynin et al. (2001) for the soil studied

here, f 1(T) can be approximated by a piecewise linear function

that fits certain observed points of reference. The corresponding

function κ1f 1(T) is shown in Fig. 1 by the thick solid curve.

Note that besides the linear increasing function of temper-

ature chosen here, other parametrizations of the temperature

dependency of soil organic matter decomposition are used in

the literature. Among them are the so-called Q10 exponential

relationships, Arrhenius-type functions (e.g. Lloyd and Taylor,

1994), power functions (e.g. Ratkowsky et al., 1982) and the

heat sum concept (e.g. Andrén and Paustian, 1987), the latter

corresponding to Q10 values exponentially decreasing with tem-

perature. A review of those parametrizations, along with their

fitting against measurements data and comparative analysis, is

Fig. 1. Dependence of microbial oxic decomposition rate κ1 f 1(T) on

soil temperature. Other commonly used dependencies are shown for

comparison: exponential Q10 function, Arrhenius-type function, a

two-parameter function proposed by Lloyd and Taylor (1994), and the

function proposed by Ratkowsky et al. (1982).

Tellus 60B (2008), 2



254 D. V. KHVOROSTYANOV ET AL.

presented in (Kaetterer et al., 1998). Figure 1 shows examples

of these parametrizations with parameter values estimated by

Kaetterer et al. (1998) for L-layer substrate in deciduous, forest,

brown earth vegetation/soil. Note that the temperature depen-

dency we use is the only one in Fig. 1 with no respiration below

0 ◦C.

The specific heat �1 released during oxic microbial decom-

position is prescribed to 40 MJ kgC−1 according to Chuprynin

et al. (2001),Hodgman (1960). The exact value of this parameter

for Yedoma soils is unknown. The value we use in this study as

a reference one is the largest of those given by Hodgman (1960)

for organic matter, to illustrate the role of additional heating that

accompanies decomposition of soil organic matter. However, if

one takes the smallest of the values given by Hodgman (1960)

(25 MJ kgC−1), the system’s behaviour remains essentially the

same, with almost the same carbon amount mobilized, as shown

by the sensitivity tests of the companion paper (fig. 7 of Part II).

Soil nutrients can play an important role in decomposition

processes, providing additional feedbacks in the soil response to

atmospheric warming. The sign of the total soil-vegetation sys-

tem response to the warming is controversial (e.g. Waelbroeck

et al., 1997; Mack et al., 2004). Since the current model ver-

sion does not contain interactive vegetation, and we focus on

the decomposition of already accumulated soil carbon stock, we

do not consider explicitly nutrient limitations of decomposition.

However the incubation experiments, which are the basis for

the model parametrizations, already take into account nitrogen

content, since it was present in the analysed samples.

3.3. Methane processes: methanogenesis
and methanotrophy

At low oxygen content, we assume that methanogenesis devel-

ops. Only the most labile litter, that is, the active carbon pool can

be decomposed by methanogenesis. Its temperature dependence

is determined by the same function as that for soil respiration

(f 2(T) = f 1(T)). The rate of methane generation is parametrized

as:

κ2 = κ1

10
e−O2,p/O∗

2 , (6)

where O2,p is oxygen concentration per unit porous volume, O∗
2 is

an e-folding oxygen concentration assumed to be 2 g m−3. This

value is taken from the results of Duval and Goodwin (2000)

where methanogenesis was observed to decrease sharply at dis-

solved oxygen concentrations higher than 2 mg l−1. The factor of

10 corresponds to methanogenesis estimates under anoxic condi-

tions, according to which the rate of methanogenesis is 10 times

lower than that of oxic decomposition of soil organic matter

(Zimov et al., 2004). Methanogenesis specific heat is taken to be

5.5 MJ kgC−1 corresponding to the reaction of methane forma-

tion from glucose:

C6H12O6 → 3CO2 + 3CH4 + 396 kJ, (7)

with heat release of 132 kJ mol−1 CH4 following Schlegel (1992).

Note that in reality there is no single reaction transforming or-

ganic matter into the end products CO2 and CH4, since no mi-

crobial species is able to accomplish this reaction on its own.

Complex organic molecules are consecutively degraded by many

different microbial species in a substrate food chain (Conrad,

1989). Equation (7) shows in particular that one mol CO2 is

produced per mol CH4 during methanogenesis.

When there is enough oxygen to react with methane, generally

in the most aerated upper-soil layers, we assume that methan-

otrophy develops. This process results in a net consumption of

CH4 coming from both the atmosphere and the soil

CH4 + 2O2 → CO2 + 2H2O + 802 kJ.

We use a methanotrophy time constant of 5 d. This yields a sim-

ulated CH4 uptake for mid-latitudes that falls between the val-

ues reported by Price et al. (2003) and Koschorrek and Conrad

(1993), which vary by an order of magnitude. The time constant

does not depend on temperature, but the temperature must be

above 0 ◦C for methanotrophy to occur (Koschorrek and Conrad,

1993; Price et al., 2003). The specific heat released by methan-

otrophy is 50 MJ (kgCH4)−1.

4. Transport of soil gases

4.1. Diffusion of soil oxygen and methane

Since the production of both CO2 and CH4 depend on oxygen

availability in each soil horizon, the processes of oxygen dif-

fusion and transformation are explicitly taken into account in

the model. The prognostic equation for oxygen diffusion has the

form:

εO2

∂O2(z, t)

∂t
= ∂

∂z

[
DO2

∂O2(z, t)

∂z

]
− 1

εO2

wO2

wC

∂C

∂t

∣∣∣∣∣
oxic

− 2
∂CH4

∂t

∣∣∣∣∣
MT

wO2

wCH4

εO2

εCH4

. (8)

Here εO2
and εCH4

are the total oxygen and methane porosities

(e.g. Tans, 1998), respectively, linking the gas concentration per

air volume, which is the model prognostic variable, with that

per soil volume. These quantities take into account both the gas

in the air-filled pores and the gas dissolved in the water-filled

pores. The total oxygen porosity is given by ν + θπs BO2
, where

πs is soil porosity, BO2
is the Bunsen coefficient of oxygen, the

molar density of the dissolved gas in water divided by the molar

density in air, at equilibrium at local temperature and pressure.

It equals 0.038 at normal pressure and 10 ◦C (Hodgman, 1960).

The gas concentration in the water-filled pores equals BO2
O2,

while the concentration per soil volume is εO2
O2. The quantities

∂C
∂t |oxic and ∂CH4

∂t |MT are, respectively, the rates of respiration and

methanotrophy, which consume oxygen. The initial condition of

Tellus 60B (2008), 2



VULNERABILITY OF PERMAFROST CARBON TO GLOBAL WARMING 255

eq. (8) is

O2|t=0 = 266 g m−3 (9)

and the boundary condition is

O2|z=0 = ps

RTs
O2swO2

(10)

defined by atmospheric surface pressure ps , temperature Ts and

a mixing ratio O2s of 20.9%. This boundary condition implies

that the atmosphere is an infinite reservoir of oxygen.

The diffusivity DO2
of oxygen in the soil profile is expressed

in terms of its diffusivity in free air DO2,a and in water DO2,w
as

DO2
= (DO2,aν + DO2,wθπs BO2

)η, (11)

where η is a tortuosity factor assumed to be 2/3 following

Hillel (1980). The free-air oxygen diffusivity DO2,a = 1.596 ×
10−5 m2 s−1 according to Marreto and Mason (1972), and the

diffusivity in water is 1.6 × 10−9 m2 s−1.

A similar equation as eq. (8) is used to describe the diffu-

sion of methane in the soil with boundary and initial conditions

corresponding to the atmospheric CH4 concentration of 9.4 ×
10−4 g m−3 and mixing ratio of 1.7 ppm. The free-air diffusivity

of methane is 1.702 × 10−5 m2 s−1 according to Marreto and

Mason (1972), the diffusivity in water is 2 × 10−9 m2 s−1, and

the Bunsen coefficient BCH4
=0.043 (Wiesenburg and Guinasso,

1979).

4.2. Gas flux due to pressure difference

Methanogenesis, methanotrophy and oxic microbial decompo-

sition (see Section 3.2) can modify the total gas pressure in the

soil. When new molecules of a gas are added to the soil in the

course of a reaction, the partial pressure of the gas is modified

changing the total pressure and thus creating a pressure gradient

in the soil. Consider the following simplified processes:

B → 3CO2 + 3CH4 (12)

CH4 + 2O2 → CO2 + 2H2O (13)

B + O2 → B ′ + CO2. (14)

Here, B and B′ represent (partially decomposed) organic soil

matter molecules. Anoxic microbial decomposition and associ-

ated methanogenesis (reaction 12) will produce six molecules

of gas per reaction; methanotrophy (reaction 13) will consume

two molecules of gas per reaction; oxic decomposition (14) will

not modify the total gas pressure. During these processes, gas

pressure within the soil can therefore change with respect to am-

bient surface pressure. Given the very low dynamic viscosity of

air, one can suppose that any gas pressure difference between

the subsurface pore space and surface air will equilibrate very

rapidly, in less than a day or so, by in- and outflow of gas through

the soil surface. In our model, this process is taken into account

as an immediate gas exchange in case a pressure disequilibrium

occurs. In case of net total gas production (consumption) in soil

layer n, the gas column in layers 1 to n − 1 is shifted upwards

(downwards) to free pore space for the excess gas (occupy the

empty pore space). This procedure is applied successively from

the bottom layer to the top of the soil. Any excess of soil gas

remaining after the top level has equilibrated is lost to the at-

mosphere. Conversely, any deficit of gas in the top soil layers

is replaced by air with ambient atmospheric CH4 and O2 con-

centrations, yielding the corresponding flux of CH4 into the soil.

This procedure avoids adding a pressure gradient term to the

implicit numerical scheme for the gas diffusion equations.

No matter is exchanged at the lowermost boundary of the soil

model. Not taking into account this process can lead to erro-

neously high CH4 partial pressure—in excess of the barometric

surface air pressure—in the lower soil levels during periods of

strong methanogenesis. The methane flux during these periods

sometimes reaches up to a few gCH4 m−2 d−1. The contribution

of the methane flux due to pressure differences to the total CH4

flux is small.

This immediate pressure equilibration also allows to take into

account ventilation of the soil through surface air pressure vari-

ation in time (Sowers et al., 1992). The methane flux variations

caused by synoptic pressure changes (10 mb d−1) are of the order

of 5 mgCH4 m−2 d−1 at πs = 0.5 and soil depth of 10 m.

4.3. Methane ebullition

When methane concentration CH4 exceeds a certain threshold

value CH4,max, bubbles are formed in water-filled pores. The

value CH4,max is assumed to change between 500 and 1000 μM

(8 to 16 mg m−3) corresponding to totally vegetated and unvege-

tated soil, respectively (Walter and Heimann, 2000). We choose

the value of 12 mg m−3 for tundra soil.

The soil water is assumed to be dispersed in the pores forming

‘droplets’ that occupy a number of adjacent soil pores. So one

can consider groups of water-filled pores alternating with groups

of air-filled pores. Once a bubble formed within a group of water-

filled pores meets a group of air-filled pores on its way through a

model layer it escapes from the water and the methane it carries

is left within the layer. The probability that the bubble escapes

from the layer and thus removes methane from it is PN = θN =
θδz/(lη), where θ is the layer humidity, N is the number of groups

of water- and air-filled pores, δz is the layer thickness, l is the

size of water ‘droplets’ dispersed in the soil, that is, of groups of

water-filled pores. The latter is assumed to be the same for the

groups of air-filled pores. Its value is taken equal to 1 cm. The

tortuosity η takes into account the fact that the way of a bubble

in the soil is not a straight line owing to the pores.

So PN times the number of bubbles formed will pass through

the layer transferring PN (CH4 − CH4,max) of methane to the

upper layer. Methane thus removed from the uppermost model

layer forms the ebullition flux.
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Fig. 2. Step forcing experiments. (a) Surface forcing: precipitation (left-hand axis, grey curve) and temperature (right-hand axis, black curve), 10-yr

running means. (b) Depth-integrated soil carbon density: thick and thin lines correspond to decomposition heating ‘On’ and ‘Off’, respectively;

(dotted) no oxygen limitation; (dashed) oxygen limitation, no methane; (solid) oxygen limitation with methane. The three thin lines coincide.

Vertical lines show the time periods zoomed in Fig. 4a–c.

5. Model experiments to test the impact of heat
generation

The model is forced using the data of the Climate Research Unit

of the University of East Anglia (http://www.cru.uea.ac.uk/) on

the surface wind speed, total cloud cover, surface air temperature

(at 2 m) and its amplitude, surface air relative humidity, monthly

precipitation, and number of precipitation days. To obtain the

data corresponding to a climate with double atmospheric CO2

concentration (see below), anomalies of these quantities com-

puted as differences between present-day and 2 × CO2 simu-

lations with LMDz3.3 model have been added to the observed

fields (Poutou et al., 2004). On the basis of this data the ‘weather

generator’ of Jon Foley (personal communication) based on the

model of Richardson and Wright (1984) generates 5-d vari-

ability of temperature, precipitation, wind velocities, etc. These

variables are then used to calculate the surface heat balance in

eq. (2) to force the soil model.

To study an example of the process of decomposition of soil

organic matter in response to future warming we chose a point lo-

cated at 101.5◦E, 59.3◦N in southern central Siberia. (At the same

time the region of interest in terms of realistic assessment of the

CO2 and methane fluxes and their contribution to the global car-

bon balance is the northeastern Siberia containing great amounts

of loess sediments rich in organic carbon accumulated during the

Pleistocene, the so-called Yedoma Ice Complex.) Average or-

ganic soil depth is 12 m, and maximum measured depth attains

80 m in the Yedoma region. Organic carbon density is about

33 kgC m−3, or 2% of the soil density (Zimov et al., 2006).

For this part of the study we are interested to investigate the

conditions of a positive feedback between warming and the soil

response, which are very sensitive to local climate. For the point

selected, the surface temperatures are close to 0 ◦C under the

future equilibrium state corresponding to 2 × CO2 concentra-

tion. As will be shown, at such surface temperatures, the role

of an additional heat release that accompanies organic matter

decomposition is essential for the decomposition to be intense

and self-sustaining. Although organic carbon depth is probably

substantially smaller at this location, we use the same organic

carbon depth as for the Pleistocene soil (12 m) to study the pro-

cesses capable of creating the feedbacks.

To test the possibility of microbial ‘self-heating’ amplifying

the external warming signal by an additional heating that causes

fast decomposition of soil organic matter and methanotrophy, we

studied the soil carbon response to a stepwise warming followed

by return to the original climate conditions. Present-day climate

conditions have been used to initialize the model for the first

1000 yr, then the ‘2 × CO2’ climate forcing was applied for

50 yr followed by normal conditions again during 1000 yr

(Fig. 2a). The reference case includes heat generation from DOM

decomposition, methane processes and oxygen limitation. Two

additional model sensitivity tests are performed. (1) No oxygen

limitation, that is, the soil organic matter is decomposed irre-

spectively of oxygen availability. The methane processes are ne-

glected in this case. (2) The oxygen limitation is included, but no

methane processes occur. For each of the above-mentioned cases

we compare scenarios with and without the ‘self-heating’ process

that accompanies organic matter decomposition and methano-

trophy.

6. Results

6.1. Reference case

Consider first in some detail the reference case, when both

methane processes and decomposition heating are taken into ac-

count. Until about 30 yr after the warming, most of the deep soil

remains frozen and thaws gradually due to diffusion of heat from

the surface (Fig. 3a). The soil organic matter is decomposed in

the top soil (Fig. 3c) due to active layer deepening in response
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Fig. 3. Time evolution of vertical profiles of the main soil parameters when decomposition heat and methane processes are present: (a) soil

temperature; (b) oxygen; (c) carbon density; (d) methanogenesis (positive values) and methanotrophy (negative values) rates; (e) soil respiration rate

and (f) soil methane.

to 2 × CO2 climate. When the soil is frozen, heat conductivity is

high, up to 4 W m−1 K−1, since half of the soil volume is filled

by ice. There is a permanent heat inflow from the oxic decom-

position layers into a progressively deepening active layer. Heat

diffuses into the soil, and temperature rises gradually, almost ho-

mogeneously, below the active layer in the upper few soil meters.

As soon as permafrost thaws, soil respiration immediately starts

heating the soil and accelerates permafrost thawing. By the year

1030 soil temperatures are close to zero in the upper few soil

meters. The heat released by respiration in summer is sufficient

to prevent winter freezing. Starting from winter 1033 a layer

that does not freeze in winter, a so-called talik forms in the soil

(Fig. 4a) and deepens during following years. Consequently, in-

tense respiration of more than 5 gC m−3 d−1 occurs between

2 and 4.5 m (Fig. 3e). The decomposition then continues and

accelerates in depth (Fig. 3c and e). Below 4 m, respiration be-

comes limited by available oxygen (Fig. 3b), triggering intense

methanogenesis below 6.5 m attaining its maximum by year 1050

with values of more than 1.1 gC m−3 d−1 below 11 m and adding

supplementary heat (Fig. 3d). Methane concentration reaches up

to 50 gCH4 m−3 there (Fig. 3f). Part of the methane escapes from

the soil being transformed to CO2 by methanotrophy (Fig. 3d).

Soil being warmed up by decomposition supplementary heat, re-

sulting soil temperature attains up to 40 ◦C (Fig. 3a). Decomposi-

tion and related fluxes remain intense until most of soil carbon is

transformed. By the year 1160, carbon density is between 3 and

6 kgC m−3, or about 15% of initial carbon density. As our sen-

sitivity tests have shown (see Part II), both methanogenesis and

respiration are rather sensitive to the carbon content. So when it

becomes low, respiration does not exceed 0.5 gC m−3 d−1, and
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Fig. 4. Soil temperature plots showing talik formation (a, c) and permafrost restoring (b, d) with (a, b) and without (c, d) decomposition heat.

Contour interval is 4 ◦C. Soil carbon density (e) and soil respiration rate (f) without decomposition heat. Note that the time and depth scales are

different between (a–d) and (e–f).

methanogenesis has returned to zero. Soil heating is weakened

through attenuation of soil organic matter decomposition pro-

cesses, and the soil freezes again (Fig. 4b) due to diffusion of

cold from the surface. The freezing is later accelerated by in-

creased heat conductivity of the frozen ice-rich soil. When there

is no decomposition heating, active layer deepens with respect to

the present-day climate forcing, but heat diffusion from the sur-

face alone is not enough to thaw the permafrost, trigger deep-soil

respiration and carbon mobilization (Fig. 4c–f).

Figure 2b shows the depth-integrated soil carbon as a func-

tion of time for the selected period after the warming for

the six sensitivity cases described in Section 5. In all three

cases, there is a major difference between the scenarios with

and without ‘self-heating’. When the latter is taken into ac-

count, organic matter decomposition continues after warming

terminates and reaches equilibrium some time later in the first

phase. Before the intense decomposition starts, some time is

required until the soil is warmed up and ready for deep respi-

ration. With no microbial heating decomposition stops shortly

after the warming. Decomposition patterns are identical for the

three cases (Fig. 2b). This illustrates that decomposition ‘self-

heating’ is an essential process to account for, capable of foster-

ing a self-sustainable mobilization of soil carbon under certain

circumstances.
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Fig. 5. Soil temperature, carbon and respiration without oxygen limitation (a, c and e) and with oxygen limitation but no methane (b, d and f) with

microbial heating present. Soil respiration rate in Fig. 5e attains up to 12 gC m−3 d−1.

6.2. No oxygen limitation

This case is displayed by dashed lines in Fig. 2b. When micro-

bial heating is ‘On’, about 70% of soil carbon existing ≈30 yr

after warming is ‘burnt’ in 75 yr (Fig. 2b), as soon as the soil is

heated enough to allow very intense deep-soil respiration with

rates of up to 12 kgC m−3 d−1 just after year 1030 (Fig. 5e). About

227 kgC m−2 are thus decomposed which gives an average car-

bon flux of 3 kgC m−2 yr−1 during these 75 yr. Below the active

layer carbon density drops by about 22 kgC m−3 on average by

year 1105 (Fig. 5c).

The highest temperatures of more than 40 ◦C are reached in

the case with no oxygen limitation when decomposition heat is

present (cf. Figs. 3a, 5a and b). The great warming signal in

the deep soil results from very strong respiratory heat release.

The highest temperatures are observed in the lower part of the

soil where the heat is accumulated, rather than at the location of

the strongest soil respiration about 2.5 m depth (Fig. 5a). This

can be explained by the proximity of the layer of winter freez-

ing. Decomposition of soil organic matter continues till about

year 1140, when the soil carbon reaches an equilibrium value of

90 kgC m−2.

In the absence of microbial heating decomposition stops as

soon as the present-day climate forcing is restored. Soil organic

matter is decomposed due to active layer deepening only, similar

to the case shown in Fig. 4c, f. The soil remains perennially

frozen below 2 m depth. During 100 yr after the warming onset,

only 3% of depth-integrated soil carbon has been transformed to

CO2 and CH4 versus 70% in the scenario with microbial heating

‘On’.
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6.3. Impact of oxygen limitation

Oxygen limitation inhibits organic matter decomposition (cf.

Fig. 5 left- and right-hand panels). Maximum soil temperature

attains 26 ◦C versus more than 40 ◦C without oxygen limita-

tion. Maximum soil respiration rate approaches 5 kgC m−3 d−1

versus more than 12 kgC m−3 d−1. Approximate soil carbon

equilibrium is attained about 100 yr later than without oxygen

limitation. The mean carbon flux between year 1030, when deep-

soil respiration starts, and 1240, when approximate equilibrium

is reached, is about 1.3 kgC m−2 yr−1 or more than two times

less than without O2 limitation. The total amount of soil carbon

transformed into gases since the rapid warming onset is how-

ever slightly greater: 272 versus 261 kgC m−2. Probably this is

because less heat is lost by the soil due to high vertical temper-

ature gradients during the more moderate soil warming in the

presence of oxygen limitation. Soil respiration is now very in-

tense only within a narrow range of depths: between 2 and 3 m,

where there is not only much carbon, but also enough oxygen.

Respiration decreases with depth, alongside with O2 availability

(Fig. 5f). Permafrost conditions are restored back quickly after

the elevated respiration period is over.

6.4. Impact of methane processes

When methane processes are taken into account, the total amount

of soil carbon decreases by the same value as in the case without

methane processes, but the decomposition is faster, since intense

methanogenesis accelerates soil carbon loss. Approximate equi-

librium is reached by the year 1200, about 40 yr earlier than

in the case with no methane processes. The mean carbon flux

during 1030 and 1200 is 1.5 kgC m−2 yr−1, or 1.2 times larger

than without methane processes but yet two times smaller than

without O2 limitation.

Deep soil respiration patterns are quite similar with and with-

out methane processes (compare Figs. 3e and 5f). Soil temper-

atures are a few degrees warmer from 1030 to 1200 below the

active layer (about 2 m), when methane processes are included.

Where O2 concentration is sufficiently low below 6.5 m, respira-

tion weakens, and methanogenesis starts. This process decreases

soil carbon amount and allows to release more heat into the soil

(Fig. 3d). As a result, the soil is warmed up faster and deeper

than in the absence of methane processes. Like in the other two

cases with ‘self-heating’, the decomposition of organic matter

continues even after the surface conditions are restored, until

there is too little carbon to feed the process. Methanogenesis,

once started, maintains itself due to the heat it releases and is

not limited by oxygen. The positive feedback on frozen carbon

mobilization can thus be activated. Carbon availability and dif-

fusion of cold from the surface are the limiting factors to this

feedback.

7. Discussion and role of decomposition heat
generation

In the absence of heat generation, the curves showing the depth-

integrated carbon content in Fig. 2b coincide for all the three

cases. The temperature evolutions are also identical (not shown).

The active layer deepens from 1 to 2 m only, and the mean

deep soil temperature rises from about −6 to −1 ◦C during the

warming. Then colder temperatures restore within a few decades

after the warming terminates. If the same forcing is prolongated

beyond the 50 yr, the mean soil temperature below 2 m comes

to an equilibrium of −0.5 ◦C by the year 1300, and permafrost

would not thaw for at least next 1000 yr. The heat diffusion from

the surface alone during the 2 × CO2 warming is therefore not

strong enough to thaw the permafrost and to start intense deep-

soil respiration and methanogenesis. Therefore, the soil carbon

and temperature evolution are almost identical in the three cases

without decomposition heating.

In summary, taking into account microbial heating is essential

to trigger a positive feedback between soil warming and decom-

position of organic matter. Availability of oxygen and processes

involving methane are also important in controlling the system’s

behaviour, time evolution and carbon losses.

However, the system’s behaviour is also determined to a large

extent by local climate and soil conditions, the geographical point

in our case. The feedback would not start in sufficiently cold con-

ditions, while all the soil organic matter would be decomposed

rapidly even in the absence of microbial heating in sufficiently

warmer conditions. Depending on the latitude, it is possible to

decompose either most of the soil organic matter at present-day

climate conditions (southwestern regions of Siberia) or, in con-

trary, less than half of the initial carbon content even after the

2 × CO2 climate warming (northeastern regions). The absence

of methanogenesis and intense deep-soil respiration is typical

of colder climates, where the decrease in soil carbon density

will take place only via active layer deepening in response to a

warmer climate. The choice of a geographical point (Section 5) to

the southwest of Yedoma location is equivalent in this context to

forcing the model with a warmer climate than that corresponding

to 2 × CO2 scenario. For instance, an additional surface temper-

ature anomaly of about 4.5 ◦C would be required to trigger the

irreversible carbon mobilization in the area of Yakutsk (130◦E,

62◦N) at the western branch of Yedoma. (Annual mean surface

air temperature changes by about 5 ◦C between present-day cli-

mate and 2 × CO2 forcing.)

The sensitivity tests performed for our model (see Part II for

more details) indicate that simulated mobilization of soil carbon

is also highly sensitive to initial carbon density, soil heat conduc-

tivity, soil respiration specific heat, soil porosity and moss layer

porosity. The dependencies of soil carbon transformation on the

parameters that control soil heating, freezing and respiration are

characterized by rapid increase or decrease in the vicinity of a
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Fig. 6. Scheme of the interactions between atmospheric warming and

permafrost processes.

certain threshold value. This corresponds to large variations in

accumulated value of methane flux that is almost zero on the

lower side of the threshold.

Figure 6 describes schematically the mechanism of the per-

mafrost carbon transformation feedback. Atmospheric warming

leads to an initial soil temperature rise due to heat diffusion.

When permafrost thaws, respiration starts producing additional

heat and thus further increases soil temperature. The higher the

soil temperature the stronger the decomposition and more CO2

emitted to the atmosphere. Respiration consumes soil oxygen at

the same time and slows down in the lack of oxygen. When soil

oxygen becomes limiting (see eq. 4), methanogenesis starts, pro-

ducing methane flux, contributing to CO2 flux, and additional,

although smaller, soil heating. A large part of methane gets trans-

formed though into CO2 by methanotrophy in the upper soil

layers.

8. Concluding remarks

We developed a physical model to study the processes related to

the permafrost carbon cycle, its sensitivity to climate warming,

and soil carbon losses to the atmosphere in the form of CO2 or

methane.

One can identify three main stages in the decomposition of

soil organic matter, according to the rate and the processes

involved. Organic matter is first decomposed more gradually

due to active layer deepening caused by heat diffusion from

the surface and additional soil heating that accompanies respi-

ration. Then, when the soil temperatures are close to zero in

the upper soil meters, and the respiration heat released in sum-

mer is high enough to prevent winter freezing, intense respi-

ration starts. Decomposition continues from the depth as well

and accelerates. When oxygen is consumed by respiration, and

the latter cannot proceed strongly enough, intense methano-

genesis can occur, where permafrost is thawed, contributing

to rapid decomposition. Finally, when soil carbon density in

the deep soil becomes low, the decomposition slows down

again.

A self-sustaining positive feedback between the warming and

respiration of soil organic matter can occur under certain condi-

tions. The heat release accompanying microbial decomposition

can help thaw permafrost and thus liberate more soil for further

decomposition. This heat release can be sufficient to sustain the

process when the external forcing is terminated.

The existence of this feedback and its parameters are sensi-

tive to local climate conditions, availability of oxygen, methano-

genesis and methanotrophy. It does not occur in sufficiently

cold surface temperatures, while most of the soil organic matter

is decomposed rapidly even in the absence of microbial heat-

ing in sufficiently warmer climate. The oxygen limitation in-

hibits decomposition of soil organic matter being a restricting

force for the feedback in the absence of methane. Methano-

genesis accelerates self-sustaining permafrost thawing and de-

composition of soil organic matter, when external forcing is

terminated.

The long-term simulations of this work have been performed

for a location in Siberia (101.5◦E, 59.3◦N) with a sufficiently

warm climate in comparison with most of the Northeast Siberia

rich in Pleistocene loess sediments. At the same time the organic

carbon depth of 12 m typical for the mentioned region and used

in this study appears to be too large value for the given location.

These parameters have been used to show the processes that can

be important for soil carbon mobilization and release and their

interaction to form a positive feedback loop. However realistic

estimation of carbon fluxes from Arctic soils requires a proper

knowledge of initial carbon density, hydrological parameters, net

primary productivity, etc., for the particular region. At the same

time various scenarios of climate change would be feasible to

apply to force the model in order to obtain the range of possible

CO2 and methane flux estimates.
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10. Appendix: List of equation symbols

T Soil temperature, K (1–3, 10)a

k Soil heat conductivity, W m−1 K−1 (1, 3)

c Soil heat capacity, J m−3 K−1 (1)

C Soil carbon density, kg m−3 (1, 4)

C0 Initial soil carbon density, kg m−3 (text after 4)

Cmax Soil carbon mass corresponding to that of available oxygen, kg m−3 (4)

κi , i = 1, 2, 3 Respiration, methanogenesis, methanotrophy rate, yr−1 (1, 4, 6)

�i , i = 1, 2, 3 Respiration, methanogenesis, methanotrophy specific heat, J kgC−1 (1)

fi (T), i = 1, 2, 3 Respiration, methanogenesis, methanotrophy temperature dependency function (1, 4)

fG Geothermal heat flux, W m−2 (3), 57 × 10−3b

θ Soil humidity (11)

θi Humidity of frozen deep soil, 0.99

θw Humidity of thawed deep soil, 0.35

πs Soil porosity (11)

πm Moss layer porosity, 0.92

O2 O2 concentration per unit of air volume, g m−3 (8, 9, 10)

O2,p O2 concentration per unit of porous volume, g m−3 (6)

O∗
2 O2 e-folding concentration for methanogenesis, g m−3 (6), 2

O2s O2 mixing ratio, % (10), 20

ps Surface pressure, Pa (10)

Ts Surface temperature, K (10)

R Universal gas constant, J mol−1 K−1 (10), 8.314

CH4 CH4 concentration per unit of air volume, g m−3 (8)

εO2 total oxygen porosity (8)

εCH4 Total methane porosity (8)

ν Soil air content, [m3 air/m3 soil] (5)

wC Molecular mass of carbon, g (5, 8), 12

wO2 Molecular mass of oxygen, g (5, 8), 32

wCH4 Molecular mass of methane, g (8), 16

DO2 Oxygen diffusivity, m2 s−1 (8, 11)

DO2,a Free-air oxygen diffusivity, m2 s−1 (11), 1.596 × 10−5

DO2,w
Oxygen diffusivity in water, m2 s−1 (11), 1.6 × 10−9

BO2 Bunsen coefficient of oxygen (text after 8), 0.038

BCH4 Bunsen coefficient of methane (text after 11), 0.043

η Soil turtuosity (11), 2/3

aNumbers in square brackets refer to equations in the text in which the variable is used.
bThese numbers show, where relevant, reference values of model parameters.
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